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ABSTRACT

An updated version of the spectral (bin) microphysics cloud model developed at the Hebrew University of
Jerusalem [the Hebrew University Cloud Model (HUCM)] is described. The model microphysics is based on
the solution of the equation system for size distribution functions of cloud hydrometeors of seven types (water
drops, plate-, columnar-, and branch-like ice crystals, aggregates, graupel, and hail/frozen drops) as well as for
the size distribution function of aerosol particles playing the role of cloud condensational nuclei (CCN). Each
size distribution function contains 33 mass bins.

The conditions allowing numerical reproduction of a narrow droplet spectrum up to the level of homogeneous
freezing in deep convective clouds developed in smoky air are discussed and illustrated using as an example
Rosenfeld and Woodley’s case of deep Texas clouds.

The effects of breakup on precipitation are illustrated by the use of a new collisional breakup scheme. Variation
of the microphysical structure of a melting layer is illustrated by using the novel melting procedure.

It is shown that an increase in the aerosol concentration leads to a decrease in precipitation from single clouds
both under continental and maritime conditions. To provide similar precipitation, a cloud developed in smoky
air should have a higher top height. The mechanisms are discussed through which aerosols decrease precipitation
efficiency. It is shown that aerosols affect the vertical profile of the convective heating caused by latent heat
release.

1. Introduction

Cloud–aerosol interaction is increasingly recognized
as one of the key factors influencing the microphysical
structure of clouds and precipitation regimes on local,
meso-, and even global scales. The size and concentra-
tion of nucleated droplets depend on the concentration
and size of aerosol particles (APs), serving as cloud
condensation nuclei (CCN). Kaufman and Nakajima
(1993) found a significant decrease in droplet size (from
15 to 9 mm) accompanied by an increase in drop con-
centration in continental clouds over the Amazon smoky
area. Maritinsson et al. (1999) observed a significant
increase in concentration (up to 2000 cm23), together
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with a substantial reduction of the effective droplet ra-
dius in polluted orographic clouds over a mountain
ridge. The effects of aerosols on the droplet spectrum
width have been presented recently by Andreae et al.
(2003) in more detail.

The impact of aerosols on the rainfall is, supposedly,
one of the most important issues of anthropogenic cli-
mate change (e.g., Hobbs 1993). Recent observations
made with the Tropical Rainfall Measuring Mission
(TRMM) satellite data demonstrated that the smoke
from burning vegetation can practically shut off warm
rain formation in tropical clouds (Rosenfeld 1999). Ro-
senfeld and Woodley (1999) observed that in polluted
areas over Thailand and Indonesia, smoky clouds do not
precipitate at all because of the narrow spectra of small
droplets. At the same time, similar clouds begin pre-
cipitating in clear air in 20–25 min after their formation.
A decrease in precipitation in urban areas was reported
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(Rosenfeld 2000). It is well known that continental and
maritime clouds differ both microphysically and dy-
namically. The question arises—to what extent is this
difference related to the properties of APs over oceans
and continents?

Note that the reduction of warm rain production rate
in cumulus clouds growing in smoky air does not mean
that the accumulated precipitation will automatically de-
crease too. A decrease in warm rain production may,
for instance, result in an increase in precipitation formed
by cloud ice melting. Recall in this connection that,
according to the glaciogenic cloud seeding hypothesis,
additional ice production results in a higher total pre-
cipitation amount, owing to a more effective diffusion
growth of cloud ice, compared to water drops.

One of potentially efficient methods to investigate
aerosol effects on precipitation formation is the utili-
zation of advanced spectral bin microphysical (SBM)
cloud models. Many SBM models are warm rain models
(e.g., Clark 1973, 1976; Kogan 1991; Stevens et al.
1996; Pinsky and Khain 2002). Several SBM models
use one size distribution function to describe cloud ice
(e.g., Khvorostyanov et al. 1989; Hall 1980; Khain et
al. 1993; Ovtchinnikov and Kogan 2000). In this ap-
proach, the categories with the smallest masses are in-
terpreted as ice crystals, while larger ice particles are
usually considered as graupel. There are only a few
models of mixed-phase clouds with a detailed descrip-
tion of cloud ice. These models have several size dis-
tribution functions for different types of cloud ice (Tak-
ahashi 1976; Khain et al. 1996, 1999, 2000; Reisin et
al. 1996a,b; Levin et al. 1998; Yin et al. 2000a,b; Ras-
mussen et al. 2002). These mixed-phase cloud micro-
physical models have a high potential to provide more
accurate simulations of precipitation formation and sim-
ulations of cloud–aerosol interactions than those models
with simplier ice schemes.

Advanced SBM schemes include the budget of at-
mospheric aerosols (e.g., Flossman et al. 1985; Kogan
1991; Khain and Sednev 1996; Khain et al. 1999, 2000;
Yin et al. 2000a,b). The APs are described by a special
size distribution that changes as a result of advection
and activation (droplet nucleation). The values of su-
persaturation are used to determine the sizes of APs to
be activated and the corresponding sizes of newly nu-
cleated cloud droplets.

The spectral (bin) microphysical cloud models were
successfully used for the investigation of separate mi-
crophysical processes (e.g., Takahashi 1976; Tzivion et
al. 1989; Reisin et al. 1996b; Ovtchinnikov and Kogan
2000; Ovtchinnikov et al. 2000), effects of cloud mi-
crophysics on spatial redistribution of precipitation in
the coastal zones (e.g., Khain et al. 1993; Khain and
Sednev 1996), simulation of stratiform clouds and their
radiative effects (e.g., Liu and Kogan 1998; Rasmussen
et al. 2002), simulation of cloud seeding (e.g., Khvo-
rostyanov et al. 1989; Reisin et al. 1996c; Yin et al.

2000b), and cloud chemistry (e.g., Flossman et al.
1985), etc.

At the same time, the number of studies in which
SBM models are used for the investigation of aerosol
effects on precipitation from mixed-phase clouds is
quite limited. Yin et al. (2000b) studied the role of giant
CCN on precipitation. A decrease in the rate of warm
rain production in deep cumulus clouds with an increase
in the CCN concentration has been clearly demonstrated
by Khain et al. (1999) using the SBM Hebrew Univer-
sity Cloud Model (HUCM). A substantial improvement
in the understanding of many aspects of microphysics,
as well as in the formulation of mathematical micro-
physical algorithms, has been attained in the last few
years. Khain et al. (2001b) reported the first results of
simulation of the microphysical structure of deep grow-
ing Texas convective clouds (Rosenfeld and Woodley
2000).

Note that because of computer limitations most
mixed-phase SBM models are two-dimensional. Three-
dimensional SBM models are either warm rain micro-
physical models or contain only one size distribution of
description of wide variability of cloud ice. Besides, the
computational region used in these 3D models allows
simulations of only single clouds. A novel 3D SBM
mesoscale model has been recently developed by the
implementation of the updated HUCM microphysics
into the fifth-generation Pennsylvania State University–
National Center for Atmospheric Research (PSU–
NCAR) Mesoscale Model (MM5) dynamical framework
(Lynn et al. 2005a,b). Simulations of a rain event over
Florida accompanied by a squall line formation showed
that the new model drastically improved the precision
in the reproduction of the precipitation rate and amount.
The updated version of the spectral microphysics used
in the 3D SBM mesoscale model differs substantially
from that described by Khain and Sednev (1996).

The structure of Part I of this study is the following:
We describe the microphysical scheme in section 2, fo-
cusing on the new implementations. The results of sev-
eral sensitivity experiments are discussed (section 3),
then we illustrate some approaches allowing the repro-
duction of narrow droplet spectra in deep continental
convective clouds up to levels as high as 9.5 km. Section
4 presents different examples of aerosol effects on cloud
microphysics and thermodynamics to be investigated in
more detail in successive studies, and the mechanism
through which atmospheric aerosols decrease precipi-
tation efficiency is described. Section 5 provides a sum-
mary of Part I.

2. The model description

Some elements of the HUCM dynamics and micro-
physics are described in Khain and Sednev (1996) and
are briefly summarized below. New improvements are
described in more detail. The model is two-dimensional
and nonhydrostatic; the equations for the velocity com-
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FIG. 1. Bulk densities of different hydrometeors as the function of
their melted radii.

FIG. 2. Terminal fall velocities of different hydrometeors as the
function of their melted radii.

ponents u and w, as well as the continuity equation,
were reduced to the equations for the vorticity and the
streamfunction. Thermodynamic equations include the
equation for the potential temperature u and the water
vapor–dry air mixing ratio q.

a. Size distributions of atmospheric particles

The model microphysics is based on solving an equa-
tion system for size (number) distribution functions
f i(x, m, t) (i 5 1, water drops; 2–4, ice crystals; 5,
aggregates; 6, graupel; 7, frozen drops/hail; and 8, CCN)
represented by 33 mass doubling categories (bins). Co-
lumnar, plate-like, and dendrite crystals are chosen to
represent a variety of ice crystal types. Characteristics
of these ice crystals (mass, the diameter-to-thickness
ratio or the diameter-to-length ratio, and bulk density)
are taken mainly from Magono and Lee (1966) and
Pruppacher and Klett (1997). Dependencies of the bulk
densities of cloud hydrometers used in the HUCM on
their melted radii are shown in Fig. 1. The fall velocities
of water drops and graupel are calculated following
Beard (1976) and Khain et al. (2001a), respectively. The
dependencies of the terminal velocities of ice crystals
and snowflakes on their size, taken mainly from Prup-
pacher and Klett (1997), are valid within certain ranges
of particle sizes. To provide reasonable values beyond
these ranges, we properly extrapolated the fall velocities
for small ice crystals. The applied dependencies of hy-
drometeors’ fall velocities at the 1000-mb level on melt-
ed radii are presented in Fig. 2. We believe that the
ranges of both bulk densities and terminal velocities
used are wide enough to represent the essential varia-
tions of ice in clouds.

The mass grids used for hydrometeors of all types
are similar. This simplifies the calculation of interaction
between hydrometeors of different bulk densities. In the
current model version, the maximum mass of dry aero-

sol particles (CCN) corresponds to the mass of the
smallest 2-mm-radius droplets. The size distribution
function f ik of a kth mass category is described as fol-
lows:

] f ]uf ](w 2 V ) fik ik tik ik1 1
]t ]x ]z

] f ] f ] f ] fik ik ik ik5 1 1 11 2 1 2 1 2 1 2]t ]t ]t ]t
nucl c/e d/s col

] f ] fik ik1 1 , (1)1 2 1 2]t ]t
f/m break

where Vtik is the terminal velocity of hydrometeors of
type i belonging to the kth mass bin, the terms on the
right-hand side represent the rates of the size distribution
function change due to nucleation, condensation/evap-
oration of drops, deposition/sublimation of ice particles,
collisions, freezing/melting, and breakup, respectively.

Advection of size distributions and other variables,
as well as freezing/melting and collisions, are calculated
with a ‘‘dynamical’’ time step Dtdyn (usually 5–10 s).
Nucleation of droplets and ice crystals is calculated us-
ing time step Dtnucl, which is several times smaller than
the dynamical time step. Diffusion growth/evaporation
of droplets and ice particles is calculated using the var-
iable microphysical time step Dtdiff , whose magnitude
is calculated as discussed below. The time steps are
chosen so that their further decrease does not lead to
any significant change of the results.

b. Nucleation of droplets and ice particles

For the calculation of the initial (at t 5 0) CCN size
distribution, an empirical dependence N(Sw) is used,
where Sw is the supersaturation with respect to water.
In particular, the dependence in the form
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kN 5 N So w (2)

can be used (Pruppacher and Klett 1997). In (2), No and
k are measured constants. We use different magnitudes
of No and k within different ranges of supersaturations
(or the ranges of CCN size). The procedure of the cal-
culation of size of nucleated droplets is described by
Khain et al. (2000). At t . 0, the prognostic equation
(1) for nonactivated CCN size distribution is solved. At
each time step a value of Sw is calculated in all grid
points. Using the value of Sw, a critical CCN radius is
calculated according to the Kohler theory. CCNs with
radii exceeding the critical value are activated (new
droplets are nucleated). Corresponding bins of the CCN
size distributions become empty. As a result of droplet
nucleation, the concentration of aerosols (CCN) in the
convective zone decreases.

Nucleation of ice crystals is described following the
formula presented by Meyers et al. (1992) relating the
number concentration of deposition and condensation-
freezing ice nuclei (IN), Nd, to supersaturation with re-
spect to ice, Sice,

N 5 N exp(a 1 b S ),d do d d ice (3)

where Ndo 5 1023 m23, ad 5 20.639, and bd 5 12.96.
Nucleation is prevented for temperatures warmer than
258C. In case Sice . 25%, it is assumed equal to 25%,
as concerns the utilization of (3). Formula (3) actually
provides the distribution of a number of active IN with
respect to supersaturation Sice. The number of newly
activated ice crystals at each time step in a certain grid
point, dNd, is calculated as follows:

b N dS , if dS . 0d d ice icedN 5 (4)d 50, if dS , 0,ice

where dSice 5 []Sice/]t 1 u(]Sice/]x) 1 w(]Sice/]z)]dt.
We believe that this semi-Lagrangian approach ex-

pressed by (4) is a natural physical approach, corre-
sponding to the logic of the physical process. According
to Takahashi et al. (1991), the temperature-dependent
nucleation proceeds as follows: plate-like crystals form
at 28 . Tc $ 2148C and 218 . Tc $ 222.48C,
columnar crystals arise at 24 . Tc $ 288C, Tc ,
222.48C, and dendrites (branch-type crystals) form at
214 . Tc $ 2188C.

Secondary ice crystal production is treated according
to the results of Hallett and Mossop (1974) and Mossop
and Hallett (1974). At 258C, one splinter (an ice crystal
of the smallest resolvable size) is created per 200 drop-
lets, with the diameter over 24 mm collected by riming
graupel or hail. This maximum splinter production rate
decreases toward the ends of the temperature range,
which are set at 238 and 288C, respectively. The splin-
ters are assigned to plate-type ice crystals with the den-
sity of 0.9 g cm23.

c. Immersion freezing

Immersion freezing is parameterized by using the sin-
gular hypothesis (Vali 1994), according to which the
number of frozen drops does not change with time for
a given supercooling. It is assumed that immersion nu-
clei are distributed homogeneously throughout liquid
cloud water and that their activity increases when the
temperature decreases. Following Ovtchinnikov and
Kogan (2000), we use the temperature dependence of
immersion nuclei given by Vali (1975):

gN 5 N (20.1 T ) ,im imo c (5)

where Nim is the number of active immersion nuclei per
unit volume of liquid water, Nim 5 107 m23, and g 5
4.4 for cumulus clouds. The number of activated im-
mersion IN per unit volume of a cloud parcel when its
temperature decreases by dTc is calculated as dNim 5
2102g Nimog dTc, where dTc is calculated similar tog21T c

dSice in (4). Assuming that activation of only one im-
mersion IN within a drop is enough to freeze it, we
redistributed the number of activated IN between mass
categories. The change of drop size distribution function
f 1k of the kth mass category by immersion freezing is
expressed as

4
3(df ) 5 2 pr f dN . (6)1k freez k 1k im3

Frozen droplets with the radii under 100 mm are as-
signed to plate crystals (whose density is 0.9 g cm23).
Larger droplets are assigned to hail/frozen drops par-
ticles.

d. Melting procedure

A new melting procedure has been implemented in
the HUCM, by extending the scheme applied by Phillips
et al. (2003). The procedure takes into account processes
of diffusion of heat into the melting particles and the
modification of the terminal velocity of particles during
melting, as well as the shedding of water in case the
mass of water exceeds a certain threshold. In this pro-
cedure, the representation of melting is based partly on
the models by Rasmussen et al. (1984a) and Rasmussen
and Heymsfield (1987) for graupel/hail and by Mitra et
al. (1990) for crystals/snow. The fundamental concept
in this procedure is that meltwater initially accumulates
in the interior of the ice particle, soaking up air spaces
(except for particles with a bulk density . 910 kg m23).
When all air spaces are filled up, meltwater begins to
accumulate on the exterior of the particle. Shedding of
raindrops occurs when the meltwater mass on the ex-
terior of the particle exceeds a critical equilibrium value
that depends on the mass of the ice particle. Shed drops
have a size that is dependent on the Reynolds number
(Rasmussen et al. 1984b). The heat budget of the particle
determines its melting rate and includes diffusion of heat
and (vapor) mass to and from the particle, with latent
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cooling from evaporation of meltwater. For Reynolds
numbers , 3000, circulation of the meltwater is as-
sumed to occur, and the ice core is embedded in a spher-
ical shell of meltwater. At higher Reynolds numbers,
circulation of meltwater does not occur due to the oblate
shape of the particle (Mason 1956). For the largest hail
(Reynolds numbers . 20 000), the heat transfer coef-
ficient for rough spheres is applied (Bailey and Macklin
1968).

Snowflakes and crystals are assumed to have an ice
skeleton structure that is incollapsible but of varying
axial ratio during melting. Their capacitance and axial
ratio are interpolated with respect to liquid fraction to-
ward ‘‘totally melted’’ values of 80% of the dry value
and 0.3, respectively. Empirical functions for the ca-
pacitance and axial ratio of dry ice particles are those
given by Pruppacher and Klett (1997) for columns, den-
drites, plates, and snow. Whereas for snow and crystals
there is a monotonic increase of the terminal velocity
with liquid fraction during melting, the situation is more
complex for hail and graupel. At the onset of melting,
hail and graupel with Reynolds numbers , 4000 ex-
perience a sudden increase in terminal velocity because
the drag coefficient becomes that of a smooth sphere as
the ice surface becomes wet. However, after the ice
particle is fully soaked with meltwater, the shape of the
particle is affected by meltwater being aerodynamically
molded. A torus of water builds up near the equator of
the ice sphere, increasing the particle’s cross-sectional
area and decreasing its terminal velocity. During the
accumulation of meltwater on the exterior of the ice
particle, there is a linear interpolation of the terminal
velocity between the ‘‘just soaked’’ value and the value
corresponding to a critical equilibrium mass of melt-
water. This interpolation is based on the fraction of water
on the surface compared to the equilibrium amount.

To describe the melting process, a melted (liquid)
fraction in each mass bin of ice particles is calculated
and advected along with the particles. As soon as the
liquid fraction in a particular bin exceeds 0.99, the par-
ticles belonging to the bin are assigned to liquid droplets
of a corresponding mass. If partially melted particles
cross the freezing level in updrafts, they freeze again,
and the liquid fraction is set equal to zero.

e. Diffusion growth/evaporation of liquid drops and
deposition/sublimation of ice particles

Diffusion growth/evaporation of liquid drops and de-
position/sublimation of ice particles of mass mik (i is the
type of hydrometeor, k is the number of the mass cat-
egory) by water vapor deposition/sublimation is ex-
pressed as follows (Pruppacher and Klett 1997):

dm 4pCik ik5 F S , F 5 , (7)ik w/ice ikdt Gi

where Gi 5 RyT/ew/iceDy 1 (Lw/ice/kaT)(Lw/ice/RyT 2 1),
ew/ice is the saturated water vapor pressure with respect

to water or ice, and Lw/ice is the specific latent heat with
respect to water or ice, respectively. Here, Dy, ka, and
Ry are the water and air diffusivity coefficients and the
moist air gas constant, respectively. Expressions for the
‘‘electrostatic capacitance’’ of particles of different
shape Cik are taken from (Pruppacher and Klett 1997).

Supersaturations with respect to water and ice are
calculated analytically by solving the equation system
for supersaturations with respect to water and ice, and
Eq. (7) at each time step Dtdiff (Tzivion et al. 1989;
Khain and Sednev 1996). Time steps Dtdiff are chosen
equal to the time needed for particles belonging to the
smallest nonempty bin to reach the next mass category,
in case of condensation/deposition, or to be transferred
to a neighboring smaller mass bin, in case of evapo-
ration/sublimation. This choice of Dtdiffis used to ensure
constant values of coefficients in the differential equa-
tions for supersaturations. At each nth time step Dtdiff,n,
the change of the droplet/ice particle mass is analytically
calculated as Fik Sw/ice dt. The final particle masst 1Dtn diff,n#tn

at t 1 Dtdyn is calculated as

t1D tdyn

t1D t tdynm 5 m 1 F S dt , (8)ik ik ik E w/ice

tn

where Sw/ice dt 5 Sn Sw/ice dt. This ap-t1D t t 1Dtdyn n diff,n# #t tn n

proach takes into account the changes of supersaturation
during one microphysical time step, which, as it was
found in supplemental experiments, is of high impor-
tance for the precise simulation of size spectra evolution.
To calculate new values of distribution functions, the
new spectrum has to be remapped into a specified mass
grid (e.g., Kovertz and Olund 1969) that usually leads
to the artificial formation of larger drops at each time
step. To decrease the number of remapping, the calcu-
lation of new size distribution functions in the new mod-
el version is conducted only at the end of the dynamical
time step Dtdyn, which leads to a 10–15-min time delay
in raindrop formation in simulations of continental
clouds, compared to the case when the remapping is
conducted at each of Dtdiff,n steps.

f. Drop and ice collisions

The process of drop and ice collisions is described
by solving the stochastic kinetic equation of collisions.
The values of the drop–drop collision efficiencies ob-
tained by different authors are often inconsistent (Prup-
pacher and Klett 1997). Pinsky et al. (2001) recalculated
the collision efficiencies and collision kernels for drops
within a wide range of sizes from 1 to 300 mm with a
high resolution of 1 mm. The calculations were con-
ducted for several pressure levels: 1000, 750, and 500
hPa. It was found that the collision efficiency and the
collision kernels significantly increase with height. The
increase is related to the decrease in the air density and
the corresponding increase in relative velocities between
colliding droplets. For certain drop pairs, the collision
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efficiency at 500 hPa was found to be twice as large as
at 1000 hPa. These new tables of collision efficiencies
were implemented into the HUCM. In case the com-
putational level is located between these three pressure
levels, the collision efficiencies were found by the in-
terpolation. The collision efficiencies above the 500-hPa
level are assumed to be equal to those at 500 hPa. In
this way, the dependence of collision rate upon the
height has been taken into account.

The process of water–ice and ice–ice collisions is
described by a system of stochastic kinetic equations
for all types of cloud hydrometeors. The precise and
computationally efficient method of Bott (1998) for
solving the stochastic equation for drop collisions has
been extended to water–ice and ice–ice collisions. These
collisions lead to the formation of particles belonging
to different types. The following ‘‘rules’’ have been as-
sumed to apply to particles’ transformation by colli-
sions: 1) drop–drop collisions: new particles are water
drops; 2) drop–crystal collisions and drop–snowflake
(aggregates’) collisions: if the mass of drops is less than
that of crystals/snowflakes, new ice crystals/snowflakes
are formed; otherwise either graupel or hail is formed
depending on the air temperature; 3) drop–graupel col-
lisions: either graupel or hail is formed depending on
the air temperature; 4) drop–hail collisions: the result
is hailstone formation; and 5) ice crystal–ice crystal,
crystal–snowflake, and snowflake–snowflake collisions:
snowflakes are formed.

The rules listed above, according to which particles
formed by collisions are assigned to various hydro-
meteor types, are valid only for single acts of particle
collisions. Continuous utilization of these rules for
drop–ice collisions may lead to artifacts. For instance,
a large ice crystal can sequentially collect small water
drops and still remain an ice crystal. Actually, after a
significant number of collisions with drops, the crystal
should be assigned to graupel. In the HUCM it is as-
sumed that riming of ice crystals and snowflakes leads
to graupel formation if the mass of the rimed fraction
exceeds half of the particle mass, and the melted radius
of the resulting particle exceeds 100 mm. Since the ice
particle memory of the rimed fraction is not stored in
the model, the transformation of ice particles into grau-
pel by riming is conducted as follows. As was mentioned
above, the model uses a mass grid, in which the mass
of each subsequent bin is twice as large as that of the
previous one. The coalescence of drops of mass i and
ice crystals of mass j . i leads on this grid to the
formation of rimed particles whose mass is located in
between the masses of bins j and j 1 1. These particles
should be separated between the two bins of the regular
mass grid. Since the particles to be put into bin j 1 1
have a mass twice as large as those to be put into bin
j, one can assume that they contain a riming fraction
equal to or larger than 50%. Therefore, these particles
were assigned to the graupel category. The particles

remaining in bin j were assigned either to the ice crystal
or snowflake categories.

When ice–water drop collisions are being considered,
one has to distinguish between the cases when ice par-
ticles serve as collectors of small droplets and when
large drops collect ice particles. We assume that ice
crystals serve as collectors if their mass is larger than
that of collected drops. Crystal–drop collision efficien-
cies in this case were set according to Ji and Wang
(1990), Wang and Ji (1997), and Pruppacher and Klett
(1997). A specific feature of these collisions is the ex-
istence of a cutoff size of ice crystals, below which the
crystals are unable to collect droplets. This size is about
100 mm for plates and about 50 mm for columnar crys-
tals, respectively (Pruppacher and Klett 1997).

The efficiency of snowflake–droplet collisions and
coalescence is not well known. It is greatly affected by
porous effects, which depend on the snowflake structure,
temperature, and other parameters. Porous effects seem
to increase the coalescence efficiency of snowflakes by
an order of magnitude, compared to those of solid discs
(Lew et al. 1986a,b; Matsuno 1987; Pruppacher and
Klett 1997). We assume that the collision efficiency be-
tween droplets and snowflakes are higher than that of
plate-like crystals–droplets by a factor of 10, not ex-
ceeding, however, 1.

There are only a few studies in which the collision
efficiencies between drops of several hundred microns
in radius and plate-like and columnar crystals are pre-
sented (Lew and Pruppacher 1983; Lew et al. 1985).
We interpolated/extrapolated the available data to cal-
culate the table of collision efficiencies required. Large
drop–snowflake collision efficiencies turn out to be
equal to 1 due to the large sizes of these colliding par-
ticles.

Detailed hydrodynamical calculations of graupel–
drop collision efficiencies have been conducted by
Khain et al. (2001a). Figure 3 presents, as an example,
the graupel–water collision efficiencies for 0.4 g cm23

graupel density. One can see that the difference between
graupel–drop and drop–drop collision efficiencies is es-
pecially significant for small graupel and small droplets.
For instance, graupel particles with radii below 100 mm
are unable to collect droplets with radii below 8 mm.
As soon as the drop terminal velocity becomes higher
than that of graupel (so water drops capture graupel),
the collision efficiency experiences a jump to values
significantly higher than 1 and then decreases quickly
to about 1 with an increase in the drop size. The graupel–
water collision kernels calculated in this way were used
in the updated version of the HUCM.

g. Turbulence effects on collisions

In spite of a significant uncertainty with regard to
turbulence/inertia effects, theoretical and laboratory re-
sults indicate that the rate of collisions in turbulent flows
can be significantly (several times) higher than in calm
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FIG. 3. Graupel–water collision efficiencies for 0.4 g cm23 graupel
density at 750 hPa.

TABLE 1. Factors indicating an increase in the drop–drop collision kernels due to the turbulence/inertia mechanism.

Drop radius, mm

2 2.5 3.2 4 5 6.4 8 10 13 16 20 25 32 40 51 64 81 102 128

Drop radius, mm
2
2.5
3.2
4
5

3.3
3.3
3.3
3.3
3.3

3.3
3.3
3.3
3.3
3.3

3.3
3.3
3.3
3.3
3.3

3.3
3.3
3.3
3.3
3.3

3.3
3.3
3.3
3.3
3.3

3.3
3.3
3.3
3.3
3.3

3.3
3.3
3.3
3.3
3.3

3.3
3.3
3.3
3.3
3.3

3.1
3.1
3.1
3.1
3.1

2.7
2.7
2.7
2.7
2.7

2.3
2.3
2.3
2.3
2.3

2.1
2.1
2.1
2.1
2.1

1.8
1.8
1.8
1.8
1.8

1.6
1.6
1.6
1.6
1.6

1.3
1.3
1.3
1.3
1.3

1.3
1.3
1.3
1.3
1.3

1.3
1.3
1.3
1.3
1.3

1.3
1.3
1.3
1.3
1.3

1.3
1.3
1.3
1.3
1.3

6.4
8

10
13
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3.3
3.3
3.3
3.1
2.7

3.3
3.3
3.3
3.1
2.7

3.3
3.3
3.3
3.1
2.7

3.3
3.3
3.3
3.1
2.7

3.3
3.3
3.3
3.1
2.7

3.3
3.3
3.3
3.1
2.7

3.3
3.3
3.3
3.1
2.7

3.3
3.3
3.3
3.1
2.7

3.1
3.1
3.1
2.9
2.6

2.7
2.7
2.7
2.6
2.4

2.3
2.3
2.3
2.3
2.2

2.1
2.1
2.1
2.1
2

1.8
1.8
1.8
1.8
1.8

1.6
1.6
1.6
1.6
1.5

1.3
1.3
1.3
1.3
1.3

1.3
1.3
1.3
1.3
1.3

1.3
1.3
1.3
1.3
1.3

1.3
1.3
1.3
1.3
1.3

1.3
1.3
1.3
1.3
1.3

20
25
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40
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2.3
2.1
1.8
1.6
1.3

2.3
2.1
1.8
1.6
1.3

2.3
2.1
1.8
1.6
1.3

2.3
2.1
1.8
1.6
1.3

2.3
2.1
1.8
1.6
1.3

2.3
2.1
1.8
1.6
1.3

2.3
2.1
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1.6
1.3

2.3
2.1
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1.6
1.3

2.3
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1.8
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2.2
2
1.8
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2.1
2
1.7
1.4
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2
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1.4
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1.3
1.3
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1.3
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102
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1.3
1.3
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1.3
1.3
1.3

1.3
1.3
1.3
1.3

1.3
1.3
1.3
1.3

1.3
1.3
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1.3

1.3
1.3
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1.3

1.3
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1.3
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1.3
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1.3
1.3

1.3
1.3
1.3
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1.3
1.3
1.3
1.3

1.3
1.3
1.3
1.3

air. Turbulence effects on drop–drop collision kernels
are taken into account proceeding from the evaluations
made in the studies by Pinsky et al. (1999, 2000). In
turbulent flows, the collision rate depends on the size
of colliding droplets and on turbulence intensity, and is
evaluated as 1.5–6.0 times higher than those in the pure
gravity case. The collision kernel for a droplet pair con-
taining large droplets (with radii over 20 mm) increases
in a turbulent flow mainly due to an increase in the
swept volume, which can amount to 10%–30% de-
pending on the drop size and turbulence intensity. Ac-
cording to Pinsky and Khain (1998) and Pinsky et al.
(1998), the graupel–drop collision kernels for middle-
density graupel with radii ranging from 100–500 mm

are significantly larger in the case of high intensity tur-
bulence, compared to the pure gravity case.

To take into account the effects of turbulence, the
gravity height-dependent collision kernels were multi-
plied by certain factors based on the results of the studies
mentioned above. Using the results of turbulent velocity
fluctuation measurements in cumulus clouds (Mazin et
al. 1989), we evaluate the mean value of the dissipation
rate in deep clouds to be ;600 cm2 s23, which is about
6 times higher than in small cumulus clouds. The factors
for drop–drop and graupel–drop collision kernels used
in the calculations are presented in Tables 1 and 2, re-
spectively. Zero factors in Table 2 are not related to
turbulence effects, but rather reflect the fact that cor-
responding particles do not collide.

Note that the factors presented in the tables are re-
ferred to as just a preliminary or an expert estimation.
We do not claim that the factors provide precise param-
eterization of turbulent effects on drop–drop and drop–
graupel collisions.

h. Collisional breakup

A new procedure of collisional breakup has recently
been implemented into the HUCM to describe the in-
stability and fragmentation of large raindrops. This
scheme is based on the parameterization of Low and
List (1982) as well as Beard and Ochs (1995). Using
the Beard and Ochs (1995) parameterization is essential
to parameterize the coalescence efficiency of small rain-
drops. The numerical method by Bleck (1970) is applied
to break up terms of the stochastic equation. A more
detailed documentation of the breakup scheme, its sen-
sitivities, and a comparison of modeled and observed
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TABLE 2. Factors indicating an increase in the graupel–drop collision kernels due to the turbulence/inertia mechanism.

Drop radius, mm

2 2.5 3.2 4 5 6.4 8 10 13 16 20 25 32 40 51 64 81 102 128 161 203 256 323 406

Graupel bulk radius, mm
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FIG. 4. The Midland, Texas, sounding data of 13 Aug 1999.

raindrop size distributions is given by Seifert et al.
(2005).

3. Simulation of a narrow droplet size distribution
in growing continental clouds

a. Data and conditions of the simulations

One of the most difficult problems in the Eulerian
spectral bin models is the artificial spectrum broadening
at the diffusion stage of droplet growth. The latter pre-
vents the reproduction of narrow droplet spectra formed
in continental clouds growing in smoky air. To verify
the ability of the new version of HUCM to reproduce
such spectra, we used as an example for the simulations
Texas clouds observed by Rosenfeld and Woodley
(2000) on 13 August 1999. The corresponding Midland,
Texas, sounding data are shown in Fig. 4. The cloud
base and freezing levels are located at about 3.2 km
(108C) and 4.5 km, respectively. According to the
sounding, the wind velocity increases from 4 m s21 near
the surface to about 7 m s21 at the level of 400 hPa,
remaining unchanged aloft. Surface temperature was as-
sumed to be time independent during the period of cloud
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FIG. 5. Vertical velocity fields at 30 min in experiments with the
horizontal resolution of (a) 1 km, (b) 500 m, and (c) 250 m.

evolution. To calculate the initial CCN size distribution,
Eq. (2) was used with No 5 1260 cm23 and k 5 0.308.
The cutoff CCN size was taken equal to 0.6 mm (the
corresponding radius of activated droplets is about 2.5
mm).

Simulations of a deep Texas cumulus cloud were car-
ried out using the HUCM option, in which aerosol par-
ticle concentration is assumed to be height independent.
The size of the computational area is 64 km 3 16 km.
The development of a convective cloud was triggered
by a 10-min duration temperature heating in the bound-
ary layer within the region of 5 km 3 2 km in the
horizontal and in the vertical direction, respectively. At
time of the cloud formation, the vertical velocity at the
cloud base was about 2.5 m s21.

Two numerical experiments are referred to as con-
trols. In the first one, the turbulent/inertia effects were
not taken into account; in the second one, the turbulent/
inertia effects were included. The purpose of the sen-
sitivity experiments discussed below is to indicate some
numerically related mechanisms that hinder the repro-
duction of narrow spectra in SBM models.

b. The choice of the model resolution

Clark (1974a,b) found a significant broadening of the
droplet spectra with the decreasing resolution of a ver-
tical cloud column, where the vertical airmass flux was
assumed to be constant. In multidimensional models,
the vertical velocity depends on the model resolution.
Since the vertical velocity (especially at the cloud base)
substantially influences the dynamics and microphysics
of simulated clouds, the utilization of the improper res-
olution is another source of errors in the reproduction
of the droplet spectrum evolution. To test the sensitivity
of the results to the grid resolution in the horizontal
direction, three experiments (turbulent effects are in-
cluded) with horizontal resolutions of 1 km, 500 m, and
250 m have been performed. The fields of the vertical
velocities in these experiments at 30 min are shown in
Figs. 5a–c. The vertical velocity maximum in the case
of the 1-km resolution (11 m s21) turns out to be sig-
nificantly lower than the maxima in two other experi-
ments ranging from 21.5 m s21 (500-m resolution) to
25.5 m s21 (250-m resolution). The vertical velocity
fields, as well as all other fields in the experiments with
500- and 250-m resolutions, are rather similar and differ
significantly from those in the experiment with the 1-km
resolution. We attribute this result to the fact that the
simulated deep convective cloud is a few kilometers in
diameter. In this case, the 1-km resolution is not suf-
ficient, as the utilization of such resolution leads to sig-
nificant errors in microphysical simulations. For in-
stance, in the experiment with the 1-km horizontal grid
resolution, the lower velocity results in about a 30%–
40% lower droplet concentration. As a result, in the
experiment with the 1-km horizontal grid resolution,
raindrops are formed faster and a few kilometers lower

than in the experiments with higher horizontal model
resolutions. All this leads to significant differences in
ice microphysics as well.

To test the sensitivity of the results to the vertical
model resolution, supplemental simulations have been
performed with vertical grid increments of 60, 125, 250,
and 400 m. To resolve comparatively narrow zones in
clouds playing an important role in cloud evolution, the
vertical resolution must be high enough. For instance,
a significant fraction of droplets is nucleated within a
narrow layer above the cloud base, and the Hallet–Mos-
sop splintering mechanism is active within a compar-
atively narrow range of temperatures from 238 to 288C,



2972 VOLUME 61J O U R N A L O F T H E A T M O S P H E R I C S C I E N C E S

FIG. 6. Fields of graupel content in experiments with vertical
resolution of the model grid of (a) 125 m and (b) 250 m at 40
min.

the zone of effective collisions, as well as that of effi-
cient riming, can be also rather narrow in the vertical
direction.

Contents and concentrations of different hydrome-
teors in the experiment with the 400-m vertical grid
resolution differ significantly from those in other ex-
periments. At the same time, the difference in the results
between the experiments with 60- and 125-m vertical
grid increments is much less than that in experiments
with 250- and 125-m increments. As an example, we
present Figs. 6a–b, which show graupel contents at 40
min in experiments with 125- and 250-m grid incre-
ments, respectively. The general structures of the fields,
as well as the maximum values, are in fact similar. How-
ever, the field calculated with a 125-m increment re-
poroduces more details; for instance, one can see the
area of small graupel content in the zone of high vertical
velocity at x 5 23 km and z 5 11 km.

Proceeding from the results of these experiments, we
chose the spatial steps to be 250 m in the horizontal
direction and 125 m in the vertical direction for the
simulation of deep cumulus clouds. Simulation of small-
er cumulus clouds would require an even higher hori-
zontal resolution; for instance, Ovtchinnikov et al.
(2000) used a 100-m resolution for the simulation of
cumulus clouds with a top height of a few kilometers.

c. Factors leading to artificial spectrum broadening

In this section, we will discuss problems arising in
the process of simulating narrow droplet size distribu-
tions in continental-type clouds using the Eulerian cloud
models. As it is known, in studies dedicated to precise
simulations of droplet spectra using Lagrangian parcel
models, special attention is paid to the problem of pre-
venting artificial droplet spectrum broadening (Cooper
et al. 1997; Pinsky and Khain 2002). The diffusion
growth of droplets in such models is often calculated
on a variable mass grid, without remapping size distri-
butions on a regular mass grid.

The problem of reproducing a narrow droplet spec-
trum becomes more complicated in the Eulerian cloud
models, because the size distributions obtained by dif-
fusional drop growth should be remapped into a regular
mass grid at each time step (see discussions in Liu et
al. 1995; Bott 1998; Khain et al. 2000). To illustrate
possible sources of the numerical droplet spectrum
broadening, the droplet mass spectra formed in the con-
trol experiments are compared with those formed in two
sensitivity experiments (SE1 and SE2). Experiment SE1
was performed to illustrate the numerical broadening
induced by the utilization of the original Kovetz and
Olund (1969) procedure (used, e.g., by Takahashi 1976;
Khain and Sednev 1996; Geresdi 1998) at each micro-
physical time step Dtdiff,n, that is, much more frequently
than in the control runs. Experiment SE2 was carried
out to show the effect of ‘‘turbulent mixing’’ terms ad-
ditionally included in the equations for size distribution
functions.

Figure 7a shows the droplet mass distributions along
the cloud axis at t 5 30 min in the control run with no
turbulent effects on collisions included. One can see that
the droplet spectrum remains narrow up to the 9-km
level. The maximum of the drop mass distribution is
centered at 10 mm at 9 km, which is in reasonable agree-
ment with the observations of Rosenfeld and Woodley
(2000), indicating the mean volume radius of 8.5 mm
at this height. Figure 7b illustrates the mass droplet
spectra at 30 min in experiment SE1. One can see that
more frequent utilization of the mass remapping pro-
cedure leads to a significant acceleration of raindrop
formation compared to the control run.

It is common practice with Eulerian cloud models
to include turbulent viscosity terms in the equations
for size distribution functions (e.g., Khain and Sednev
1996; Kogan 1991). Figure 7c illustrates the mass
droplet spectra at 30 min in experiment SE2 similar to
the control one, except for viscosity terms additionally
included into the equations for size distribution func-
tions. The comparison of the spectra plotted in Figs.
7a and 7c shows that the mixing of droplet size spectra
between levels separated in the vertical direction by
125 m leads to the artificial occurrence of smaller drop-
lets at higher levels and to larger droplets near the
cloud base. In cases where the vertical resolution is a
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FIG. 7. (a) Droplet mass distributions at different heights along the cloud axis at t 5 30 min in the control experiment. One can see that
the droplet spectrum remains narrow up to the level of 9 km. (b) Same as in (a), but in a supplemental experiment with a more frequent
utilization of the mass remapping procedure. (c) The same as in (b), but in a supplemental experiment in which the turbulent mixing (viscosity)
terms are additionally included into the equations for size distribution functions. (d) Droplet mass distributions at different heights along
the cloud axis at 30 min in the control experiment when turbulence/inertia effects on collisions are included.

few hundred meters (resolution typical of the majority
of cloud models), the artificial broadening should be
more pronounced.

Note that mixing as it is represented by the k theory
is applied for conservative quantities, which do not
change at the distances of the mixing length (several
tens of meters). Such a procedure leads to the spatial
homogenization of the mixed variable. The assumption
that the size distribution is a conservative quantity can
be used only at very small distances, at which one can
assume that essentially no droplet growth occurs during
the mixing of parcels (Clark 1976). At higher distances,
the drop size distribution cannot be considered as a con-
servative quantity; it changes significantly during dif-
fusional growth at distances of several tens of meters.
In this case, more complicated expressions should be

used for the description of the mixing (Clark 1976). The
application of the standard mixing (k theory) to the size
distributions in case of significant separation distances
between the neighboring model levels leads to the
above-mentioned spectrum broadening. We suppose that
the increase in the droplet spectrum broadening with a
decrease in the resolution found by Clark (1974a,b) is
related to the effect discussed above. Clark found that
the increase in the resolution in the Eulerian approach
led to a better agreement with the prediction of the
Lagrangian model, in which no vertical mixing of size
distributions was taken into account.

Note that the effects of turbulent viscosity terms are
significant in the case of simulating deep continental
clouds with a very narrow droplet spectrum. In maritime
clouds, the droplet spectra are wide, and the artificial
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FIG. 8. The difference in the radar reflectivity fields produced by
clouds simulated by using the Texas temperature profiles and maritime
aerosols with and without breakup included.

broadening introduced numerically does not, suppos-
edly, play such a significant role.

Yet another factor leading to the formation of the
wider droplet spectrum is a crude model resolution in
the horizontal direction. As was mentioned above, a
decrease in the resolution leads to a decrease in the
vertical velocity and, consequently, to a decrease in su-
persaturation and in the droplet concentration. Thus, the
utilization of the crude resolution turns model clouds
into more ‘‘maritime’’ ones.

Along with the artificial mechanisms of the droplet
spectrum broadening discussed above, there is a phys-
ically based turbulence/inertia mechanism leading to the
acceleration of particle collisions in turbulent clouds.
Figure 7d shows the droplet mass distributions at dif-
ferent heights along the cloud axis at t 5 30 min in the
control experiment, with turbulence/inertia effects on
collisions included. The comparison with the spectra
plotted in Fig. 7a shows that turbulence leads to the
droplet spectrum broadening and the formation of small
raindrops (with radii over 100 mm) at high levels. How-
ever, the concentration of large drops is small, so that
the spectrum remains narrow up to the level of homo-
geneous freezing. As can be seen from the comparison
with Figs. 7b–c, the droplet spectrum broadening, in-
duced by turbulence/inertia effects, turns out to be less
pronounced when compared with the numerically in-
duced broadening. In case the artificial spectrum broad-
ening in a certain cloud model occurs, the implemen-
tation of turbulence/inertia effects on collisions would
lead to an additional, undesirable (in this case) accel-
eration of precipitation formation.

4. Applications of the model to the simulation of
cloud microphysics and investigations of aerosol
effects

a. Design of experiments

In this section we present some examples illustrating
the effects of new processes (collision breakup, melting,
and aerosol distributions) on cloud microphysics and
precipitation.

To illustrate aerosol effects on deep continental
clouds, we will discuss the results of numerical exper-
iments, in which aerosol particles with characteristics
of maritime aerosol were used in the Texas sounding.
The maritime aerosol distribution was characterized by
parameters No 5 100 cm23 and k 5 0.462 in Eq. (2).
In addition, in accordance with the measurements by
Hudson (1993), it was assumed that there were no small
CCN that could be activated at supersaturations ex-
ceeding 1.0%. Experiments with continental (C) and
maritime (M) aerosols will be referred to as C- and M-
Texas simulations, respectively.

To illustrate aerosol effects on deep convective clouds
arising under maritime thermodynamic conditions, we
simulated clouds using profiles from the 1200 UTC

sounding on board the Canadian ship Quadra, on day
261 of the Global Atmospheric Research Programme
(GARP) Atlantic Tropical Experiment (GATE) experi-
ments. This sounding has been used in many previous
modeling studies of maritime convection (e.g., Turpei-
nen and Yau 1981; Ferrier and Houze 1989). Two AP
distributions (M and C) described above were used in
the simulations with the GATE profiles as well. Cor-
responding simulations will be referred to as M- and C-
GATE simulations.

b. Effects of breakup on the microstructure of clouds
and precipitation

Since a new procedure of collisional breakup has been
implemented recently into the HUCM, it is of interest
to investigate its effect on rain formation and accu-
mulated rain amount. Figure 8 shows the difference in
the radar reflectivity fields for the M-Texas simulations
with and without breakup at t 5 1 h. The radar reflec-
tivity was calculated according to its definition (using
the size distributions) as described by Khain and Sednev
(1996). One can see that radar reflectivity with breakup
is lower near the surface, indicating the lower amount
of large raindrops. At the same time higher reflectivity
above the freezing level (4.2 km) is the result of the
formation of additional graupel; raindrops of a smaller
size and higher concentration (formed due to the break-
up) are advected upward and freeze to graupel. The
corresponding fields of graupel content at t 5 1 h, when
the breakup is included (the upper panel), and the dif-
ference between the graupel contents in simulations with
and without the breakup (the lower panel) are shown in
Fig. 9. Similar effects of breakup are found in the sim-
ulation with continental aerosols as well.

Analysis of size distribution functions with and with-
out breakup taken into account indicates that breakup
changes the shape of size distributions toward the Mar-
shall–Palmer distribution. In a case of strong precipi-
tation under maritime thermodynamic conditions and in
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FIG. 9. (a) The graupel content at 3600 s when the breakup is
included and (b) the difference between the graupel contents in sim-
ulations with and without breakup. The conditions are similar to those
of Fig. 8.

maritime aerosols, breakup leads to the formation of
raindrop spectra close enough to the equilibrium dis-
tribution. The breakup effects on the shape of the rain-
drop size distributions will be discussed in more detail
in a separate paper.

Figures 10a–b show the spatiotemporal dependencies
of precipitation rates for the simulations without and
with breakup, respectively. One can see that precipita-
tion decreases significantly when the breakup is taken
into account. This decrease is especially significant in
the zone of maximum precipitation rate. The precipi-
tation decrease and time redistribution are related to the
stronger evaporation of precipitating water in simula-
tions when the breakup is taken into account. This effect
can be attributed to a larger number of smaller droplets
falling through the dry atmosphere, as well as to an
increase in the time period during which precipitating
particles reach the surface. The spatiotemporal distri-
bution of precipitation in the M-Texas simulation is pre-
sented in Figs. 10c–d (without and with breakup, re-
spectively). A significant decrease in precipitation
caused by breakup is seen in the case of low aerosol
concentration as well. The most significant decrease
takes place at t ø 40 min, where intense warm rain
takes place. The breakup prevents formation of large
raindrops that leads to a ;10–15-min delay in reaching

the precipitation rate maximum and to a shift of the
precipitation maximum downwind by ;5 km.

Figure 11 shows the time dependence of the accu-
mulated rain amount in different M- and C-Texas sim-
ulations. One can see that the breakup leads to a decrease
in the accumulated rain by about 50%. When the break-
up is included, the warm rain starts about 10 min later.
It can be attributed to the fact that smaller raindrops
have lower fall velocities, so that they cannot fall within
a strong updraft.

c. Aerosol effects on precipitation and convective
heating

In this section we present some examples of aerosol
effects on microphysics and thermodynamics of single
clouds developed under continental and maritime
soundings.

Figure 12 shows fields of rainwater content (RWC)
in a continental (Texas) sounding in the continental (left)
and maritime (right) aerosol simulations. One can see
that in M-aerosol case, RWC is much higher and rain-
drops reach the surface. At the same time, in the C-
case, RWC concentrates around the level of 4–5 km.
No precipitation at the surface takes place at this time.

The comparison of spatiotemporal distributions of
precipitation in the M-Texas simulation (Figs. 10c–d)
with those in the C-Texas simulation (Figs. 10a–b) in-
dicates a crucial increase in precipitation with the de-
crease in the aerosol concentration. In maritime aerosol,
precipitation begins 15–20 min earlier compared with
the case of continental aerosol, and reveals a much high-
er warm-rain amount.

While under the unstable Texas thermodynamic con-
ditions, the cloud depth is limited by the stable stratified
layer in the upper troposphere; the cloud depth under
the GATE temperature profiles depends on the magni-
tude and size of temperature fluctuations used for the
convection triggering. We simulated single clouds of
different top heights by using different widths of the
initial temperature fluctuations. The simulations indicate
that an increase in the aerosol concentration tends to
cause a decrease in precipitation from single convective
maritime clouds as well. To produce a similar amount
of accumulated rain, a cloud developed in smoky air
should be deeper compared to that developed in clean
air. Figure 13 shows the fields of the total ice content
in C- and M-GATE simulations at 60 min. In the C case,
the cloud top reaches ;11 km (determined by the 10-
dBZ radar reflectivity level), while in the M case, the
cloud-top height was only 8 km. Despite the fact that
accumulated rain amounts in both cases are similar, the
time dependence of rain accumulation in the maritime
and continental aerosols cases are quite different (Fig.
14). In the C case, precipitation starts ;10 min later.
In the M case, warm precipitation falls in the course of
;20 min. Later on, the warm precipitation is replaced
by the melted rain as seen by the slow rate of rain
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FIG. 10. Spatiotemporal dependencies of precipitation rates for the Texas sounding in simulations (a) without and (b) with the breakup in
the continental aerosol case. (c), (d) The same as in (a), (b), but for the maritime aerosol.

FIG. 11. The time dependence of the accumulated rain in M-Texas
and C-Texas experiments with and without the breakup, when new
and old immediate melting procedures are included.

accumulation, which terminates in ;90 min. At the
same time, in the C case, the contribution of melted rain
is much more significant. The cloud lifetime in the con-
tinental aerosol case is longer; the precipitation contin-
ues even at t 5 120 min.

The larger precipitation amount from the clouds de-
veloped in the maritime aerosol cases compared to the
continental aerosol cases means that an increase in the
aerosol concentration decreases the net convective heat-
ing (caused by the phase transitions in clouds) of the
atmosphere. Dependencies of convective heating on the
height should be affected by aerosols as well. Clouds
developed in the M- and C-GATE cases, which produce
a similar accumulated rain, have different depths and,
consequently, may have a different vertical distribution
of convective heating. The profiles of the convective
heating in such clouds are shown in Fig. 15. These
profiles were averaged over 2 h of cloud simulation and
in the horizontal direction over the whole 64-km com-
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FIG. 12. Fields of RWC in clouds formed in the continental (Texas) sounding in the (a) continental and (b) maritime aerosol simulations
(breakup and new melting procedures are included).

FIG. 13. Fields of ice content in clouds developed in the GATE thermodynamic profiles in the maritime and continental aerosols cases,
producing similar accumulated rain amounts.

putational zone. The dashed and dashed–dotted lines
corresponding to positive values of heating indicate the
contribution of condensation, deposition, and freezing
in the C and M cases, respectively. The dashed and
dashed–dotted lines corresponding to the negative heat-
ing values represent effects of evaporation, sublimation,
and melting. Thick solid and dashed lines indicate the
net effect for simulations with continental and maritime
aerosols, respectively. The increase in the aerosol con-
centration leads to a strong increase in heating, both due
to the increase in the diffusional growth and the more
intense droplet freezing. At the same time, the cooling
in the continental aerosol case is much higher because
of the higher evaporation of droplets and ice sublima-
tion. The higher droplet evaporation and ice sublimation
in the C case can be attributed to the following. In the
case of continental aerosol, raindrops and ice particles
are, as a rule, smaller than in the case of maritime aero-
sol, and they reach higher levels. Also, they have the
smaller sedimentation velocity. As a result, the time
duration of their sedimentation is longer. In addition,
being shifted by an environmental wind shear from the
zone of cloud updraft, ice particles and drops falling

from higher levels tend to sediment through dry air. At
the same time, in the maritime aerosol case, raindrops
form at lower levels and fall rapidly down through the
cloudy wet air (or in the close vicinity of the clouds),
where the air humidity is comparatively high. As a re-
sult, the evaporation (and corresponding cooling) in the
maritime aerosol case is lower compared to the conti-
nental aerosol case. The higher loss in the precipitating
mass by the drop evaporation and ice sublimation is the
main cause of the lower precipitation efficiency of
clouds developed in smoky air. The comparison of the
net heating profiles in C- and M-aerosol GATE cases
indicates that in the C case, heating is extended to higher
levels.

The minimum in the net heating at ;3.5 km in the
C-GATE case (Fig. 15) is related to the cooling caused
by the melting of ice (mainly graupel). No such mini-
mum is seen in the profile of net convective heating in
the M-GATE simulation, indicating a smaller contri-
bution of melted rain in the last case.

The problem of aerosol effects on the convective heat-
ing profiles under different conditions will be further
elaborated in the next parts of the study.
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FIG. 14. Time dependence of accumulated rain from single con-
vective clouds developed in the GATE thermodynamic profiles in the
maritime and continental aerosol cases.

FIG. 15. Vertical profiles of convective heating caused by clouds
developed in the GATE temperature profiles in the continental and
maritime aerosol cases. The dashed and dashed–dotted lines corre-
sponding to positive values of heating indicate contribution of con-
densation, deposition, and freezing for continental and maritime aero-
sol simulations, respectively. The dashed and dashed–dotted lines
corresponding to the negative heating values represent effects of
evaporation, sublimation, and melting. Thick solid and thick dashed
lines indicate the net effect for continental and maritime aerosol sim-
ulations, respectively.

FIG. 16. Fields of the net liquid water fraction in graupel within the melting layer for the (a) continental and (b) maritime
aerosols at 5100 s.

d. Microphysical structure of the melting layer

The early version of the HUCM (Khain and Sednev
1996) describes the melting process in a simplified man-
ner; all ice particles penetrating the zone of positive
temperatures were assumed to melt immediately. The
similar simplification is used in some other models (e.g.,
Ovtchinnikov et al. 2000). A new melting scheme has
been implemented recently. In this scheme, ice particles
of different type and size melt at different rates and fall
down with different fall velocities, which vary in the
course of melting as a result of the change in shape and
surface roughness.

We illustrate the microphysical structure of the melt-
ing layer when using the results of cloud simulations
for the C and M cases under the Texas thermodynamic
conditions. Figure 16 shows the fields of the ‘‘integral’’
liquid water fraction in graupel for the continental (left
panel) and maritime aerosol (right panel) cases at t 5
85 min. One can see the significant effect of aerosol on

the structure of the melting layer; graupel in the M-
Texas case penetrates the layer with positive tempera-
tures further than in the C case. This can be explained
by the fact that in the M case, graupel is larger and
settles faster (Fig. 17). At the same time the mass of
graupel in the continental aerosol case is higher, as was
discussed above. The difference in the graupel content
is maximal at 9 km and attains 1.2 g m23 (see Fig. 17c).
Figure 18 shows the distribution functions of the liquid
water fraction in graupel at different heights below the
freezing level (located at 4.2 km) in the continental
aerosol case (left) and the maritime aerosol case (right)
at x 5 37 and 36 km, respectively. The corresponding
evolution of the graupel mass distribution functions with



15 DECEMBER 2004 2979K H A I N E T A L .

FIG. 17. Graupel contents in experiments with (a) continental aero-
sols, (b) maritime aerosols, and (c) the difference between these fields
in C- and M-Texas experiments at 5100 s.

FIG. 18. Distribution functions of the liquid water fraction in melting graupel at different heights below the freezing level in the (a)
continental (x 5 37 km) and (b) maritime aerosol cases (x 5 36 km) at 5100 s.

height during the graupel melting is shown in Fig. 19.
One can see in Figs. 18 and 19 that the bins of small
masses melt first with a corresponding increase in the
liquid fraction from zero to one. The water of com-
pletely melted bins is transferred to the corresponding
bins in the drop size distribution that can be seen by
zero graupel mass distributions for the smallest bins.

Since the size of graupel in the C case is smaller com-
pared to that in the M case, they melt faster within the
thinner layer at the time instance.

Similar information is available for snowflakes and
hail as well. The detailed information of the micro-
physical structure of the melting layer is useful for pur-
poses of remote sensing, the identification of stratiform
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FIG. 19. Graupel mass distribution functions at different heights within the melting layer in cases of the (a) continental (x 5 37 km) and
(b) maritime aerosols (x 5 36 km) at 5100 s.

clouds from space, etc. As seen in Fig. 11, the detailed
melting procedure leads to an insignificant change in
precipitation in the simulations performed.

5. Conclusions

The description of the updated Hebrew University
Cloud Model (HUCM) is presented. The model is based
on the solution of the equation system for size (number)
distribution functions for droplets, ice particles of seven
types (including three types of ice crystals), and aerosol
particles. The presence of the aerosol particles allows
the calculation of size distributions of newly nucleated
droplets for those both at the cloud base and those en-
tering the cloud through lateral boundaries. The model
calculates changes of the CCN concentration and size
distribution due to droplet nucleation and advection. The
description of drop freezing and primary ice nucleation
is based on the semi-Lagrangian approach. The diffu-
sion growth of drops and ice of different shapes is de-
scribed by means of analytically calculated supersatu-
rations with respect to water and ice. Tables of drop–
drop and drop–graupel collision kernels utilized in the
model were calculated by using a precise hydrodynamic
method suitable for the simulation of drop collisions
within a wide range of droplet sizes. The collision ef-
ficiencies and kernels are height dependent. The colli-
sional growth was calculated using the efficient Bott’s
(1998) method, which was extended to ice–water and
ice–ice collisions. Turbulence/inertia effects on water–
water and ice–water collision rates are taken into ac-
count. A novel collisional breakup scheme and a de-
tailed melting scheme developed recently have been im-
plemented into the HUCM.

Three sources of the artificial spectrum broadening
in the Eulerian cloud models are discussed: the utili-
zation of the crude spatial resolution, a too-frequent

utilization of the size distribution functions remapping
on a regular mass grid, and the utilization of standard
k theory to the mixing of the droplet spectra at different
levels. A significant reduction of the artificial spectrum
broadening in the HUCM made it possible to reproduce
a narrow droplet spectrum with parameters similar to
those measured in deep Texas summertime clouds even
when turbulence/inertia effects were included.

The role of breakup and melting in cloud micro-
physics is illustrated in several simulations. In the case
of a dry continental environment, the breakup leads to
a decrease in the precipitation, especially of warm rain.
The formation of comparatively small raindrops leads
to their ascending in cloud updraft and freezing with
the formation of graupel. The magnitude of the effect
follows from the Low and List (1982) parameterization,
which, probably, overestimates the breakup rate (Axel
et al. 2003). Further laboratory and theoretical studies
seem to be necessary for a better understanding and
parameterization of the breakup phenomena.

The new version of HUCM provides a detailed mi-
crophysical structure of the melting layer. The data al-
low avoiding many assumptions and simplifications
about the composition of the water–ice mixture in the
melting layer used for the calculation of radiative prop-
erties (Bauer et al. 2000). This data can be useful for
the development of remote sensing methods, the sepa-
ration between cumulus and stratiform clouds from sat-
ellites, the evaluation of precipitation over large areas,
and so on. The data are available upon request.

It is shown that both the precipitation rate and the
rain amount depend crucially on the CCN concentration
and size distribution. An increase in aerosol (CCN) con-
centration leads to the formation of smaller droplets and
ice particles at higher levels compared to those in the
case of maritime aerosols. As a result, the precipitating
particles fall down through the dry air layer during a
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longer period of time, which leads to a larger precipi-
tation loss in smoky air. Therefore, the clouds devel-
oping in the smoky air have lower precipitation effi-
ciency. Different precipitation efficiencies cause differ-
ent net heating and different vertical distributions of the
convective heating in smoky and clean air under similar
thermodynamic conditions. Owing to the high sensitiv-
ity of different atmospheric phenomena to the convec-
tive heating and its vertical distribution, aerosols can
affect precipitation and the air circulation at local, me-
soscale, and, supposedly, global-scale levels. This prob-
lem is the subject of future investigations.
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