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Abstract. Recent measurements of the CO)p content
of air bubbles trapped in glacial ice have shown
that the partial pressure of atmospheric CO»
during the last ice age was about 70 ppm lower
than during the interglacial. TIsotopic measure-
ments on surface- and bottom-dwelling forams
living during the ice age have shown that the
13¢/12¢ gradient between the ocean's surface and
bottom layers was 257 larger during the last ice
age than at present. Broecker (1982) proposed
that an increase in the phosphate content of the
deep sea could explain these observations. We
follow up here on a proposal by Sarmiento and
Toggweiler (1984) that glacial to interglacial
changes in Pgp2 are related to changes in the
nutrient content of high-latitude surface water.
We develop a four-box model of the ocean and
atmosphere which includes low~ and high-latitude
surface boxes, an atmosphere, and a deep ocean.
In simplest form the model equations show that the
CO02 content of high-latitude surface water is
directly connected to the huge reservoir of C0j in
deep water through the nutrient content of high-
latitude surface water. The relationship between
the CO09 content of low latitude surface water and
the deep sea is more indirect and depends to a
large extent on transport of COp through the
atmosphere from high latitudes. We illustrate how
the C content of the atmosphere and that of
high-latitude surface water constrain model solu-
tions for the present ocean and how ice age C
observations constrain ice age parameters. We
propose that the low ice age Pgpo can be produced
by a reduction in local exchange between high=-
latitude surface water and deep water. The model
requires that the current exchange rate of about
50 Sv be reduced to about 10 Sv. We review evi-
dence in the geologic record for widespread
changes in deep convection around Antarctica about
14,000 years ago which are synchronous with the
change in atmospheric Pcg2.

Introduction

Three important facts about the chemistry of
the ocean and atmosphere during the geologically
recent past have come to light in recent years.
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COp measurements on gas bubbles trapped in
glacial ice have shown that the partial pressure
of COp in the atmosphere during the last ice age
(~18,000 years ago) was about 70 ppm lower than it
has been during the interglacial period (beginning
~10,000 years ago) [Neftel et al., 1982]. This is
significant because it suggests that global cli-
mate changes have been induced, or at least
amplified, by changes in the CO7 content of the
atmosphere. Climate projections for the future
predict a 2°C rise im temperature with a doubling
of atmospheric COy levels [Manabe and Stouffer,
1980]. Lower C0 levels in the past are there-
fore consistent with cooler climates. A COp-
induced cooling during the ice age explains how
glaciations might occur simultaneously in both
northern and southern hemispheres in spite of the
fact that the Milankovitch orbital forcing favors
the growth of ice sheets in one hemisphere but not
the other.

The glaclal ice also tells us that the Pggp of
the atmosphere prior to the period of rapid indus-—
trialization was about 270 * 10 ppm compared to
about 345 ppm today [Stauffer et al., 1984],
Therefore, the change in atmospheric COp content
since the middle of the last century to the pre-
sent is about the same as the change between gla-
cial and interglacial periods. Although no
obvious climatic changes have been linked to the
recent rise in €Oy, most students of climatic
change hold that the effects of COp on climate
operate through feedbacks in the climatic system
involving, for example, changes in water vapor
transport or changes in the ice albedo feedback in
high latitudes. Because of the flywheel effect of
the oceans these processes may take some time to
become established [Bryan et al.,, 1982].

Shackleton [1977], Vincent et al. [1981], and
Shackleton et al. [1983a, b] have shown using car-
bon isotope measurements in deep—dwelling benthic
forams that the 13¢/12¢ ratio in the deep sea was
lower during the ice age than at present. At the
same time the 13C content of surface~dwelling
planktonic forams seems not to have changed
[Shackleton et al., 1983b]. While all the data on
isotopic changes in benthic forams seem to supgort
some glacial to interglacial increase in the § 3¢




164 GLACIAL/INTERGLACIAL Co2 CHANGES

atmosphere
cﬂm/ ‘%
oo ) T
A ! ‘

NN
§Ch

fy b ¢

,
=
N

=
AN
N%
Y
N

—
o0
oo

P
deep ocean h

Fig. 1. Schematic diagram of the four—box model.

content of the deep sea, there is uncertainty with
regard to the absolute magnitude. Estimates of
the magnitude range from barely significant to as
much as 0.7 per mil. We assume that the highly
resolved 0.5 per mil increase recorded by
Shackleton et al. [1983a, b] for core V19-30 in
the eastern equatorial Pacific is a representative
value. This means that the gradient in 13C/lzc
between the surface and the deep sea increased by
25% over the preindustrial gradient of about 2,0
per mil. This observation suggests that the ice
age ocean was more effective at sequestering
biologically fixed COy in the deep sea. One can
also infer that the oxygen content of the deep sea
was lower during the ice age because of the close
association between 813C and oxygen 1in the ocean's
photosynthesis/respiration cycle.

Broecker [1982] proposed that an increase in
the phosphorus to carbon ratio in the glacial deep
sea could explain the lower atmospheric Pgpz and
the carbon isotope changes. He proposed that ero-
sion of organic sediments from exposed continental
shelves during the ice age might add extra phos-
phorus to the ocean. In simplest terms, this
hypothesis says that a unit of nutrient-rich deep
water upwelling to the surface during the ice age
sustains more biological productivity. This
enhances the flux of detrital organic carbon from
the surface to the deep sea and pulls €0y out of
the atmosphere. The excess organic carbon in the
deep sea, when oxidized by deep-sea organisms,
reduces deep-sea oxygen levels and increases the
13¢/12¢ gradient between the surface and deep
ocean. One consequence of Broecker's shelf ero-
sion hypothesis is that lower atmospheric COj
levels must follow the growth of the lce sheets;
the proposed ocean chemistry changes can only
occur after the sea level has been lowered.

What we propose here is a different model for

the COp lowering which shows how changes in the
ocean's large~scale circulation can reduce the C0p
content of the atmosphere independently of contin-
nental glaciation and sea level changes. Like
Broecker's model, this one calls on changes in
ocean nutrient content but not in the deep sea or
over the ocean as a whole. This model requires
only that changes in the nutrient content in high-
latitude surface water be altered. Nutrient
levels in present—day high-latitude surface water
are quite high, particularly in the Antarctic. We
will show that these high nutrient levels are con-
sistent with a well-oxygenated deep ocean. Lower
COy levels in the ice age atmosphere are consis—
tent with lower nutrient levels in high-latitude
surface water and a poorly oxygenated deep sea,

We propose that glacial to interglacial changes in
atmospheric COy are probably driven by changes in
the dynamics of convection in the Antarctic. Time
scales for this transition are short enough that
changes in atmospheric Peo2 might have played an
active role in forcing the end of the last ice
age.

The model to be discussed here has been pre-
sented in preliminary form by Sarmiento and
Toggweiler [1984]. Two other groups, working
independently, have published papers using very
similar models [Siegenthaler and Wenk, 1984; Knox
and McElroy, 1984]. These authors also have
papers appearing in this volume [Wenk and
Siegenthaler, this volume; Ennever and McElroy,
this volume]. We will detail here how the model
works and how carbon isotopes constrain model
solutions. In the first section below we present
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TABLE 1. Stoichiometric Relationships Between
Model Variables
Standard Ratios
Redfield Ratios? Used in Model
209 /AP =138 -169
ACorg/AP 106 130
AZCO9/AaPD 132,5 162.5
AALKk /AP 38 50

4Redfield et al. [1962].

bAssuming for both cases that 20% of ICO»p
increase in deep sea is due to CaCOj3 dissolu-
tion [Li et al., 1969; Kroopnick, 1974].

a set of idealized model equations which provide
the simplest and most illustrative description of
the model. 1In the second and third sections we
present model results for the present ocean and
ice age ocean, respectively. In the discussion
to follow we attempt to relate the model's predic-
tions to what one observes in the real world and
examine the evidence for predicted ocean chem-
istry changes. An appendix follows, In which
technical aspects of the model's construction are
presented,

The Idealized Model Equations

The model presented here is diagrammed in
Figure 1. It differs from a standard geochemical
two box ocean model by including a box which
represents high-latitude surface water, combining
North Atlantic and Antarctic deep water formation
regions. Catms Cg, Cp, and C4 represent the
tracer contents of the atmosphere, low-latitude
surface water, high-latitude surface water, and
the deep ocean, respectively., This model con-
figuration is similar to one developed by Keeling
and Bolin [1968] for the Pacific Ocean. Using a
data set of much poorer quality than those pre-
sently avallable, Keeling and Bolin attempted with
great difficulty to derive fluxes between the
boxes from averaged data. In our approach here we
will make some simplifying assumptions which
Keeling and Bolin did not make. Also, in pro-
ducing a global model we use the overall atmos-—
pheric balances of COj and 4C as model con-
straints. At the time when Keeling and Bolin
developed their model no one had reason to believe
that the COp content of the atmosphere had varied
so widely in the recent past. Keeling and Bolin,
therefore, did not explore the possibilities which
we consider here.

We include in the high-latitude box the area

TOGGWEILER AND SARMIENTO 165

of the North Atlantic poleward of 60°N and the
areas of the South Atlantic, South Pacific, and
Indian Oceans poleward of 50°S, Approximately 15%
of the ocean's surface Is included in this defini-
tion; the area of the ocean south of 50°S is seven
times larger than the area of the North Atlantic
north of 60°N, The surface of the Arctic Ocean is
ignored because ice coverage cuts off exchange
between the ocean and atmosphere. The surface
boxes £ and h are assumed to have average mean
annual temperatures of 21.5° and 2.5°C, respec—
tively, as determined from the Levitus [1982] data
set, We assume that the low-latitude box is 100 m
deep and the high-latitude box is 250 m deep.

The bidirectional arrows labeled gy and gy
represent gas exchange between the surface boxes
and the atmosphere. Peng et al. [1979] found that
an average gas exchange piston velocity of about 3
m/day applies over most of the ocean, and we adopt
this value for both surface boxes. This does not
mean that the gas exchange rates are the same; the
effect of temperature on COp solubility makes the
high-latitude CO2 gas exchange rate approximately
twice that of the low-latitude box. The wiggly
lines labeled Py and Py represent particulate
phosphorus fluxes from the surface layers to the
deep sea.

The bidirectional arrows labeled fyq4, fg4, and
fon represent simple first—order water exchange
between the boxes indicated by the subscripts.

The arrows labeled with a T represent a one-way
cycle in which water flows from the low-latitude
surface box to the high-latitude box, to the deep
ocean box, and back to the low-latitude surface
box again., The variable T represents the large-
scale thermohaline overturning of the ocean in
which warm water flows poleward, cools, sinks into
the deep sea, and then upwells back to the warm
surface through the ocean's thermocline. Of the
bidirectional fluxes, the fp4 term connecting
high~latitude surface water with the deep sea is
by far the most important. It can be thought of
as deep convection in high latitudes or as isopyec-—
nal mixing along deep density surfaces outcropping
at high latitudes. The preliminary report men-
tloned above [Sarmiento and Toggweiler, 1984]
discusses model solutions for ordinary 12002 in
which fgq and fy} are set equal to zero. We will
maintain this simplification throughout this
section,

Photosynthesizing ocean plants living in warm
ocean surface water are capable of taking up vir-
tually all available nitrate and phosphate and of
incorporating these vital nutrients into their
body tissues., For this reason the biological pro-
ductivity of warm surface water can be said to be
nutrient limited. When the plants are eaten by
grazing zooplankton, the nutrients ultimately find
their way into excreted particles which sink out
of the photic upper layers. When a unit of deep
water upwells into the warm surface ocean, all of
the upwelled nitrate and phosphate thus returns to
the deep sea in organic form as a component of
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TABLE 2. State Variables for the Ocean/Atmosphere System

Preindustrial Source Ice Age
Value Value?

Volume of the ocean 1.292 x 1018 p3 Levitus [1982] 1.249 x 1018 n3
Area of the ocean's 3.49 x 1014 2 Sverdrup et al. same

surface [1942]
Mole volume of the 1.773 x 1020 moles Weast and Astle same

atmosphere [1979]
Average AOU content of the

deep sea below upper 100 m 154 upmol/kg GEOSECS/TTO —

(A0UY)
Total phosphate content 2.77 x 1015 moles GEOSECS/TTO same

of the ocean (avg = 2.09 umol/kg)
Total alkalinlty content 3.140 x 1018 eq. GEOSECS/TTO 3.267 x 1018 equivalents

of the ocean (avg = 2371 peq/kg)
Total ICOy content of 2,990 x 1018 moles GEOSECS/TTO —

the ocean (avg = 2258 umol/kg)
Average 813¢ of the ocean 0.55 per mil Broecker -

and Peng [1982]b
Average [14C] of the ocean 2.27 x 10”15 moles/kg  Stulver et al. -
(85.1% of atmospheric [1981]¢
equilibrium)

Total ECO9 content of the

ocean and atmosphere 3.0245 x 1018 moles =——d 3.1517 x 1018 moles
Total 213002 content of

ocean and atmosphere 3.0263 x 1018 moles ———g 3.%%21 x 1018 moles

13c/12¢g1nq *13¢/12651nq

Total 214C02 content of

ocean and atmosphere 2.5578 x 1018 moles ——f 2.6&821§ 1018 moles

'14C/lzcstnd l4c/l2cging

Depth of the low-latitude 100 meters same

surface box
Depth of the high-latitude 250 meters same

surface box
Temperature and salinity of

the low-latitude surface 21.5°C, 34.7 mg/g 20,0°C, 35,9 mg/g

box
Temperature and salinity of

the high-latitude surface 2,5°C, 34.7 mg/g 2.,0°C, 35.9 mg/g

box

aJce age state variables have been determined as follows: for the ocean volume we assume that
enough fresh water leaves the ocean_to increase salinity from 34.7 to 35.9 per mil following
Broecker [1982]; we add 1.272 x 1017 moles of isotopically light (-23 per mil) carbon to the
system (this 1s sufficient to decrease the deep ocean sl3c by 0.5 per mil); we then add an
equal amount of alkalinity and isotopically neutral (0 per mil) ICOz to the system to simulate
CaC03 dissolution from the seafloor; we assume that half of the added ICO2 is terrestrial




sinking particles. In terms of the diagram in
Figure 1 we can write

P, = P04d°T )

where only the major water flux terms, fpq and T,
are considered. To avoid confusion regarding
subscripts, we will not subscript molecular for-
mulas in expressions in which model subscripts
appear. For example, we will use PO43q in place of
PO4d.)

When the same unit of deep water upwells to the
surface, the CO2 content of the water is reduced
in proportion to the phosphorus removal as organic
tissues are formed. The molar ratio of C to P
taken up is known as the Redfield ratio and is
traditionally given the value 106:1 [Redfield et
al., 1962]. Following Broecker [1982], we will
uge phosphate as a representative, idealized
limiting nutrient. We could easily choose to use
nitrate in the same manner. Nitrate is thought to
be more limiting in the ocean than phosphate;
however, it has some small non-Redfieldian sources
and sinks within the ocean which are not well
quantified.

The Redfield ratio which links phosphorus and
nitrogen to carbon in fixed proportions 1s based
on measurements of C:P and C:N ratios in live
ocean plants sieved from surface water. It is
normally assumed that these ratios hold for
organic particulate matter throughout the water
column. Evidence from particle traps, however,
suggests that organic phosphorus and nitrogen are
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remineralized more rapldly than organic carbon
[Knauer et al., 1979; Honjo, 1980]. Therefore,
the ratios of C:P or C:N are larger in particles
which are destroyed in the deep sea, as opposed to
those destroyed in the upper ocean. Indeed,
Takahashi et al. [1984] show that relative changes
in oxygen and phosphorus along intermediate water
density surfaces follow an average slope of =172 %
6:1. Given the Redfield ratio of 1.3 moles 09
consumed per mole organle carbon oxidized, this
s8lope translates into a C:P ratio of about 130:1,

For the high latitude surface box we can write
the following equation:

P = PO4gof 4 - P04h-(T+fhd) 2)

where again the particle flux P}, refers to the
downward flux of phosphorus and the flux terms
fgq and fg3, are ignored.

If we assume that the oxygen content of the
two surface boxes is always 1in equilibrium with
the atmosphere, we can write an equation descri-
bing the deep—~ocean oxygen content as a function
of Pg and P,. Here, we express the oxygen con~
tent in terms of the apparent oxygen utiliztion
(AOU), which is the difference between the dis=—
solved oxygen concentration at saturation (a
function of water temperature) and the measured
oxygen concentration. We assume here that the AOU
of the two surface boxes is zero.

A0U, = roz:Pt(P2+Ph)/(T+fhd) (3)

Table 2 (continued)

biomass with a Al%4C of ~50 per mil; the other half is assumed to be dead with respect to lag,
bThe average 813C for the world ocean is estimated using the correlation between 613¢ and POy
given by Broecker and Peng [1982] Figure 6-12, p. 309 and the average PO4.

CA subtle, but important, error exists in the Stuiver et al. [1981] compilation.
C concentration units for the various ocean basins are given as moles
per cubic meter, the figures and tables actually have units of moles per 1000 kg.
l4¢ concentrations by 1.025 before comparing 14¢ with 12¢ in
Otherwise an error of 10-15% will result with respect to the
lac decay or "aging" one would predict for the ocean relative to the atmosphere,

the reported average

multiply Stuiver et al.'s [1981]
units of moles per cubic meter.
amount of

Although

One must

dThe total LCO09 content of the preindustrial ocean and atmosphere is the sum of the total

£COy for the ocean given above plus the atmospheric COp content in 1973 (320 x 10~6
moles of air) less twice the fossil fuel COp input through 1973 (11 x 1015 moles
We have assumed that a terrestrial biomass release equal to the

1,773 x 1020
[Broecker and Peng, 1982]).

atm times

fossil fuel release has entered the atwmospheric during the last century.

@The total &l

€Oy content of the preindustrial ocean and atmosphere Is calculated as in note

d above, where the ocean 813C iz +0.55 per mil, the atmosphere § 3¢ 15 ~7.2 per mil, and the

subtracted fossil fuel/biomass 8!3C 1s =26 per mil.

The number of significant digits reported

in the carbon isotope totals reflects relatively small isotopic shifts between the tracers.

fThe total 1l
similar manner to
released biomass
We subtract 8.42 x 10" moles of bomb
1020 bomb 14
from the 480 per mil of bomb
sation of the Seuss effect).

C09 content of the preindustrisl/prebomb ocean and atmosphere is computed in
3¢ above where the 1973 atmosphere 1s 450 per mll enriched in
C 1s assumed to be —60 per mil (the fossil fuel component contains no 1%4C).
4¢ from the total.
C atoms reported bZ Broecker et al, [1980] to be residing in the ocean in 1973 and
14¢ in the atmosphere (450 per mil plus 30 per mil for compen-

lag and the

This total is derived from the 314 x
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The term rpg,p 1s the ratio of oxygen consumed to
phosphate regenerated when organic matter is oxi-
dized. We also assume in equation (3) that all
particulate organic matter falling into the deep
box is oxidized. In other words, none of the par-
ticulate fiux is lost to the sediments.

We can now combine equations (1), (2), and (3)
and write an expression for the phosphate content
of high-latitude surface water:

PO4, = PO4, - Aoud/roz:P (4)
We see from equation (4) that the nutrient content
of high-latitude surface water is directly linked
to the oxygen content of the deep sea; i.e., a
well-oxygenated deep sea coexists with high
nutrient levels in high-latitude surface water,
Since the average phosphate concentration of the
deep sea is about 2.15 mol/kg and the average AOU
is about 154 umol/kg, we calculate a PO4p of 1.24
pmol/kg. Nutrients in newly formed deep water are
often referred to as “preformed nutrients™; here,
PO4p is the same as preformed phosphate.

Figure 2 shows the nitrate and phosphate con-
tents of high-latitude (summer) surface water
plotted against temperature. The circles repre-
sent Antarctic locations, while the pluses repre-
sent the North Atlantic. The nutrient contents of
Antarctic and North Atlantic surface waters climb
above near—zero mid-latitude values at tempera-—
tures below 15°C. Antarctic nutrient values
increase to much higher values than those found in
the North Atlantic. Our preformed phosphate con—
centration of 1.24 umol/kg plots just below the
cluster of Antarctic points.

In high latitudes, far more nutrients are deli-
vered to the surface than can be utilized by
plants. High-latitude surface water is not under-
lain by the Intense thermocline found at lower
latitudes; in winter the water column is often
able to convect to great depth, bringing nutrient-
rich deep water to the surface. Over much of the
year there 1s insufficient light to support plant
growth, so nutrients go unutilized. Because we
define our high-latitude box to be that region of
the surface ocean in which nutrient levels are non-
zero, we can use the information in Figure 2 as a
rough guide in demarcating the box's latitudinal
extent., The midpoint of the Antarctic nutrient
rise is found at about 10°C., 1If we take the 10°
summer isotherm as our boundary, the high-latitude
box is defined as the ocean area poleward of 50°S
in the Antarctic and 60°N in the North Atlauntic,

It is instructive to consider what would happen
if there were no high-latitude region in the
ocean., If, somehow, warm surface water (with pre-
formed PO4 = 0) were to be taken directly to the
deep ocean and allowed to upwell back to the sur=-
face, phosphate could enter into the deep sea only
in the form of organlc particles. Looking at the
oxygen balance, one finds that the oxygen demand
of such a particle flux depletes the deep ocean of
oxygen, even if one allows the downwelling water
to become saturated with oxygen at deep~ocean
temperatures. Expressed mathematically,

°P0O4 (5)

02, = Ozsat(T) T To2:p d

d

The saturation oxygen content at the average tem-
perature of the deep sea is approximately 325
umol/kg. Given PO4y = 2,15 imol/kg and rpy,p =
169, one calculates that the oxygen demand from
the phosphate flux is greater than the oxygen con-
tent of newly formed deep water. This situation
is not observed in the ocean today; the average
oxygen content of the deep sea is about 170
wmol/kg. Therefore, the deep sea Is not depleted
in oxygen to even half its saturation content,

The real ocean shunts much of the upward flux of
phosphate to high-latitude regions, allowing
phosphate to reach the surface outside of the
domain of the warm surface ocean. In high lati-
tudes the deep sea's oxygen content is replenished
without upwelled phosphate generating a tremendous
organic particle demand on the deep—ocean oxygen
content.

For the other tracers we want to study with
this model (ZCOp, alkalinity, 13C, and l%C) the
equations describing their steady state distribu=
tions among the four boxes in Figure 1 will be
more complicated. There are no simplifying
assumptions to be made regarding surface water as
there are with phosphate and oxygen. One must
also contend with exchanges between the ocean and
atmosphere. There is, however, one simple rela-
tionship we can construct. Again ignoring fgq and
fghs we can write the following equation for total
COp in the deep box:

Ecozd-(T+f ) = ZCOZh'(T+f ) +

Treip*(BgtPy) (©)

hd hd
Here, ryc.p represents the ratio of total carbon
(including CaC03) to phosphate in sinking parti-
culate matter. We assume a constant fraction of
four parts organlc carbon to one part carbonate in
particulate matter as originally proposed by Li et
al. [1969] and later supported by Kroopnick
[1974]. We then express ryc.p in terms of the C:P
ratio in organic matter as follows:

r
Corg'P 130

= 162.5 )

r = 916 _
LC:P (l-fca) 0.8
where fg, 1s the carbonate fraction of the total
carbon flux. Rearranging and substituting
equations (1) and (2) into (6), we arrive at the
following result:

XCOZh = ZCOZd = rzc:Pe(P04d=Poéh) (8)
Rearranging again, we find
£Co02, - ICO2

d h . (9)

POAd - POAh LC:P

Equation (9) states that the relative differences
in IC02 and phosphate between high-latitude sur-—



face water and deep water are given simply by a
constant ratio. One can derive a gimilar rela-
tionship for alkalinity, where the constant
relating alkalinity to phosphorus is given by

= 2of (10)

YAlk:P ca'Fzc:p T Tw:p

TAlk:p hae a value of 50 when we substitute the
constants cited above. We assume ry.p has a value
of 15. Table 1 summarizes the stoilchiometric
relationships between oxygen, alkalinity, carbon,
and phosphorus used in this study.

Equation (9) is a very significant result.,

The high-latitude EICO2 and alkalinity together
determine the Pgpp of high-latitude surface water.
Because both of these quantities are anchored to
deep-sea values, this result says, in effect,

that the CO2 content of the atmosphere is anchored
to the deep sea through the nutrient content of
high~latitude surface water. The relationship
between the Pgpp of low-latitude surface water and
the deep sea is more indirect, depending on trans-
port of CO2 through the atmosphere from high-
latitudes.,

One can calculate a value of ryc.p using equa-
tion (9) in order to test the applicability of our
C:P ratio of organic matter. We have computed
average ICOp and phosphate values for the deep sea
of 2257 umol/kg and 2,15 pmol/kg, respectively
(Table 2). Averaging all the surface Geochemical
Ocean Sections Study (GEOSECS) data for the
Antarctic south of 50° while normalizing to the
deep-sea salinity, we find ICO2}, = 2178 % 10
umol/kg and PO4y = 1,51 ymol/kg. We assume that
Antarctic surface water contains ~25 imol/kg of
fossil fuel CO2 and subtract this from ICO2y.

(A 50-ppm excess of fossil fuel CO2 in the atmos-—
phere becomes a £ECO7 excess of 25 mol/kg in
surface water using a buffer factor of 14,)
Substituting into equation (9), we find that ryc,p
= 150-175. This result roughly confirms the
number predicted, 162.5, from Takahashi et al.'s
[1984] observations of 02:P. The standard
Redfield ratio of 106 units organic carbon to one
unit phosphorus represents a total carbon to
phosphorus ratio of only 132,5 using equation (7).

Before solving the full set of equations for
IC0g9, alkalinity, and the carbon isotopes for all
four boxes, we write a set of conservation equa-
tions which express the deep—box tracer concentra-
tions as functions of the total amount of tracer
in the ocean and atmosphere. As an example we
write out the conservation equation for ICO»p
below:

IC02, = (2(:02T = LCO2, oV, zcozz-v - P oV /v

d h 'h 2 €02 "atm d

(11)

IC027 is the total amount of carbon in the ocean
and atmosphere in units of moles C. The terms
Vhs Vg5 Varms and V4 represent the volumes of the
subscripted boxes. The volume of the atmosphere
is expressed as moles of gas molecules such that
the product of the Pggy (a mixing ratio) and the
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mole volume of the atmosphere has units of moles
CO02. Conserving total tracer content ensures that
the present—~day partitioning of tracers will not
influence wodel solutions for other possible sce-
narios.,

We have averaged all the GEOSECS and Transient
Tracers in the Ocean (TTO) data within 5° latitude
belts at standard National Oceanographic Data
Center (NODC) levels and added the belts together
to produce total tracer contents for the ocean,
The results appear in Table 2. The validity of
using conservation expressions like equation (11)
in our model is compromised by the fact that the
ocean and atmosphere are not gresentl¥ at steady
state with respect to ICOj, 13¢, and 4C; modern
additions of fossil fuel CO2 and bomb 14¢ have
perturbed the presumed steady state which existed
prior to industrialization. We account for this
by simply subtracting the added quantities from
the totals. The addition of unknown amounts of
terrestrial biomass carbon to the atmosphere makes
this correction somewhat imprecise; the maximum
errors, however, are not large,

Before proceeding we would like to introduce
an additional observation into the model regarding
the degree of oxygen saturation in newly formed
deep-water masses. Weiss et al. [1979] report
that the oxygen content of remnant Weddell Winter
Water and Weddell Shelf Water during the summer is
about 40 pmol/kg undersaturated. Gordon et al,
[1984] report that the oxygen content of Antarctic
surface water under sea ice at the end of the
austral winter is 45 umol/kg undersaturated (86%
of saturation). Gordon et al. argue that the 14%
undersaturation has not been appreciably altered
by biological processes over the winter period.
These observations are characteristic of oceano-
graphic observations in deep-water formation
reglons: nowhere are subsurface water masses in
these regions less than 10% undersaturated.
Because the process of oxygen equilibration takes
a finite amount of time (one month for a 100-m
mixed layer) it is not hard to imagine that a con-—
vectively unstable water mass might not aquire its
full measure of oxygen.

The above observations are suggestive that
newly formed deep water is not fully saturated
with oxygen, If newly formed deep water carries
an initial oxygen deficit into the deep sea, the
oxygen deficit of average deep water due to oxida-
tion of organic matter is reduced accordingly. We
will make an assumption that the model's AOUy is
10% undersaturated and will consider this to be a
much better choice than AOUp = 0. A 10% under-—
saturation in newly formed deep water reduces the
deep-sea oxygen deficit caused by the oxidation of
organic matter by 30 umol/kg, nearly a 20% reduc~
tion. A 10% undersaturation in AOUy also
increases the predicted P04y or preformed phos-
phate to 1.41 ymol/kg (see equation (12) below).
Referring back to Figure 2, we find that the pre-
dicted P04y is inside the field of Antarctic data,
The model equations in the appendix include an
AQUp, term.
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Fig. 3. Contour plot of model results for the

C contents of the atmosYhere, A 4Catm» and high-
latitude surface water, Ch in the parameter
space of high-latitude convection (fjg) versus
thermohaline overturning (T). Contours for atmos-
pheric Al4¢ are the diagonally trending dashed
lines labeled as =80, =40, etc. starting from the
upper right. Contours for high-latitude surface
water are the horizontally trending dashed lines
labeled =140, =100, and -60. The heavy contour
lines represent contours for al Catm = 0 and
Alach = =100 per mil. Horizontal and vertical
axes are log scales. The contours are construc—
ted from 440 model runs evenly spaced over the
parameter range. The model run in this figure
represents the simple case in which fgq and fgp

are set to zero. AOUg = 154 umol/kg, AOUp = 30
mmol/kg, and rgc.p = 162.5. The stipled region
represents the region of the parameter space in
which Py, 1s less than zero (see text).

A Model Solution For The Present Ocean

Our point of departure for describing the pre-
sent ocean is to use the observed AOU4 and the
assumed AOUj, to determine the particle fluxes into
the deep sea., We can then use the partitioning of

C between the various boxes to limit the flux
terms, fpd and T. Later in this section we will
investigate the role of fgq. As we see in
equation (12),

A.OUh

02:P

(Tﬁhffm)

A0V,
= «(PO4 , =
h (T+fhd) d

_____)+
T02:p

PO4 (12)

knowing AOU4 and AOUy allows one to predict the
phosphate content of high-latitude surface water

as a function of T, fpq, and fgq. Knowing PO4p in
turn ylelds Py and Py, the particulate phosphate
fluxes (equations (1) and (2)). Equation (12) 1s
simplified from equation (A4) in the appendix. We
have left out the conservation and PO4g terms,
which have little impact in the present 1llustra-
tion,

Two facts are known about the preindustrial
and prebomb ocean and atmosphere with regard to

C. We know that the Al%C content of the atmos-
phere was zero per mil. We also know that the
average C content of Antarctic surface water was
=100 * 20 per mil from oceanic '*C measurements
made prior to the bomb tests [Broecker and Peng,
1982, p. 415]. (We also know the -“C content of
low=latitude surface water from coral measure=-
ments; however, low-latitude alég mainly tracks
the atmosphere and proves redundant in the present
applications.) Throughout the remainder of the
paper we will plot model results as contours in a
parameter space defined by the major flux terus,
fhd and T. High-latitude convection (fpg4) and
thermohaline overturning (T) affect the parti-
tioning of l4¢ petween the model boxes in dif=-
ferent ways such that contours of atmosgpheric Alég
and high-latitude surface water Al4¢ intersect and
define a solution for today's ocean.

Model results for the preindustrial ocean and
atmosphere appear in Figures 3, 4a-4d, and 5a-5c.
Figures 3 and 4 present the simple case in which
fgq and fg5, are set equal to zero. Figure 5 exam=
ines the effect of varying fgq with fg held
constant., Each figure represents over 400 model
runs in which fq and T are varied over two orders
of magnitude. The scales for fyq and T are iden-
tical; each is a log scale in transport extending
from 3 to 300 Sv (1l Sv = 10% m/s).

In Figure 3, isolines for the preindustrial lag
contents of the atmosphere and high-latitude sur-
face water are drawn In the fpq versus T parameter
space, AMCatm values in the upper right—hand
corner of the diagram are close to —-80 per mil,
whereas those in the lower left are greater than
+400 per mil, We see that values of Al Catm
decrease away from the lower left—hand corner as
both fpq and T increase. The flux terms fq and T
act together to ventilate the deep sea. When both
are small (lower left—hand part of Figure 3), lag
produced in the atmosphere tends to remain there.
When both are 1ar§e (upper right), the great
reservolr of low 4¢ in the deep sea is able to
dilute the atmosphere's 14
the atmospheric AL4¢ down.

We show three contours of al4c in high-lati-
tude surface water in Figure 3: =60, =100, and
~140 per mil., As one might expect, the A1 Cp, 1=
especially gensitive to exchange between high-
latitude surface water and deep water. When fpg
is large, the deep ocean is able to pull Alach
further from atmospheric values,

The point where the A14Ch = ~100 igoline meets
the Alacatm = 0 isoline defines today's ocean in
the fpq versus T parameter space. 1In Figure 3 the
intersection of the !4C lines occurs at the boun-

C production and bring
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Fig. 4. Contour plots for (a) atmospheric Pgp2, (b) 613Catm9 (c) Py, and (d) Py

overlying the same parameter space and

C contours shown in Figure 3.

Phosphate par—

ticle fluxes, Py and Py, have been multiplied by ryc,p (162.5) in Figures 4c and 4d In
order to present results in units of moles C per square meter per year (organic plus

CaC03).

dary of the shaded region where fpq is 43 Sv and T
is 24 Sv. Given the uncertainty in our knowledge
of the preindustrial Aléc value for average high-
latitude surface water, fpq for today's ocean
could be as low as 30 Sv or as high as 75 Sv.

A little more than half of the diagram is
shaded, indicating that the high-latitude phos—
phate particle flux, Pp, In that part of the
parameter space is less than zero. It is not dif-
ficult to understand why P} becomes negative over
much of the parameter space given the AOUy
restriction. Py and Py, when converted to orga-
nic carbon fluxes, must sum to produce the deep-
sea oxygen deficit (equation (3)). Because the

low-latitude area is much larger than the high-
latitude area, Py represents a much bigger drain
on the deep-sea oxygen levels than Py. Py
increases as T increases (equation (1)), and even
though T brings oxygen Into the deep sea, the par-
ticle flux from low-latitude surface water negates
it. High-latitude exchange with deep water adds
much more oxygen to the deep sea than the high-
latitude particle flux can remove. Therefore,
when T is large relative to fyq, the particle flux
from low-latitude surface water can, by itself,
account for more than the observed oxygen defi-
ciency in the deep sea, and Py is forced to be
negative. Note that when fgq = 0 in equation (12)
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and AOUgq is held constant, P04}y, 1s independent of
fyd and T. PO4y equals 1,41 ymol/kg at every
point on this diagram.

In Figure 4 the C isolines from Figure 3 are
used as a base plot over which contours of the
atmospheric Pggy (Figure 4a), Al4c, . (Figure 4b),
Py (Figure 4c), and Py (Figure 4d) are plotted.
The particle fluxes in Figures 4c and 4d are here
converted to total carbon fluxes (organic + car~-
bonate) in units of moles C per square meter per
year.

In Figure 4a the atmospheric Pgpp isolines
plot as vertical lines with the Pgp2 increasing
slightly with increasing T. At the intersection
of the AMCatm = 0 and AlACh = =100 isolines, the
Pcoo2 of the atmosphere is 268.8 ppm, well within
the estimated range of the preindustrial Pgg2,

270 * 10 ppm [Stauffer et al., 1984]. Fixing AOU4q
over the whole parameter space limits the range

of atmospheric Pgga's that we see in Figure 4a.
The atmospheric Pgg2 represents an average of the
two surface ocean Pgpz's which are weighted with
respect to differential areas and gas exchange
rates, At the Intersection of the 4¢ isolines in
Figure 4a the Pgg? of the low-latitude box is
269.6 ppm, while that of the high-latitude box 1s
266.5, TFree exchange of CO2 through the atmos-
phere dampens potential Pgp2 differences larger
than those seen here. If the oxygen content of
newly formed deep water were fully saturated (AOUp
= 0), the predicted Pgp2's would be about 25 ppm
lower.

In Figure 4b we see contours of the atmospheric
13¢ content overlying the Al4c jgolines. At the
intersection of the preindustrial l4c isolines,
613Catm equals -6.3 per mil as opposed to about
=-7.6 per mil today. The atmospheric 13¢/12¢ com-
position becomes heavier with increasing T, but
shows no sensitivity with respect to fpg. This
situation 1s analogous to the one in Figure 4a.

As the thermohaline overturning (T) increases, the
flux of carbon in the advective flow through both
surface boxes increases relative to the gas
exchange fluxes. The effect is more limiting in
the high-latitude box because its volume is so
much smaller. Cooler temperatures in the high-
latitude box favor an equilibriur in which the gas
phase is isotopically lighter; wérmer temperatures
in the low~latitude box favor an isotopically
heavier gas phase. Therefore, the atmosphere's

Fig. 5. Contours of atmospheriec Ppgy (solid
lines), Al%C,4, (short-dashed lines), and Al4cy
(longer—~dashed lines) in the the same parameter
space shown in Figures 3 and 4, but where fgq
varies from 4 to_ 12 Sv, Here fgy is held fixed
at 10 Sv. The Al%C contours for 0 per nil in
the atmosphere and ~100 per mil in high-latitude
surface water are accentuated as before. In
Figure 5c (fgq = 12 Sv) the intersection of the
14¢ igolines occurs in the stipled region along
the left~hand side of the figure. AOUg = 154
umol/kg, AOUp = 30 wmol/kg, and ryc.p = 162.5,



§13¢ 1s driven toward heavier values when T is

Because the time required to equilibrate
C isotoplc composition between surface ocean Figure 4a.
and atmosphere is 10 times longer than the time

required to equilibrate CO9 chemically [Broecker
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and Peng,
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Fig. 6. Model simulation of the last ice age where we have assumed that 51.5 umol/kg
of isotopically light carbon (-26 per mil) has iluvaded the deep ocean.

This input of
carbon is sufficlent to lower the §13C of the deep sea by about 0.5 per mil. We assume
that an equal number of moles of CaC03 dissolves from the seafloor to balance the pH.

In this figure the AOU of the deep sea is allowed to vary while the particle flux from
high-latitude surface water is fixed at 0.5 moles C m~

100 300

yr'l. The plus in each figure
part warks the position iIn fyg versus T parameter space which yields the optimal model

solution for the present ocean discussed in the text. The contours shown in Figure 6a
are atmospheric Pggy (solid lines) and Al4C,,, (dashed lines). Contours of AOUy are

plotted in Figure 6b. 1In Figures 6c and 6d are plotted the difference in § 13¢ between
the ice age and present (prelndustrial) for the low-latitude and high-latitude surface

boxes, respectively. 1In Figures 6b through 6d contours of atmospheric Ppgyp at 200,
220, and 240 ppm (dashed lines) are carried over from Flgure 6a.

larger for

1974]), the effect of surface layer

fng and T.

flushing with respect to the parameter T 1s much
C in Figure 4b than it is for Pggp in

Figures 4c and 4d show the particulate carbon
fluxes out of the surface boxes as functions of

As we expect from equation (1), Py,

173



174 CGLACIAL/INTERGLACIAL CO2 CHANGES
PRE-INDUSTRIAL SIMULATION
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ICE AGE SIMULATION

Atmosphere
- §=-610
QO{Z3O A“C-106
Low Latitude Box P 02:219.0 10 T2 CO]]93 9| High Latitude Box
AQU= 0% A < ‘/ 3 o Al AOU=30*
PO,=2* 12 | Y / 13 PO,=.65
ALK=2454 9.5 L ALK=2477
£C0,=2029 2C€0,=2193
§3¢=264 0.55 §3c=230
Aldc=25 ) 0.5* alc= -4
Deep Box
AOQU= 298
PO4=2.23
ALK=2556
2CO,=2445
§¥c=12
a'c= 178
Fig. 7. Steady state concentrations of model

variables in the ocean and atmospheric boxes for

the preindustrial and ice age simulations.

Units

are micromoles per kilogram for AOU, PO4, and

£C09; microequivalents per kilogram for alkalinity,
parts per million for PC?% and parts per thousand
(per mil) for 613¢ and al%c. Model transports
between boxes are given in units of sverdrups (100
m3/s). Particle fluxes are given next to the
wiggly arvows 1n units of wmoles C per square meter
per year. Asterisks indicate values that arve
laitial assumptions.

expressed here as a carbon flux, increases propor-
tionately with T. At the Intersection of the pre-
industrial Al4C isolines, Py has a value of 0,82
moles C m~ yr“l. Py, in Figure 4d is sensitive
primarily to fpq. At the intersection of the bold

alég isolines, Py has a value very close to zero.
However, given the range of uncertainty in al Ch
of =80 to =120 per mil, Py could lie anywhere
between =1 and +3.moles C m 2 yr”l High-latitude
regions are usually thought to more biologically
productive than low-latitude regions. All of the
primary productivity measurements in high lati-
tudes, however, reflect summertime conditions.,
More than half the area of the Antarctic south of
50°S is covered by sea ice in the winter [Burckle
et al,, 1982], Winter sea ice, combined with low
light levels and deep mixed layers, precludes
biological activity over half the year. One could
argue that the partlcle flux from high-latitude
surface water, on an annually averaged basis, may
not be much different from the particle flux in
warmer regions of the ocean [Walsh, 1969]. A
high-latitude particle flux of 1.0 moles C m2 yr
is consistent with a high-latitude preindustrial
al4C content of about -110 per mil in terms of the
assumptions we have made. When Py equals 1.0
moles C m™ % yr~* less than 10% of the phosphate
transported into the high—latitude box is removed
by organlisms.

In Figure 5 we illustrate how the Ppgpo of the
atmosphere responses to fg4, the direct, bidirec-
tional exchange between the low-latitude surface
box and the deep sea. In this series of figures,
fgq lncreases from 4 to 12 Sv by Increments of 4
Sv. The parameter fgp, bildirectional exchange
between the low- and high-latitude surface boxes,
is held fixed at 10 Sv; fgj is not an easy gquan-
tity to estimate for the real ocean, although it
is surely not zero, as we assumed for the simple
case above, The 10-Sv figure 1s a guess; it
represents an exchange of about one part in 40 per
year for the high-latitude box. Because exchange
between the low- and high-latitude surface boxes
provides an alternate pathway for deep-sea
nutrients to reach the low-latitude surface box,
lower amounts of upwelling (T) are necessary to
account for the observed deep-sea AOU.

The atmospheric Pggy is particularly sensitive
to direct exchange between the deep sea and low—
latitude surface water. As fgq increases from 0
in Figure 4a through 12 Sv in Figures 5a-5c, the
atmospheric Ppg2 increases from 269 to 297 ppm at
the intersection of the Al4C isolines. The Pco2
isolines no longer respond only to T in the fpq
versus T parameter space, but instead swing over
to respond primarily to fpq, particularly in the
lower range of T,

The Al%C isolines also respond to fgq. Because
direct mixing between low—-latitude surface water
and the deep sea Increases contact between the
deep ocean and atmosphere, an increase in fgq
must be offset by a drop in fpq or T. Hence, the
Al&Catm 1solines tend to shift downward and to the
left in the f?ﬂ versus T parameter space. The
isolines of A'*Cy, on the other hand, are not
affected by fgq. Therefore, only T decreases in
the model solution as direct exchange between the
deep sea and low-latitude surface water Increases.
When fgq is equal to 12 Sv, only 3 Sv of T are

-1



required to meet the lag constraints. The par-
ticle flux from low-latitude surface water
increases with fgq as more phosphate is delivered
to low-latitude surface water. Less high-latitude
particle flux is needed to bring AOUgq up to 154
umol/kg, and we see that the shaded area of the
diagrams (Py, less than zero) expands, especlally
at low values of T,

The rise in atmospheric Pggy in response to
direct exchange between the deep sea and low-lati-
tude surface water reveals an lmportant polnt
about how the model works. We see from equation
(12) that when T is small, PO4} increases as
(fpgtfgq)/fpd increases. The increase in P04y is
mirrored by an increase in high-latitude ZICO»p
(recall the simplified equation (9)). Less nutri-
ent-depleted water is flushed through the high-
latitude box as fgq substitutes for T in the lag
balance. Therefore, we might say that the CO2
content of the atmosphere rises in response to fgqg
because high-latitude surface water becomes more
like deep water. We will see in the model simula-
tion for the ice age ocean below that the atmos-
pheric Pgp2 was lower during the ice age because
high-latitude surface water was less like deep
water then is observed at present.

We conclude from Figure 5 that only a minimal
amount (<4 Sv) of direct exchange between the deep
sea and low-latitude surface water is consistent
with the preindustrial atmospheric Pggg of 270 %
10 ppm. This conclusion is, of course, dependent
on the assumption which we made about the oxygen
content of newly formed deep water. The size of
the AOUy effect on atmospheric Pggp is about the
same as the effect of 12 Sv of direct exchange
between the deep sea and low-latitude surface
water. We will adopt as an optimal solution for
the present ocean a set of parameters in which f gy
equals a token 1 Sv and fg = 10 Sv. (A minimal
amount of direct exchange between low-latitude
surface water and the deep sea is important when
fnq and T are both small.) For our optimal case,
fhqg 1s between 45 and 60 Sv and T is about 19 Sv.
Py equals 0.90 moles C w2 yr'1 The pre-
industrial 613C of the atmosphere is -6.18 per
mil, while the §13¢ contents of low- and high-
latitude surface water are -2.64 and -1.72 per
mil, respectively. We will consider Pp to be
limited to a range 0 to 1.0 moles C m™ yr“l,
which is consistent with the 45-60 Sv range in fp4
noted above and with values of Al Cy between -100
and ~110 per mil.

The Ice Age Ocean And Atmosphere

We have adapted the model slightly to perform
a simulation of ice age conditions. Given
Shackleton et al.,’s [1983a, bl observation that
the §13C of the deep sea became lighter by about
0.5 per mil during the Ice age, we calculate that
approximately 50 mol/kg of isotopically light
(=26 per mil) carbon must have been added to the
deep sea., Because the depth of the lysocline
seems to have remained the same between glacial
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and interglacial periods [Broecker, 1982], we
assume that an equal amount of CaC03 dissolved
from the seafloor to hold the pH of the deep sea
in balance. These changes increase the alkalinity
and ICO0y of the deep sea by about 100 neq/kg and
umol/kg, respectively. Removal of water from the
ocean to form continental ice shrinks the ocean
volume by 3% and increases the ocean's salinity,
phosphate, alkalinity, and ECO9 contents propor—
tionally. We assume that the surface temperature
of the low=latitude box decreases to 20,0°C and
that of the high-latitude box to 2.0°., Added
together, these changes increase the Pggp of the
model by 21 ppm at the position in the fpq versus
T parameter space which defines today's ocean.

Because we do not know the AQU of the deep sea
during the ice age, we allow AOUgq to become a
variable quantity. In order to malntain the same
degree of determinacy we fix the particulate car-
bon flux from high-latitude surface water at 0.5
moles C m 2 yr-+. All of the other quantities,
including AOUyp, the C to P ratio In organic
matter, fg4, and fg, remain at the levels for the
present ocean as given above. In Figure 6 we pre-—
sent the model results for the ice age simulation,
We retain the same fygq versus T parameter space
shown in previous results, The pluses mark
the position where the Al4C = 0 and the A14Ch =
-100 isolines meet in the present-day solution.

In figure 6a we plot contours of atmospheric
Pco2 and AlACatm' Atmospheric Ppgp values
increase from less than 190 ppm at the bottom of
the figure to 400 ppm in the upper left-hand
corner., The appearance of Figure 6a is radlcally
different from previous Pgg2 plots because there
are no restrictions on AOUg. Figure 6b shows con-
tours of the deep—box oxygen content overlying a
few of the atmospheric Pgp2 contours from Figure
6a. Model AOUq values decrease from nearly 375
pumol/kg in the lower right-hand corner of the
figure to less than 50 mmol/kg in the upper left,
AOU4 increases with increasing T because particle
fluxes from low-latitude surface water increase
with T, AOU4q decreases with increasing fyg4
because the ventilation of the deep sea through
high latitudes introduces new oxygen without
increasing the flux of organic material to the
deep sea. Over most of the parameter domain the
atmospheric Ppgp contours parallel those of AOU4.
In the lower right-hand section of the flgures,
where the Ppgy and AOUy deviate from one another,
the more limited gas exchange capability of CO9
causes the Prgg to rise with Increasing T.

Because we know that the Pcgy of the atmosphere
during the lce age lies between 200 and 220 ppm
[Neftel et al., 1982}, we expect to find a model
solution for the ice age between the 200~ and 220-
ppm Pgp2 isolines in Figure 6a. To reach this
region of parameter space, a substantial reduction
in fpq Is required. The deep-sea oxygen deficit
in this region of parameter space lies between 280
and 325 umol/kg. Because the oxygen content of
the deep sea at full saturation would be about 325
umol/kg at today's average deep-sea temperature,
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we see that the model's ice age prediction lies
very close to a condition of full anoxia in the
deep sea. Although it is not shown here, the
phosphate content of high-latitude surface water
parallels the AOU4q isolines. To reach the 200-220
ppm Pgp2 region in Figure 6a requires a reduction
in P04y from 1.41 imol/kg to about 0.6 to 0.7
pmol/kg.

From observations by Shackleton et al. [1983b]
and others clted by Broecker [1982], we know that
the 813 of planktonic forams did nmot change appre-
ciably between the lce age and recent times, This
is equivalent to saying that the 813 content of
the low-latitude surface box did not change. In
Figure 6c we have plotted the differences between
the 813C content of low-latitude surface water as
obtained from the ice age simulation, and the pre-
industrial § 302 determined above (+2.64 per mil),
We see that the O isoline, which shows no dif-
ference between the ice age and preindustrial,
passes through the 200-220 ppm Pcpo field directly
below the modern solution and at somewhat smaller
values of T, If we choose as a representative ice
age solution the Intersection of the Pgpy = 210
ppm and asl Cg 0 isolines in Figure 6¢c, the
model predicts that fyg was only 10 Sv during the
lce age, one fifth of its present value, and T
was about 12 Sv, a little more than half its pre-
sent value., The particle flux from low-latitude
surface water was lower along with T at 0.55 moles
¢ w2 yr~! down from 0.9 moles C w2 yr=l. 1Inm
Figure 6a we predict that the atéc content of the
Lce age atmosphere was about +100 per mil., More
significant, perhaps, is the prediction that the
alég gradient between low-latitude surface water
and the deep sea was about 200 per mil compared to
about 110 per mil for the modern ocean.

In Figure 6d we have plotted the difference
1n 813C between ice age and prelndustrial high-
latitude surface water (8'”Cy preindustrial =
+1.72 per mil)., The model predicts that the §13¢
of high-latitude surface water was more than 0.5
per mil heavier during the Ilce age.

Figure 7 summarizes our results for the pre-
industrial and ice age scenarios. Steady state
concentrations of oxygen, phosphate, alkalinity,
and LCOp are given for the three ocean boxes.
Isotopic ratios for 13¢ and l4¢C are given for the
ocean boxes and atmosphere, Water fluxes in
Sverdrups are indicated alongside the transport
arrows, and particle fluxes in moles C per square
meter per year are given next to the wiggly
arrows. Asterisks indicate that concentrations
or fluxes are fixed values.

Sarmiento and Toggweliler [1984] illustrate an
ice age scenario in which fpq is held constant and
the high-latitude particle flux is allowed to
vary. This scenario predicts a 70-ppm decrease in
atmospheric Pgg? with an increase in the high-
latitude particle flux to 5 moles C mz/yr"l. The
effect of a change in high-latitude particle flux
on the model is virtually identical to a change in
fnd except that the ventilation time for the deep
sea would remain at modern values in the former

case., Sarmiento and Toggweiler examine the possi-—
bility that atmospheric CO2 changes might be dri-
ven by changes in high-latitude insolation acting
to increase or decrease the high-latitude particle
flux, According to this scenario, high-latitude
insolation and particle fluxes may have been
enhanced during periods of greater tilt in the
earth's axis, e.g., 10,000-15,000 years ago. This
possibility has been analyzed in more detail by
Knox and McElroy [1984].,

We find it hard to imagine, however, that a
10 or 15% change in insolation could produce a
500% change in the organic particle flux from
high-latitude surface water. It seems much more
physically reasonable that lower lce age Pgga's
were caused by a change in Antarctic circulation
or convection which produced a large reduction in
fhd» as will be discussed below. This conclusion
is shared by Slegenthaler and Wenk [1984]. The
important feature common to both of these lower
Ppp2 scenarios is a large reduction in high-lati-
tude nutrient concentrations. We have also
adapted the model to Broecker's [1982] shelf ero-
sion hypothesis by increasing the model's deep-
ocean phosphate content and have found an inter-
esting result: the Pggy of the atmosphere does
not go down with an increase in deep ocean phos-
phate unless the particle flux from high-latitude
surface water is also increased to pull down the
surface nutrient content.

An important consequence of the model's ice
age scenarlo is its illustration of how the deep
ocean's oxygen content varies with respect to fpg
and T (Figure 6b), It is commonly thought that a
sluggish ocean circulation leads to deep-sea
anoxia. If "sluggish” refers to smaller amounts
of both fpq and T, this conception is completely
wrong; when fpq and T vary together, the oxygen
content of the deep sea remains the same., The
oxygen content of the deep sea declines when
either (1) the thermohaline overturning becomes
more vigorous and fpq remains the same or (2)
exchange between the deep sea and surface in high
latitudes decreases and T remalns the same,
Changes in relative quantities of fpq and T alter
the deep ocean's oxygen content.

Discussion: What Is fpg?
The combined quantities of fpgq and T which are
required to account for today's partitioning of

C amount to some 70 Sv, Literature estimates
[Warren, 1981] of the rates of bottom water for-—
mation are substantially less, Most agree that
the rate of formation of North Atlantic Deep Water
(NADW) is about 10 Sv., Amounts of Antarctic Bot-
tom Water (AABW) sinking from Antarctlc continen=
tal shelves add up to less than 10 Sv,

One might characterize these types of deep
and bottom water as extreme end members on poten—
tial temperature versus salinity (T/S) diagrams,
They are relatively easy to locate in ocean sur-
veys and command the most attention as a result.
However, if these extreme types of deep and bottom



water represent the principal meang by which the
deep ocean is ventilated, the l4c/12¢ ratio in the
modern atmosphere would be substantially higher
than we observe. Broecker [1979] has estimated
that the time scale over which the deep western
Atlantic is ventilated is very short (not much
more than 100 years) because there is simply no
evidence that much l4C decay has occurred. Ten
sverdrups of NADW formation will not do the trick.

As a simplification we might think of the for-
mation of extreme T/$ water masses as the thermo-
haline overturning or 'T' process in this model.
As described by Warren [1981]

The sinking that is known to take place seems
not to be merely a concomitant of the overall
meridional density gradient, because most of
it occurs from sheltered, semi-enclosed
regions (Antarctic continental shelf,
Norwegian Sea, low-latitude marginal seas)
where near surface water is drawn in, con-
tained long enough to become exceptionally
dense, and then is forced back to the open
ocean, sinking to depth because of its high
density.

High-density bottom water displaces existing deep
water upward, leading to the upwelling component
of the T circulation. Because the formation of
dense bottom water is generally a high-latitude
process, the surface water which is "drawn in"” to
semienclosed basins must come from lower lati-
tudes. This is especially well illustrated in the
North Atlantic, where warm, salty surface water 1is
found at quite high latitudes and gives up great
quantities of heat when it cools. We see this
process occurring in the GEOSECS surface water
Pep2's [Broecker et al., 1979] which drop dramati-
cally below atmospheric values in the North Atlan-
tic north of 40°., North Atlantic surface water
flows poleward and cools at such a rate that the
exchange of CO2 with the atmosphere cannot re-
equilibrate the upper layers fast enough. We also
see evidence for the thermohaline nature of NADW
formation in the fact that the North Atlantic is
relatively impoverished in nutrients; it maintains
a low nutrient inventory because it imports
nutrient-poor surface water and exports deep
water.

The process which we call f}4 is another mat-
ter. We have been alluding to fyq as an Antarctic
process because the high-latitude Southern Ocean
covers such an immense area, and because the high
nutrient content of Antarctic surface water seems
to reflect frequent contact with deep water. From
a global ocean heat blance Gordon [1975] has esti=-
mated that 38 Sv of Antarctic Bottom Water must be
formlng to account for the ocean's heat loss to
the atmosphere. In an earlier paper, Gordon
[1971] estimated that an upwelling of 60 Sv of
upper Circumpolar Deep Water with a salinity of
34,6 per mil is necessary to balance the input of
fresh water to the Antarctic surface. This volunme
of upwelling is consistent with that theoretically
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generated by Ekman divergence south of the polar
front. Gordon [1981] contrasts conditions in the
Arctic and Southern oceans. In the Arctic, large
amounts of fresh water input produce a strong,
sharp pycnocline. Very low nutrient concentra=
tions are found in the low-salinity upper layer.
The Antarctic pycnocline is characterized by low
stability. A relatively small fresh water lunput
nearly balances an upward thermal bouyancy flux
from warm Circumpolar Deep Water.

Although the mass balances require large-scale
overturning in the Antarctic of the right magni-
tude to comply with our fypq requirement, the
actual overturning is not easy to observe. Gordon
[1982] reports on observations made during 1977
and 1978 in the Weddell Sea In which an extenslve
patch of anomalously cold deep water was found
between 200 and 2700 m, The patch of cold water
was about a half degree colder than water in the
same area during the early 1970's. Gordon attri-~
butes the cold patch to convective mixing between
deep water and wintertime surface water during the
Weddell Polynya which persisted from 1974~1976 in
the same area. The rate of overturning required
to produce this feature is estimated to be as high
as 15 Sv during the Polynya years. Gordon {1978]
has also observed a narrow (14 km radius) cold
core eddy east of the Weddell Sea which extended
from 200 to 4000 m. This eddy is also thought to
have been a remnant feature of wintertime convec-
tion.

If 50 Sv of deep water does in fact upwell to
the surface, where does it go? Some small frac-
tion of it sinks as bottom water from the Weddell
Shelf. Some part flows equatorward and sinks at
the Antarctic Convergence to form intermediate
water. The remainder must cool and sink back into
the mass of Circumpolar Deep Water. Apart from
the few verifiable episodes of open ocean convec-
tion and perhaps 10-15 Sv of intermediate water
formation, it is not easy to find 50 Sv of water
sinking around the Antarctic today. We therefore
leave the search for fyg partially unfulfilled.

Evidence for Changes in High-Latitude Convection
in Antarctic Sediments

From the distribution of opal in Antarctic
sediments Cooke and Hays [1982] have claimed that
sea ice extended out from the continent on a year-
round basis during the lce age. Winter sea ice
coverage 18,000 years ago was probably double the
present winter sea ice cover. Cooke and Hays
claim that summer sea ice covered slightly more
area than present winter ice. Although this
latter conclusion has been refuted by more recer .
work [Burckle et al., 1982], it is clear that the
zone of diatomaceous ooze which characterizes
modern Antarctic sediments in the zone of season-
ally varying sea ice was displaced hundreds of
kilometers to the north 18,000 years ago. In two
of the cores studied by Cooke and Hays, sedimen-
tation rates averaged more than 30 cm/1000 years;
Cooke and Hays are able to show that the pattern
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of sedimentation changed within 200 years at these
sites about 14,000 years ago, just before or
during the beginning stages of important changes
In northern hemisphere ice volume [Ruddiman and
McIntyre, 1981]. Oeschger et al., [1984] have
dated the rise of atmospheric CQp levels at the
end of the last ice age at about 14,000 years B.P,

Hays et al. [1976a] and Cooke and Hays [1982]
have also shown that the abundance of the radio-
larian Cycladophora davislana in Antaractic sedi~
ments shows an abrupt decline in conjunction with
the southward displacement of silicious ooze at
the close of the last ice age. C. davislana abun-
dance as a percentage of the total radiolarian
fauna drops from 30-40% to less than 5% over a
wide expanse of the Southern Ocean. Morely and
Hays [1983] have shown that high abundances of C.
davislana in modern sediments are found only in
the Sea of Okhotsk. Morely and Hays propose that
the Sea of Okhotsk represents a modern analogue of
oceanographic conditions that existed in high-
latitude reglons during the late Pleistocene. The
preseat Sea of Okhotsk is capped by a very low
salinity upper layer and strong pycnocline, in
stark contrast to Antarctic conditions today
[Gordon, 1981],

Following Morely and Hays [1983], we propose
that surface water around the Antarctic 18,000
years ago was capped by a stable pycnocline which
inhibited deep convectlon. This surface layer was
relatively depleted in nutrients and, as a result,
the COp content of the atmosphere was lower. At
present, upwelling of warm, Circumpolar Deep Water
prevents salinities in Antarctic surface water
from falling much below 33.8 per mil and provides
a substantial amount of the heat needed to melt
back Antarctic sea ice In the spring [Gordon,
1981]. This upwelling is driven by Ekman diver-
gence in the cyclonic gyres between the Antarctlic
Circumpolar Current and the Antarctic coast. The
sedimentary evidence suggests that the circulation
in these gyres was radlcally disrupted during the
1ce age.

What, then, would stir up the cyclonic gyres
and restart deep Antarctic convection 14,000 years
ago? Changes Iun the earth's orbital parameters
may have Increased the shear in the zonal wind
field near Antarctica, increased the local Ekman
suction, and forced a general meltback of Antarc-
tic sea ice. Or, a decrease in local precipita-
tion or meltwater runoff from the continent might
have reduced the stability of the Antarctic water
column, Detailed examinatlion of these possibili-
ties Is beyond the scope of this paper. We can,
however, suggest an oceanographic factor which may
have played an important role. The buoyancy flux
which causes the present Antarctic water column to
be so close to neutral stabllity comes from deep
water which is about 3°C warmer than winter sur-
face water. The warmth of present-day deep water
is due to its component of relatively warm, salty
North Atlantic Deep Water. Streeter and
Shackleton [1979] and Boyle and Keigwin [1982],
among others, have shown that the production of

NADW was reduced during periods of maximal ice
sheet extent and ice sheet growth. The cessation
of NADW formation would tend to stabilize the
Antarctic water column and lower atmospheric Pggy.
Conversely, the return of NADW formation would
tend to reduce stability in the Antarctic water
column and open up the possibility of deep convec-—
tion and COp release from the deep ocean.,

Other Evidence

The best evidence in favor of our hypothesis,
that a change in high-latitude convection is re-
sponsible for the glaclal to interglaclal changes
in the COy content of the atmosphere, is the
synchronelty of Antarctic sedimentary changes and
the atmospheric Ppgy change. What other evidence
do we have which might be brought to bear on the
predictions of this model? The most obvious
change predicted for the ice age ocean is the near
anoxia of the deep sea. Broecker's [1982] shelf
extraction hypothesis predicts an oxygen depletion
for the deep sea of the same magnitude., If the
average oxygen content of the deep sea was 50
umol/kg or less, we should expect to see abundant
evidence of anoxic sediments in areas where oxygen
minima are present today. Vast areas of the deep
Pacific should have been in contact with a greatly
intensified oxygen minimum zone.,

We can find no evidence of an anoxia of this
scale. We can, however, offer several reasons for
its apparent absence., First, the most oxygenated
water In any ocean will be found near the bottom
where most of the ocean's sediments are located.
Second, 1f the duration of the intense anoxia were
about 10,000 years, we might expect to see only 10
cm of sediment accumulate during this period of
time. When oxygen returns to the deep sea and
benthic organisms recolonize formerly anoxic
areas, their bioturbation may erase the record by
oxidizing the 10 cm of anoxic sediment. Areas
most likely to preserve a large-scale anoxic event
would therefore be (1) in the Pacific at 1000-3000
m depth and (2) in regions of high sediment accu-
mulation. Areas of high accumulation in the Paci-
fic in this depth range would mainly be on con-
tinental slopes. Such areas are the least desir—
able areas to study from a sedimentological point
of view because turbidites and slumping make
dating very difficult, 1f not impossible.
Therefore, we conclude that although it is un-
likely that a major anoxic event could have gone
undetected, there are reasons why this might be
80, A systematic search in the deep Pacific for
evidence of lower oxygen levels 1s clearly needed.

The model also predicts that the 6!3C content
of high-latitude surface water was higher during
glacial time by at least 0.5 per mil and that the
phosphate content was lower by about 0.7 ymol/kg.
Either of these predictions might be verified by
measuring the isotopic content of Antarctic plank-
tonlc forams or their Cd to Ca ratios [Boyle and
Kelgwin, 1982]. A fundamental difficulty is that
planktonic foraminifera do not thrive 1n cold



Antarctic waters and are not abundant in Antarctic
sediments south of the polar front. Diatoms are
much more successful in the Antarctic, where
gsilica is available in abundance.

A better test might be measurement of Cd to Ca
ratlos in ice age Antavctic Bottom Water. If ice
age surface water was dramatically lower in nutri-
ents, the cadmium content should have been lower
also [Boyle and Keigwin, 1982]. Therefore,
benthic forams 1living in areas bathed by Antarctic
Bottom Water might record the surface water sig-
nal. One problem with this idea 1s that present-
day Weddell Shelf Water entrains surrounding deep
water as it sinks to the bottom. This will atten-
uate whatever surface signal is present.

The model predicts that the A**C content of
the Ice age atmosphere was about +100 per mil,
assuming there has been no change in the 14C pro-
duction rate. The oldest varved lake sediments,
taken from Lake of the Clouds, Minnesota, date
back to 10,000 years B.P. and have an age-
corrected 14C activity of +90-100 per mil
[Stuiver, 1971]. Variations in atmospheric lé4¢
have been commonly attributed to changes in the
earth's magnetic dipole field. Radiocarbon
measurements, like those of the Lake of the Clouds
record, are often held out as evidence of a long~-
term (8000-9000 year) slnusoidal variation in the
magnetic field which has caused the C production
rate to vary., Keir [1983] has investigated the
possibility that higher radiocarbon levels in the
atmosphere 10,000 years ago might be evidence for
a slowdown In deep sea ventilation in combination
with a magnetic field oscillation. Longer, inde-
pendently dated 14¢ records are needed before
atmospheric be changes at the glacial-inter-
glacial boundary can be assessed.

Finally, the model predicts that the gradient
in A*"C between surface water and deep water
doubled from present values. The difference be-
tween surface and deep water lag activity should
be independent of uncertainties regarding
atmospheric C production. A promising new tech-
nique was unveiled recently to measure this dif-
ference in handpicked planktonic and benthic
forams which are subjected to accelerator g
dating [Andree et al., this volume]. Even with
the passage of three 1AC half-lives a glaclal to
interglacial signal of 100 per mil should be
detectable.

Conclusions

Overturning of the low—-stability Antarctic
water column makes surface water over a broad
expanse of the Southern Ocean much like average
deep water with relatively high nutrient and ICO)
contents. As a result, the modern deep sea is
well oxygenated, and the atmospheric Ppgg 13 rela-
tively high. We have proposed that during the ice
age this overturning was disrupted, leading to a
less oxygenated deep sea and a reduced atmospheric
Pcoz. This proposal is consistent with sedimen-
tological evidence which suggests that the lce age
Southern Ocean was capped with an intense pycno-
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cline and a low-salinity upper layer. An abrupt
change 1n Antarctic sedimentation about 14,000
years ago occurs at about the same time that
atmospheric €Oy levels began to rise., We have
demonstrated that a fivefold reduction in the rate
at which high-latitude suvrface water exchanges
with the deep sea can produce a 70=ppm lowering of
atmospheric Pgg2 and can reproduce the late
Pleistocene-Holocene §!13¢C changes recorded in
ocean sediments.

The four-box model developed here offers a
number of predictions about the ice age ocean and
atmosphere which may be verifiable in future work.,
There are as follows:

1, The average oxygen content of the deep sea
was within 50 umol/kg of zero oxygen.

2, The average phosphate content of newly
formed deep water was 0,6-0.,7 umol/kg, or about
half that of today's Antarctic surface water.

3. The §13C content of high-latitude surface
water was more than 0.5 per mil heavier than
preindustrial values,

4, The '4C content of the atmosphere was about
+100 per mil, assuming there has been no change
in the l4¢ production rate in the upper atmos-
phere.

5. The Al%C difference between warm surface
water and average deep water increased by 100 per
mil over the present difference of about 110 per
mil,

Because the time scales over which these gla-
clal to interglacial changes might occur are the
same as those which goven the overturning of the
ocean (500-1000 years), the climatic forcing of
atmospheric CO2 probably played a pivotal role in
amplifying the orbital forcing which paced the
climatic changes [Hays et al., 1976b].

Aprendix

One can think of the model as a set of simple
linear equations which can be solved by algebraic
substitution. The actual solution requires a
nested iteration scheme, however, because of the
nonlinear equation through which the Pggo values
of the two surface boxes are computed [Takahashi
et al,, 1980],

The model equations are given below in their
complete form. In contrast to the equations in
the text we Include the terms fgpq4, fgy, PO4y, and
AOUp. The latter two are assumed to be constants
which are given to the model as input parameters.
We start below with the equations for Py, Pp
describing the phosphorus particle fluxes and
proceed to list a full set of equations for P04y,
P04y, Alky, Alkg, and Alkg,

Py = P04d°(T+f2d) + PO[’h"f.Qh - PO4£°(T+f£d+fg’h)
(Al)

P04d°fhd - P°4h°(T+fhd+f£h) + PO[’R“(T'*‘f,Q,h)
(A2)

Ph

r02:p° (PgtPy) = AOUg e (T+Epgt+fgq) ~ AOUL.(T+Epg)
(a3)
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Combining equations (Al), (A2), and (A3) and
substituting the conservatlon expression for P04y
(see equation (11) in text) we find

o THE, HE,, POAL  AOU, 40U,
PO4, = [  ( - )+
Tfha Y4 To2:p  Y02:P
£ THf. +f v
b0k (3, naea Te
T T, v,
THE +f v
s ha"ad, Tnyel (a6)
T+, v,

In producing Figures 3, 4, and 5, for the pre-
industrial ocean we start with equation (A4)
because AOU4 is a known quantity. We then derive
Py and Py as in (Al) and (A2).

For an ice age simulation we do not know the
AOU of the deep sea. We assume instead that Py is
the same as that given by the preindustrial solu-
tion. The phosphate balance for the high-latitude
box is then rewritten as in equation (A5):

fha \J)
PO4 = [PoaT- 7, = P+ PO4 (T + £, - fhd'V;)]
Vo 1=1
T+ o + Fpq(l * V;)] (A5)

Py can then be calculated using equation (Al) and
AOU4 using (A3).
For alkalinity we have

Alk, = (4A6)

where

hd * fan
No=T+ £ o
A= L(e .+ (T4, )
7 (g 2d
v
2
T+t fha " ¥
d
B =
Yy
+ (T+ .
N+ (T4, ) 7.

“¢h
Alk, = [Alkh«(M =T+ £ )0 —
T+f
2h
*nepC T 0 Byt B
(T+E , ) (T+E, ) _
.[f - h 2d ] 1 (A7)

hd N

Alky = [Alk o (T+E, ) + Alk f /N (A8)

g tn” Fatk:p el

The term Alkr which appears in equation (A6)
represents the total number of equivalents of
alkalinity in the ocean see (see Table 2).

Solving the ICO2 equations requires iterating
to a stable solution. The procedure consists of a
IC02y loop nested within a IC02y loop. Each loop
involves an iterative convergence in which the
Ppp2 and ICOp are successively recalculated.
After each %COpp (outer) loop is completed, a new
LC024 and Pppoarp is determined. When the dif-
ference between successive values of LCO2y reaches
a specified minimum, the procedure stops. The
LCO) equations are given below followed by a
detailed outline of the entire procedure.

vy A £ °h

£coz, = [(zcozT—PCOZatm» s V;

g, °B
+ _lL.Jl (P

M co2atm ~ Pcozh)

B
* 8Bt % Peozatm T Pcozl)]

v £
Jql+a VE -
d

(A9)

€02, = [£CO2, o(M = (T+f, ) ——

d h

T+£

2h
o o +
*ryep 0 R Py Py

)

“ 2,80 Coogaem ~ Pcozh

T+f2h

7 08B ®Prooaem ~ )]

- ( P
COZ2

)
d (A10)

o (T+
[f . (T+f£h) (T fz
*1"hd N



£€02y = [ECO2,+(T+fy,) + £CO2, -f

¢h ~ Trc:pPy
)] /N (Al1)

* 8B Prooatm ~ Pcozl

where A, B, M, and N are the same as for alkali-
nity above and Bg and By are the COp solubilities
according to Takahashi et al., [1980]. The term
ICO27 which appears in equation (9) represents the
total number of moles of COy in the ocean-atmos-
phere system (see Table 2). The Pgpy of the
atmosphere is a simple weighted average of Pcoz,

and PCOZh

gsL‘Bz"Az’Pcoz2 + gh°8h'Ah'Pcozh

P
cozatm g, °ByAy * 8 B Ay

(A12)

where Ag and Ap are the respective areas of the
low—- and high-latitude ocean boxes.

A complete outline of the solution procedure
follows in schematic form.

For a given set of flux parameters (T, fpq,
fed» and fgp)

-determine PO4} using equation (A4) or (A5).

-determine Py and Py using PO4y and (Al) and
(A2).

-determine Alky, Alky, and Alky using
equations (6A) - (8A).

Guess initial values for IC02g and ICO2y.

-determine Pgop, and Pggo, using Alkg,
Alky, the initial values of ICO2p and
L1002y, and the Pgpg2 subroutine of
Takahashi et al. [1980].

~determine Pgp2atm using equation (Al2).

~determine an initial value of LC024 using
(Al10).

Begin iteration
~® r®~calculate Peog, using Alky and IC02y
-calculate a new value of ICO2j ("ZCOZQB"
using ICO02p and IC024 and equation (All),
~if 0.002 pmol/kg > ABS (£C02¢% - £CO2,M),

r——-3ump out.,
=IC02p = ECO240 + (ECOZQ“

- £€024°)/100

-calculate Pgpp, using Alky and ICO2p.

~calculate a new value of Pgoos¢p using
(A12),

~calculate a new value of LCO2j ("ICO2,n")
using equation (A9).

~test new LCO2y against old ICO2y
-if 0.0005 pmol/kg > ABS (ICO2y°-ICO24M),

jump out.
' =LC02 = LCO2h® + (ICO2pM - £CO24°)/5
—calculate a new EC02q using ICO2y, and

l equation (Al0).

~test new LC02y against old IC02y ("IC024°0"),

("£C02;,0").
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For the carbon 1isotopes the same iterative
procedure is followed except that values of
Pco2atme PCOZ%Q and Ppoop are carried over from
the ordinary ““C solutions. Because the Ppgg's
for *“C do not have to be recalculated for each
iteration, the convergence is much faster.

The 13¢C and C contents of the ocean and
atmosphere are expressed in the model in pseudo-
£C0y (concentration) form following the l4cx pota-

tion of Cralg [1969]. This means that the frac—
tional isotopic deviation from the isotopic refer-
ence (i.e., 1 - 613¢/1000 or 1 - al4c/1000) is
simply multiplied by the ICO2 or Pggz. Because
the isotopic results are converted back into delta
notation at the end of a model rumn, the isotopic
ratio of the reference never enters the calcu-
lation.

The biological fractionation factors for 13¢
and 146, € and €, respectively, only apply to
the organic fractions of the particle fluxes.
Therefore each appears in an expression, (l—fca)is
+ foas, when multiplied by Py and Py in the isoto-
pic ICOy equations. Here f., is the fraction of
the carbon flux which is CaC03; the isotopic frac-
tionation assoclated with CaCO3 formation or
dissolution is assumed to be negligible. 13¢ 15

gual to 0.977; 1.e., the per mil fractionation for
¢/12¢ in organic matter is -23 per mil. l4%c ig
equal to 0.954.

The atmosphere-ocean partial pressure differ-
ence for carbon isotope 1 is written according to
Siegenthaler and Munnich [1981] as follows:

i i

i i i
KF ( fas(T)n Ratm * PCOZatm - fsa(T). Rs.PCOZS)

where the subscript s denotes ocean surface, KF is
the kinetic fractionation factor, and ifas and
ifSa are the temperature dependent thermodynamic
fractionation factors for air to sea and sea to
air transfer, respectively. The iR terms represent
the isotopic ratio of isotope 1 to isotope 12 in
the reservoir in question; in our model formulation
the 1R terms appear as ZiCOZ/Zl 002 where the
212C02 concentration is carried over from the 12¢
solutions. Table Al lists the kinetic and air-sea
fractionation factors for the modern and ice age
temperatures used in the model.

Decay for radiocarbon is expressed by substi-
tuting M' and N' below for M and N in the ICO)
equations:

M' = T + fhd + f'Q,‘h + )\°V‘h (A13)

N' =T + foq + fon + AeVy (Al4)
where X 1s the decay constant for 14C, 1.2097x10~4
yr~1, and Vy and Vg are box volumes. The decay of
radiocarbon in all of the model reservoirs must be
balanced by the input of new L4¢ o the atmosphere,
To account for the addition of new 1%4C in the

equations, we add the expression A/M'-ICO27 to the
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TABLE Al., Fractionation Factors for Gas Exchange
Ocean
Temperature 13fas sta léfas léfsa gy Yagy
Modern
Low-latitude box 21,5 0.99893 0.99091 0.99786 0.98182 0.9995 0.9990
High-latitude box 2,5 0.99884 0,98860 0.99768 0.97720 0.9995 0.9990
Ice e
Low=latitude box 20,0 0.09893 0.99076 0.99786 0.98152 0.9995 0.9990
High-latitude box 2.0 0.99884 0.98854 0.99768 0,97708 0.9995 0.9990

numerator of equation (A9) for LCO2p and add
A+214C027 to the numerator of equation (Al2) for
Pco2atme We subtract A°214COZT from the numerator
of equation (Al0) for ICO24.
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