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Abstract. We examine the processes responsible for the distribution of 813C in a global ocean
model. The dominant sources of gradients are biological processes and the temperature effect on
isotopic fractionation. However, in a model without biology developed to examine the
temperature effect of isotopic fractionation in isolation, we find an almost uniform 313C
distribution. Extremely slow 813C air-sea equilibration does not permit the surface ocean to come
into equilibrium with the atmosphere and 813C in the ocean thus becomes well mixed. However
biological effects, which are interior to the ocean, are strongly expressed and minimally effected
by air-sea exchange. Biological fractionation thus dominates the oceanic 613C distribution. An
important feature of the model is an extremely large northward transport of isotopic anomaly. The
transfer from the ocean to the Northern Hemisphere atmosphere of 120 Pg C %o is equivalent in
magnitude to the signal that would be generated by a net terrestrial biospheric uptake of = 5 Pg C
yr-1 from the Northern Hemisphere atmosphere, or an = 1-2%o disequilibrium between terrestrial
respiration and photosynthesis. Improved ocean model simulations and observational analysis are
required to test for the possible existence of such a large oceanic transport of isotopic anomaly.

1. Introduction

Measurements of carbon isotopic ratios in atmospheric CO,
and in dissolved inorganic carbon in the ocean provide valuable
information that can be used to constrain carbon fluxes between
the ocean, atmosphere, and terrestrial biosphere. The additional
information provided by 813C data is a result of the large frac-
tionation of 13C from !2C during photosynthesis relative to the
small fractionation during air-sea gas exchange [Ciais et al.,
1995; Francey et al., 1995; Keeling et al., 1995].

Measurements of 313C in the ocean and atmosphere have been
used to estimate the uptake of anthropogenic carbon by the global
ocean [Quay et al., 1992; Tans et al., 1993] and to infer the exis-
tence and cause of a north-south gradient in preindustrial atmos-
pheric pCO, [Keeling et al., 1989b]. Keeling et al. [1989b] used
model results to infer that 0.9 Pg C yr! were transported north
across the equator by the preindustrial atmosphere. A N-S gradi-
ent in preindustrial atmospheric pCO, would be supported by the
interhemispheric transport of carbon by the ocean. Broecker and
Peng [1992] used oceanic data to estimate that 0.6 Pg C yr! were
carried south in the Atlantic, revised later by Keeling and Peng
[1995] to 0.4 Pg C yrl.

While our ocean carbon cycle model transports 0.17 Pg yr!
south across the equator in the Atlantic Ocean, on a global scale
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this model transports only 0.12 Pg C yr! south across the equator
[Sarmiento et al., 1995; Murnane et al., 1999]. The small
amount of global southward transport is a feature seen in other
ocean general circulation models [Sarmiento et al., 1999]. A cor-
rection for transport of carbon delivered to the ocean from rivers
[Aumont, 1998] increases the global southward transport by 0.35
Pg C yr! [Sarmiento et al., 1999]. With these changes, the
southward transport of carbon across the equator in our ocean
general circulation models is 0.47 Pg C yrl.

Here we examine the oceanic 813C cycle through a series of
model simulations using the Geophysical Fluid Dynamics Labo-
ratory (GFDL) Modular Ocean Model (MOM) code [Pacanowski
et al., 1993] with an embedded carbon cycle model. We investi-
gate the dominant processes controlling the surface and deep
ocean distributions of 813C in the model and estimate the prein-
dustrial interhemispheric gradient in the §!3C of atmospheric
CO3 that is consistent with the ocean model's interhemispheric
transport of isotopic anomaly. The natural cycle of isotopic car-
bon is based on a steady state preindustrial model of the oceanic
carbon cycle [Sarmiento et al., 1995; Murnane et al., 1999]. We
also compare to data the changes in model ocean 8!13C produced
by the anthropogenic transient. The anthropogenic transient is
simulated by changing the atmospheric boundary condition of the
model in a manner consistent with historical estimates and
measurements of atmospheric CO, and 3!3C composition.

We use the “carbon pump” approach to quantify the effects of
chemistry, biology, and gas exchange on oceanic 8!13C distribu-
tions. Two different gas transfer velocities are used to invest.gate
the response of 813C to changes in gas exchange kinetics. The
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“standard” models use the Wanninkhof [1992] wind speed de-
pendent gas transfer velocity. The “potential” models restore sur-
face ocean concentrations to equilibrium with the atmosphere
every time step. The gas transfer velocity in the potential models
is Az/At = 42 m d-1, where Az is the surface layer thickness (50
m) and At is the model time step (~1.5 days). For comparison, in
the standard models, the wind speed dependent gas transfer ve-
locity [Wanninkhof, 1992] and wind speeds [Esbensen and
Kushnir, 1981] result in an area-weighted, global mean gas trans-
fer velocity of 3.9 m d-1.

The response of 8!3C to changes in carbon solubility due to
temperature and salinity variations is studied with a potential
solubility model. The response of §13C to the combined effects
of biology and solubility is studied with a potential ocean biogeo-
chemistry model (OBM). Carbon chemistry is not linear with re-
spect to variations in temperature, salinity, carbon, and alkalinity
so that separate simulations of biological and solubility effects
cannot be linearly combined to determine the combined effects of
biology and solubility. We therefore estimate biological effects
on 613C from the difference between the potential OBM and
solubility models.

This is not the first time that the “pump” approach has been
used to analyze carbon distributions in the ocean. Volk and Hof-
fert [1985] attributed the distribution of carbon in the ocean to
solubility, soft tissue, and carbonate pumps. Volk and Liu [1988]
and Sarmiento et al. [1995] discussed the effects of the soft-tissue
and solubility pumps on carbon cycling for selected regions of
the ocean. Murnane et al. [1999] used a global ocean model to
avoid some of the simplifications made by Volk and Liu [1988]
and extended their analysis of the carbon pumps to consider
preindustrial and anthropogenic components of the carbon cycle.

Below (Section 2) we analyze the processes responsible for
the distribution of 8!3C in the model ocean using the pump ap-
proach and include in the analysis the effects of gas exchange
through the standard and potential models. We first give some
background on the carbon cycle model (details are given in the
appendix) before examining the effects of gas exchange, chem-
istry, and biology on 813C distributions in the steady state prein-
dustrial ocean. We then analyze the response of modeled oceanic
813C to the anthropogenic transient. Finally, we estimate the
interhemispheric transport of isotopic anomaly (defined below)
by the preindustrial global ocean and its implications for the
interhemispheric gradient in the 8!3C of atmospheric CO,.

1.1. Model description

We use for our ocean model an annual mean 4° version of the
GFDL primitive equation MOM code [Pacanowski et al., 1993].
A description of the original model, its ability to reproduce the
observed uptake of 14C, small modifications to the model, and the
impact of these changes on tracer transport are given elsewhere
[Toggweiler et al., 1989a; Toggweiler and Samuels, 1993a, b].
The total model depth of 5000 m is represented by 12 levels of
increasing thickness. The thickness of the top, second, and bot-
tom levels is 50.9, 68.4, and 869 m, respectively.

The relevant biologically active tracers carried in the model
are phosphate, dissolved inorganic carbon (DIC), DI!3C, total al-
kalinity (TA), labile dissolved organic carbon (LDOC), and
LDO13C. DIC and LDOC are the sum of 12C and 13C in each
phase. The LDOC fraction represents the DOC that causes upper
ocean DOC concentrations to be greater than the relatively
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constant deep water concentrations. Particulate organic carbon
(POC) is modeled implicitly. Details of the model treatment of
DIC and LDOC are given by Murnane et al. [1999] and the ap-
pendix.

The model is forced with annual mean wind stresses
[Hellerman and Rosenstein, 1983] and buoyancy fluxes deter-
mined by restoring the surface levels to annual mean tempera-
tures and salinities based on observations [Levitus, 1982]. The
long timescales for CO, mass and isotopic equilibration suggest
that seasonal effects on DIC and §!3C due to air-sea gas ex-
change will be relatively restricted. The consequences of sea-
sonality on biological processes are likely to be more significant.
We are currently working toward the inclusion of seasonality in
our carbon models to resolve this ambiguity.

We produce an ocean in dynamic equilibrium with the prein-
dustrial atmosphere by fixing atmospheric pCO, at 278.2 ppmv
(dry atmosphere value) with a 813C = -6.52%o and allowing CO,
and 13CO, to invade the ocean until the globally integrated air-
sea fluxes of CO, and isotopic anomaly are negligible. The
relatively precise pCO, and 8!3C boundary conditions are chosen
to match the initial point of the spline fits of observations used in
the anthropogenic transient simulation (Section 1.2 and 3).

1.2. Anthropogenic Transient

Simulations of the oceanic uptake of anthropogenic carbon are
performed by setting the atmospheric CO, content at a concen-
tration determined from a spline fit to data (Figure 1a). As at-
mospheric pCO, increases with time there is a net air-sea carbon
flux into the ocean. The anthropogenic carbon component in the
ocean model is defined as the difference between the flux or
concentration at a given time and the steady state preindustrial
value. The atmospheric CO, concentration history (F. Joos, per-
sonal communication, 1992) is based on a spline fit to data from
measurements of trapped air bubbles in the South Pole and Siple
ice cores [Neftel et al., 1985; Friedli et al., 1986] and atmos-
pheric measurements made at Mauna Loa [Keeling and Whorf,
1991] [cf. Sarmiento et al., 1992; Siegenthaler and Joos, 1992].

The isotopic history of the anthropogenic transient (M. Bruno,
personal communication, 1992) is based on a spline fit to §13C
values from the analysis of ice cores from Antarctica (Siple) and
Greenland (Dye-3) [Friedli et al., 1986], from estimated atmos-
pheric values provided by U. Siegenthaler (personal communica-
tion, 1992) that were based on measurements [Keeling et al.,
1979; 1989a], and from direct atmospheric measurements
(Francey, personal communication, 1995). The 813C data are
sparse (Figure 1b) compared with CO, measurements, and the
813C spline is not intended to represent an optimal estimate of the
atmospheric record.

1.3. Units

Isotopic data are usually reported as delta values with per mil
units. The delta value, §!13C, represents the departure in per mil
units of the sample's 13C/12C isotopic ratio, r, relative to a refer-
ence standard, rgt(d,

5:(-’——1)1000- )]
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However, the delta value is not conserved in addition and sub-
traction; we therefore use the “isotopic anomaly” to quZatify the
flux of 13C. The isotopic anomaly, 7, is defined as
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Figure 1. (a) Atmospheric history of pCO, and 8!3C used to force the global ocean carbon cycle model. The
scale for 813C is reversed to show the correlation between pCO, and 813C changes. (b) Atmospheric [Keeling et
al., 1979] and ice core [Friedli et al., 1986; Leuenberger, 1992] 813C and history (solid line) used to force models.

Solid lines in Figures la and 1b are identical.

; 13
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where Rgyq is the 13C/C ratio of rgg4, R is the 13C/C ratio of the
sample, and C = 13C + 12C. [ is a conservative tracer, as it is a
linear combination of C and 13C, and it has units of Pg C %o. [ is
a measure of the departure of R from Ry (if R = R, then 7 = 0).
A useful approximation is that / = C3!3C because 13C << 12C and
C = 12C. The model carries !3C and C explicitly so we could
present 13C and C results directly, but for comparison with data
and to exploit the advantages associated with isotopic ratios, we
use the approximation / = C313C for the remainder of our dis-
cussion. Note that / is a function of rgtd. The usual rgyq is the
Pee Dee Belemnite which has 13C/12C = 0.0112372.

@

2. Steady State Preindustrial Ocean

Previous studies have proposed that biological processes con-
trol deep ocean 813C [Broecker and Maier-Reimer, 1992; Lynch-
Stieglitz et al., 1995] and that “biological effects” cancel “ther-
modynamic effects” to produce the relatively constant surface
ocean 0!13C observed in the modern ocean [Broecker and Maier-
Reimer, 1992]. In agreement with previous work, we find that
biology is the major control on deep ocean §13C distributions.
However, biology's dominance in the deep ocean of the model is
due to the biological signal being overlaid on a relatively uniform
background 813C distribution produced by the solubility model.
The potential effect of the thermodynamic effects, 1.3, the
potential solubility pump, is quite large, but the signal is
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Figure 2. (a) DIC 8!3C as a function of depth for the preindustrial: solubility model, potential solubility model,
OBM, and potential OBM. (b) The contribution of gas exchange, solubility, or biological processes to the 813C
versus depth profile for the OBM model (Figure 2a). The sum of all the curves in Figure 2b plus 2.15%o yields the
OBM curve in Figure 2a. The level mean contributions are calculated using equation (3) and the values in Table 1.
The 2.15%o value is the 813C for seawater with surface mean 7 (°C), S (%o), and T4 (eq kg-!) in equilibrium with

the preindustrial atmosphere.

smoothed out because of the failure of the surface to equilibrate
with the atmosphere. The slow equilibration is a result of the
slow gas exchange relative to the rate at which waters in the
mixed layer are replaced with waters from below. Furthermore,
contrary to the earlier studies, at the surface of the ocean we find
that biological effects complement the dominant effects of wind
speed dependent gas exchange to drive mean surface ocean 813C
in the OBM away from thermodynamic equilibrium with the at-
mosphere.

We proceed by examining the §!13C distributions produced by
solubility, biological, and gas exchange effects. The volume-
weighted, level average 813C for the potential solubility model
increases with depth (Figure 2a) from a value of = 2%o at the sur-
face to = 4%o at depth due to slight differences in the temperature
sensitivity of the solubility of the different carbon isotopes. The
temperature sensitivity causes DIC in equilibrium with the at-
mosphere to become isotopically heavier by approximately 1%o
for every 10°C decrease in temperature. The 2%o increase in
613C through the water column is caused by the nearly 20°C
range in level mean ocean temperature.

Differences in the temperature dependence of 12C and 13C

solubility controls not only level mean 813C but also the spatial
distribution of 813C in the potential solubility model. The 813C
contours in zonal mean sections of the potential solubility model
(Figure 3) parallel temperature contours. The 30°C range in sur-
face ocean temperatures produces the nearly 3%o range in surface
ocean 813C (Figure 4).

The solubility model has a small range in 613C values (Figures
2, 3, and 4) relative to the range in the potential solubility model
because slow gas exchange essentially caps the ocean and allows
it to mix uniformly. The wind speed dependent gas transfer ve-
locity results in a 7 year timescale for 813C air-sea equilibration
in the topmost 50 m layer. High-latitude surface waters in the
solubility model are isotopically lighter than in the potential
solubility model because they cool and leave the surface before
the wind speed dependent gas transfer velocity allows them to
reach isotopic equilibrium with the atmosphere. Low-latitude
surface waters in the solubility model are isotopically heavier
than in the potential solubility model because they warm and di-
verge before the wind speed dependent gas transfer velycity al-
lows them to reach isotopic equilibrium with the atmosphere.

Isotopic fractionation of 13C from 12C during photosynthesis
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Figure 3. Zonal mean 813C as a function of depth and latitude. The results are for the preindustrial ocean.

makes POC and LDOC that are —23%o isotopically lighter than
DIC. In the model, isotopic fractionation during carbonate pre-
cipitation produces carbonate that is approximately 1%o heavier
than DIC. The net effect of the vertical flux of POC and carbon-
ate from the photic zone and their subsequent remineralization
and dissolution is to enrich the deep ocean in isotopically light
carbon because 6.3 times more organic carbon than carbonate
carbon leaves the model's euphotic [Murnane et al., 1999]. The
minimum in potential OBM 813C occurs where net remineraliza-
tion is the highest.

Local and volume-weighted level average surface layer 613C
in the potential OBM differs little from that in the potential
solubility model. Biological production has only a small effect
on the surface water parameters that determine the value of §13C
that is in equilibrium with the atmosphere (Figures 2 and 4). This
situation changes dramatically with the OBM. The slow air-sea
equilibration time in the OBM prevents the equilibration of sur-
face waters and the atmosphere. In upwelling regions such as the
Southern Ocean or eastern equatorial Pacific, surface ocean DIC
in the OBM can be more than 0.5%. lighter than in the solubility
model (Figure 4). In regions where export production drives

surface nutrients to low concentrations, surface §13C in the OBM
is more than 0.2%o heavier than in the solubility model.

The contribution of each effect to the final distribution of 613C
in the OBM is quantified using an index, Pindex(k), which gives,
in per mil units, the area-weighted horizontal mean difference

between a predicted 813C and a specified reference value for
o13C:

[(8°c,(i.j.k)-8"C, (i, j;k)dAG ), (3
[E23)

where dA(i,)) is the area of grid point (i,j, k), 813Cp(i,j, k) is the
predicted 813C at the grid point (i,j,k), and 813C(i,j,k) is the
specified reference 8!3C value at the grid point (i,j,k). The
813C(i,j,k) are different for each model scenario and chosen so
that the value of Pindex(k) will highlight the contribution of a
given process to the overall distribution of 613C in the OBM.
The 813Cg values used to calculate the different indices are listed
in Table 1.

The level mean index values calculated with (3) can be usc.SJ to
assess the contribution of specific processes to 813C at different

P () =
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Figure 4. Surface ocean DIC 813C for the preindustrial ocean predicted with the solubility and OBM potential and

standard models.

depths in the OBM (Figure 2b). The solubility contribution in-

creases with depth because water temperatures decrease with in-
creasing depth and the equilibrium 813C of DIC becomes heavier
with colder temperatures. The negative values for the solubility
gas exchange contribution at depth are a result of deep water in
the solubility model being produced from high-latitude surface
water which is isotopically lighter than potential solubility model
surface water (Figure 4). The small positive value for the
solubility gas exchange contribution in the surface ocean is due to
the large areal extent of low-latitude surface waters with 813C
values heavier than those in the potential solubility model (Figure
4). The sum of 2.15 plus the solubility contribution plus the
solubility gas exchange contribution produces the relatively
constant 813C profile for the solubility model (Figure 2a).

Below the surface level, the biological contribution to the
OBM &13C profile (Figure 2b) is negative due to the respiration
at depth of isotopically light carbon. At the surface the biological
contribution is essentially zero because both the potential OBM
and potential solubility model are restored to equilibrium with the
atmosphere.

The sum of the biological contribution and biological gas ex-
change contribution is the primary 813C signal seen in the OBM.
The primacy of the biological signal is consistent with previous
work [Broecker and Maier-Reimer, 1992; Lynch-Stieglitz et al.,
1995]; however, we find that this primacy occurs because the
solubility and solubility gas exchange contributions essentially
cancel and tend to produce an ocean with a homogeneous 813C
distribution. For a fixed amount of biological production, a sig-
nificant increase in gas transfer velocities will alter the balance
between the solubility and the solubility gas exchange contribu-
tion and diminish the primacy of the biological signal in the deep
ocean.

An examination of the surface ocean distributions of §13C
predicted with the different model scenarios shows that both
wind speed dependent gas transfer velocities and biology drive
surface ocean 813C away from equilibrium with the atmosphere.
The potential solubility model and potential OBM have nearly
identical surface ocean 813C distributions which vary by more
than 3.5%0 (Figure 4 and 5). The wind speed depeibient gas
transfer velocity in the solubility model produces a relatively
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Table 1. Specified and Predicted 813C Used to Calculate Pindex(k) and Define the Contribution of a Process

to the Distribution of 813C in the Model Ocean

Predicted 8!3Cp

Specified 8!13Cg

Contribution Defined by Pindex(k)

Potential solubility model 2.15 %o

Potential OBM potential solubility model

Gas Exchange Analysis

Solubility model potential solubility model

OBM - potential OBM solubility model - potential solubility
model

OBM potential OBM

solubility contribution
biological contribution

solubility gas exchange contribution
biological gas exchange contribution

total gas exchange contribution

The perturbation index, Pindex(k), is the area-weighted average of the difference between 3!3Cp and 813Cg as defined
by equation (3). The first two columns show the specified value and model results used to determine the contribution of
solubility effects, biological processes, and gas exchange to the overall distribution of 813C in the OBM. The value
2.15%o equals the 813C of seawater in with surface mean T, S, and TA in equilibrium with the preindustrial atmosphere.

constant surface ocean 813C which is far from equilibrium with
the atmosphere (Figure 5). Biological processes add structure to
the relatively constant 8!3C predicted with the solubility model
(Figure 4) and drive surface OBM 613C even further from equi-
librium with the atmosphere (Figure 5).

On the basis of these results, we suggest that the primary fac-
tor controlling surface ocean 8!3C distributions is the wind speed
dependent gas transfer velocity and that biology is a secondary
factor. This is a slightly different interpretation than that given
by Broecker and Maier-Reimer [1992] who state that biology
roughly counters thermodynamic effects. The difference in in-
terpretations can be appreciated by considering two points: (1)
Surface ocean 813C in the solubility model is far from equilib-
rium despite the lack of biology to counter thermodynarric (solu-
bility) effects, and (2) the potential solubility model and potential
OBM have nearly identical surface ocean 8!3C distributions. The
implications of an increase in winds are the same for both

interpretations: Air-sea disequilibrium will decrease. Note that
the biological gas exchange contribution is much smaller than
that of the solubility pump. Thus, for example, the effect of an
increased gas exchange rate would be primarily a shift of 313C in
the same direction as a shift from the solubility model toward the
potential solubility model.

3. Anthropogenic transient

Two recent papers used oceanic and atmospheric 8!3C data
from the 1970 to 1990 period to estimate the oceanic uptake of
anthropogenic carbon (Table 2). The first estimated the change
in oceanic 813C inventory between 1970 and 1989-1991 using
oceanic 8!3C measurements from the Pacific and a correlation
between 813C and Al4C to extrapolate results to the global ocean
[Quay et al., 1992]. The change in global ocean 8!3C inventory

7 (/813Cdz = -208%0 m), combined with assumptions about the

5_ T T T T T T
IS
2 4 -
£
)
°
S 1
()]
3
s 1 r .
=
=
N

Ol 1 1 1 ] 1 17

Latitude

Figure 5. Zonal mean 813C for the preindustrial surface ocean. The potential solubility model and potential OBM 7

lines appear to be one line because they are nearly identical.
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Table 2. Summary of Carbon Fluxes and 8!3C Terms in

Observations and Models for the 1970-1990 Period

CO; uptake, 13C inventory,  Air-sea disequilibrium* Suess effect
PgC yrl %o m %0 %0 yr1
Quay et al. [1992] 2.1+0.8 -208+45
Tans et al. [1993] 0.2 0.55 0.0015*
Heimann and Maier-Reimer [1996] 1.3 -114
Bacastow et al. [1996] 1.4-1.6 -0.0171
This study, OBM 1.7 -118 0.69, 0.83 -0.0115

* This is for Pacific Ocean only.

+ These are area weighted values. The two values for the OBM are for 1979 and 1990, respectively.

trend in atmospheric §!3C and about the terrestrial biosphere, led
Quay et al. [1992] to suggest that between 1970 and 1990 the
ocean absorbed 2.1£0.8 Pg C yr'l. The second paper estimated
that the ocean absorbed 0.2 Pg C yr-! during the 1970-1990 pe-
riod using measurements of atmospheric 613C and estimates of
the global average of air-sea isotopic disequilibrium [Zans et al.,
1993]. Tans et al. [1993] noted that the 0.2 Pg C yr'! rate of car-
bon uptake is much smaller than accepted estimates of the order
of 2 Pg C yrl [Schimel et al., 1995].

A third method of estimating anthropogenic carbon uptake
from oceanic 813C measurements is based on the Suess effect in
the surface ocean [Bacastow et al., 1996]. The Suess effect is de-
fined as the rate of change in surface ocean 813C through time
due to the release of isotopically light anthropogenic carbon to
the atmosphere. Bacastow et al. [1996] estimate from models
and 813C observations from the Sargasso Sea that the ocean ab-
sorbed 1.4-1.6 Pg C yr'! between 1970 and 1990.

We now compare results from these three papers to model es-
timates of the change in oceanic 8!3C inventory, air-sea 6!3C

Pacific Ocean Mixed Layer, 170W to 110W

disequilibrium, and the 813C Suess effect because they are key
terms for estimating the oceanic uptake of anthropogenic carbon
from 813C data. Using the OBM, we predict that between 1970
and 1990 the global ocean absorbed 1.7 Pg C yrl. At the same
time the oceanic 813C inventory in the OBM changed by -118%o
m (Table 2). The OBM estimate of 1.7 Pg C yr1 uptake between
1970 and 1990 is consistent with the observationally based esti-
mates of Quay et al. [1992]; however, the OBM has much
smaller changes in 813C inventories (Table 2) and surface ocean
813C (Figure 6). For comparison, Heimann and Maier-Reimer
[1996] use the HAMOCC 3 model to predict that between 1970
and 1990 the ocean absorbed 1.3 Pg C yr! and had a 8!3C in-
ventory change of approximately -114%o m. Among the probable
causes for the different changes in 813C inventory estimated with
models and observations are poor data quality in the 1970 §13C
numbers, natural variability in the ocean, ocean model short-
comings, a variable terrestrial biosphere, and an incorrect ap-
proximation of the true change in the §!13C of atmospheric CO,.
These are discussed further in what follows.
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Figure 6. Change in surface ocean 8!3C between 1970
are the average of the top two layers. The 1970 model
south of 6°N are the average of values along 170°W
150°W, and north of 15°N the values are along 150°W.

and 1990 along 150°W in the Pacific Ocean. Model results
and data values are along 170°W. The 1990 model values §
and 150°W, between 8°N and 15°N the values are along
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The data shown in Figure 1b are consistent with a relatively
wide range of feasible atmospheric §13C histories because of the
lack of data between the early 1950s and late 1970s and the scat-
ter in the 813C data from ice core bubbles. Model studies
[Broecker and Peng, 1993; Heimann and Maier-Reimer, 1996]
suggest that the change in surface ocean §!13C should be of the
order of two thirds of the change in atmospheric 813C. If the
-0.4%o change in surface ocean 813C estimated by Quay et al.
[1992] is correct, then our estimate of the change in the 8!3C of
atmospheric CO, could be too small because the spline fit of
Figure 1b gives an atmospheric 8!3C change between 1970 and
1990 of -0.4%o.

Independent evidence for changes in atmospheric 813C during
the 1970-1990 period comes from studies of air trapped in firn
from ice cores in Antarctica which suggest 8!13C decreases by
more than 0.4%o [Francey et al., 1999]. A larger change in the
OBM boundary condition for atmospheric 813¢ between 1970
and 1990 would increase the change in the OBM surface ocean
813C and be more consistent with the decrease in surface ocean
d13C estimated by Quay et al. [1992] (Figure 6). However, even
with a larger decrease in the atmospheric 6!13C boundary condi-
tion there will be no difference in anthropogenic carbon uptake
by the ocean because carbon uptake in the OBM is independent
of the atmospheric 6!3C history.

In the approach developed by Tans et al. [1993], the implied
oceanic uptake of anthropogenic carbon increases as the air-sea
isotopic disequilibrium between the ocean and atmosphere be-
comes larger. Anthropogenic carbon uptake by the OBM (1.7 Pg
C yrl) is greater than that estimated by Tans et al. [1993] (0.2 Pg
C yrl). Air-sea disequilibrium in the OBM increases through
time (from 0.69 to 0.83%o between 1970 and 1990) and is greater
than that estimated by Tans et al. [1993] (0.55, Table 2). Air-sea
813C disequilibrium is a function of many factors such as air-sea
gas exchange rates, surface water residence time, seasonal
changes in sea surface temperature, and biology, so the difference
in global average air-sea disequilibrium between the OBM and
Tans et al. estimates cannot be easily analyzed.

Bacastow et al. [1996] suggest that the greater the Suess effect
the lower the carbon uptake rate. This relationship arises from
the fact that if anthropogenic carbon absorbed by the ocean tends
to remain close to the surface, then surface ocean pCO, would be
closer to atmospheric values and surface ocean §!3C lower than if
the anthropogenic carbon were mixed to greater depths. Thus
trapping anthropogenic carbon near the surface decreases
anthropogenic carbon uptake and enhances the Suess effect.
Bacastow et al. [1996] used data from Bermuda and the Hamburg
ocean model to estimate that the global ocean Suess effect is -
0.0171%o yr! between 1970 and 1990 and that this change in
surface ocean 8!3C is associated with the ocean absorbing 1.4-1.6
Pg C yr! of anthropogenic carbon. The rate of change in the
OBM surface ocean 813C between 1970 and 1990 is -0.0115%o
yrl. The lower anthropogenic carbon uptake rates of Bacastow
et al. relative to the OBM are consistent with their more negative
Suess effect.

It is difficult to diagnose the cause(s) for the discrepancies
between the OBM and other models and observations because the
models have different boundary conditions (e.g., surface wind
speeds and atmospheric 8!3C history) and numerics (e.g., mixing
and advection schemes). The Ocean Carbon Model Intercom-
parison Project (OCMIP) is one approach that is being used to

determine the cause(s) for differences among model predictions
[cf. Sarmiento et al., 1999].

A comparison of observations and model results shows that
the OBM reproduces many of the general features seen in re-
cently measured 813C profiles from a variety of locations (Figure
7). However, more detailed comparisons reveal differences re-
lated to shortcomings in the ocean circulation and OBM biology.
For example, below 2500 m the North Atlantic Transient Tracers
in the Ocean (TTO) 8!3C data tend to be heavier than the model
predictions (Figures 7a and 7b) because North Atlantic Deep
Water (NADW) in the model is too shallow and there is too much
Antarctic Bottom Water (AABW) in the North Atlantic. The
large volume and shallow depth of AABW in the North Atlantic
causes organic carbon remineralization that normally occurs in
NADW to occur in AABW and incorrectly shifts AABW 813C to
lower than observed values.

In the South Atlantic the model 8!3C differs from observations
in the upper kilometer (Figures 7c and 7d). This is due to the
combined effects in the model of unrealistic circulation, par-
ticularly with respect to convection and intermediate water for-
mation and annual mean biological processes.

In the north Pacific, OBM 813C becomes significantly heavier
than observed 813C (Figures 7e and 7f). Radiocarbon modeling
[Toggweiler et al., 1989a, b] suggests that model circulation in
the Pacific is fairly realistic. The relatively heavy 813C below 1
km of the North Pacific is most likely due to shortcomings in the
parameterization of biological processes in the model. Evidence
for this is the fact that model phosphate concentrations in the far
North Pacific at 1 km depth are almost 0.5 uM below Geochemi-
cal Ocean Sections Study (GEOSECS) observations. An increase
in deep water phosphate would lower 813C by almost 0.5%o and
remedy much of the discrepancy between model predictions and
observations.

Phosphate concentrations and 813C in the deep ocean of the
OBM are linearly related because of the fixed Redfield C:P in or-
ganic matter. The slope (-0.86) of the 8!3C:phosphate relation-
ship (Figure 8a) for the OBM is less than the observed slope
(-1.1) [Broecker and Maier-Reimer, 1992]. The cause of the dis-
crepancy probably originates in the function the model uses to
predict the 13C fractionation factor for the formation of organic
matter [Freeman and Hayes, 1992]. This fractionation factor is
solely a function of CO, concentrations and OBM CO, concen-
trations are always < 20 uM in surface waters. In regions with
low-CO, concentrations, the Freeman and Hayes [1992] formu-
lation tends to estimate fractionation factors that are larger than
those consistent with observations [Rau et al., 1997]. As a result,
the OBM fails to produce POC with 8!3C that spans the observed
range of values. For example, in the Southern Ocean the 813C of
POC does not go below = —27%o (Figure 8b), whereas observed
values range as low as —35%o [Goericke and Fry, 1994]. A more
sophisticated model of carbon uptake and fractionation that ac-
counts for intracellular pools [e.g., Rau et al., 1997] could expand
the range of modeled 8!3C in POC.

4. Preindustrial N-S Gradient in Atmospheric
oBC

The OBM predicts that (1) 0.17 Pg yr! of DIC are carried
southward across the equator in the Atlantic [Sarmiento et al.,
1999] and (2) 0.12 Pg yr! of carbon (DIC and DOC) are ans-
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Figure 7. Observations versus model results from the Atlantic, Southern Ocean, and Pacific. Observations are
solid lines; model results are dashed lines. (a) and (b) Transient Tracers in the Ocean data are from Lynch-Stieglitz
et al. [1995]; (c) and (d) Polar Stern data are from Mackensen et al. [1993], (e) and (f) GEOSECS data are from

Ostlund et al. [1987].

ported north across the equator on a global scale. Global inter-
hemispheric carbon transport could be enhanced by 0.27-0.43 Pg
C yr! owing to the input of riverine carbon in the Northern
Hemisphere that is lost to the atmosphere in the Southern Hemi-
sphere [Aumont, 1998]. Despite the small amount of modeled
cross-equatorial carbon transport, the OBM predicts that there is
a large amount of cross-equatorial transport of isotopic anomaly
on a global scale (120 Pg C %o yr!). We now examine the impli-
cations of this cross-equatorial transport of isotopic anomaly for
atmospheric 313C.

The potential solubility and potential OBM models have es-
sentially no interhemispheric transport of isotopic anomaly be-
cause there is no net interhemispheric transfer of heat or nutrients
by the ocean model and because 8!3C in the surface ocean and
atmosphere are nearly in equilibrium. However, the models with
realistic gas transfer velocities transport a significant amount of
isotopic anomaly northward across the equator: The solubility
model transports 70 Pg C %o yr'l, and the OBM transports 120 Pg
C %o yr-1. In both models the isotopic anomaly is released to the
atmosphere by 30°N (Figure 9). The cross-equatorial transport of

isotopic anomaly in the solubility model is a result of a correla-
tion between ocean cooling and strong winds that enhances the
net uptake of isotopic anomaly in the Southern Ocean. In the
OBM the ventilation of nutrient-rich, isotopically light deep wa-
ter in the Southern Ocean allows the release of isotopically light
CO, to the atmosphere. This increases the net uptake of isotopic
anomaly in the Southern Ocean so that the cross-equatorial trans-
port of isotopic anomaly in the OBM is greater than in the solu-
bility model.

The 120 Pg C %o yr! of isotopic anomaly transported north
across the equator in the OBM is released to the atmosphere be-
tween 0° and 30°N. The magnitude of this isotopic anomaly flux
is equivalent to a terrestrial carbon sink of = 5 Pg C yr! in the
tropical Northern Hemisphere and a terrestrial source of 5 Pg C
yr! in the Southern Hemisphere. The isotopic signal could also
be produced by an = 1-2%. disequilibrium between terrestrial
respiration and photosynthetic fluxes. However, it is unlikely
that such a large disequilibrium between respiration ai] () photo-
synthetic fluxes could be produced and maintained.

We estimate how the interhemispheric transport of isotopic
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Figure 8. (a) Scatter plot showing the relationship between dissolved phosphate and 8!3C in the Indian and Pacific
Oceans below 2 km. The slope of -0.86 is significantly less than the observed value of (-1.1) [Broecker and Maier-
Reimer, 1992]. (b) Zonally averaged values of the 813C of POC and of carbonic acid concentrations. The 813C of
POC in the OBM is directly determined by carbonic acid concentrations. The predicted values in the Southern
Ocean do not approach the light values (up to —35%o) seen in observations [Goericke and Fry, 1994].

anomaly by the ocean would affect atmospheric 813C by using
the OBM air-sea fluxes as a boundary condition in a perturbation
experiment with the atmospheric general circulation model of
Mahlman and Moxim [1978). The interhemispheric transport in
the OBM supports an average perturbation to the S-N 813C gradi-
ent in the atmosphere of approximately -0.07%o (Figure 10). The
zonal mean profile shown in Figure 10 clearly shows the large
sink of isotopic anomaly in the Southern Ocean and the source of

isotopic anomaly to the atmosphere in the 0°-30°N region. For
comparison, the current atmosphere has a S-N 813C gradient of =
0.2%o [Trolier et al., 1996].

Stephens et al. [1998] assessed the interhemispheric transport
of oxygen and CO, by the OBM and two additional ocean gen-
eral circulation models. They used O, and CO, air-sea | J1xes
from each ocean model as boundary conditions for an atmos-
pheric transport model and compared model estimates of atmos-
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Figure 9. Northward transport of isotopic anomaly in the preindustrial ocean by DIC, LDOC, and inferred
transport via the atmosphere as derived from air-sea isotopic anomaly fluxes. (a) Solubility model. (b) OBM.

pheric potential oxygen (APO = O, + CO,) to observations.
Their results suggest that all three ocean GCMs underestimate the
net southward transport of the sum of O, and CO,. We cannot
determine what effect model shortcoming in interhemispheric
transport of O, and CO, would have on the interhemispheric
transport of isotopic anomaly, but our results on interhemispheric
transport of isotopic anomaly and the Stephens et al. [1998] study
highlights the need for improved simulations of the ocean’s in-
terhemispheric transport of oxygen, carbon, and carbon isotopes.
To more accurately predict the oceanic transport of isotopic
anomaly, the ocean models should have an “interactive” atmos-
phere with at least three boxes that represent the tropical region,
the extratropical Northern Hemisphere, and the extratropical
Southern Hemisphere.

5. Conclusions

In agreement with earlier work [Broecker and Maier-Reimer,
1992; Lynch-Stieglitz et al., 1995], we find that biological effects
are the most important factor controlling 813C distributions in the
deep ocean. However, we find that this dominance is due to the
fact that solubility and solubility gas exchange effects essentially
cancel in our model (Figure 2b). Biological effects on 813C are
then overlain on this relatively constant background. In the sur-
face ocean we find that biological effects combine with the ef-
fects of the long air-sea equilibration time to drive the surface
ocean further from equilibrium with the atmosphere (Figure 5).

The modeled rate of change in surface ocean 8137 between
1970 and 1990 is -0.0115%o yr'!, nearly half the valuc(0.02%o)
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Figure 10. The annual zonal mean perturbation to atmospheric 813C predicted with an atmospheric general
circulation model [Mahiman and Moxim, 1978] with boundary conditions set by air-sea fluxes of isotopic anomaly
predicted with the OBM. The average S-N interhemispheric gradient is of the order of -0.07%..

implied by the data by Quay et al. [1992] and two-thirds the
value predicted by Bacastow et al. [1996]. We speculate that the
discrepancies between the OBM and Quay et al. results are due to
problems with the atmospheric 613C boundary condition in the
model. We determine the change in the 8!3C of atmospheric CO,
from a spline fit to data from ice core records and atmospheric
observations (Figure 1b). A spline fit with different parameters
would produce a larger change in atmospheric 813C over the
1970-1990 period and increase the change in surface ocean 813C.

The OBM transports 120 Pg C %o of isotopic anomaly north-
ward across the equator. The anomaly is released to the atmos-
phere by 30°N. The interhemispheric transport of isotopic anom-
aly is associated with the long air-sea equilibration time for 813C.
There is no interhemispheric transport of isotopic anomaly in the
potential models because there is no interhemispheric transport of
heat or nutrients, and the ocean and atmosphere are restored to
equilibrium at each time step. An atmospheric general circula-
tion model [Mahlman and Moxim, 1978] forced by boundary
conditions based on air-sea fluxes from the OBM predicts that the
ocean fluxes would induce a perturbation in the S-N interhemi-
spheric gradient of atmospheric §13C of approximately -0.07%o.
If the OBM estimates of isotopic anomaly release to the Northern
Hemisphere atmosphere are correct, then neglect of this source of
isotopic anomaly in modern carbon budgets would require in the
Northern Hemisphere a spurious isotopic disequilibrium between
terrestrial respiration and photosynthetic carbon fluxes, an over-
estimate of terrestrial biosphere carbon sinks in the Northern
Hemisphere and sources in the Southern Hemisphere, and/or
some mix of these possibilities.

Appendix

The overall structure of the OBM model equations are de-
scribed by Murnane et al. [1999]. Here we present the modifica-
tions that allow the inclusion of 13C in the model. We model 13C
directly rather than the delta values.

The connection between the atmosphere and ocean is estab-
lished via gas exchange. We model this in the usual way as the
product of a gas transfer velocity kyy times the atmosphere-ocean
difference in concentrations. The gas transfer velocity for 13C,
13k, is corrected for kinetic fractionation effects (Table Al) and
a -0.2%0 OH" correction such that

13
k
* =0.9993 °
k.

Equilibrium fractionation factors (Table A1) for carbon isotopes
in the different DIC species were used to calculate 13CO, in the
ocean from the model values of DIC and DI!3C. The set of
chemical reactions that play a role in determining the concentra-
tion of CO, are solved using a procedure analogous to Peng et al.
[1987] with equilibrium constants summarized in Table Al. The
preindustrial atmospheric 13CO, is based on a 813C of CO, set at
-6.52%o and the preindustrial pCO, = 278.2 ppmv. The fractional
ice coverage is the same for CO, and 13CO,.

Simulation of the atmosphere-ocean carbon distribution re-
quires a set of initial conditions. Previous studies have specified
the initial total carbon content and maintained it at a constant
value throughout the simulation [e.g. Maier-Reimer and Hr<<le-
mann, 1987; Bacastow and Maier-Reimer, 1990, 1991]. Bel.:ilse

(A1)
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Table Al. Fractionation Factors and Equilibrium Constants Used for Carbon Chemistry
Calculations

Term Source or Reference
Carbon K, Ko Goyet and Poisson [1989]
Borate K Dickson [1990]
Silicate K Sjoberg et al. [1981]
Phosphoric Acid K1, K2, K3 Dickson and Riley [1979b]
Water K Dickson and Riley [1979a]
Tonic strength/salinity relation for seawater 50.3781=1.00311S
Carbon 0tg:q, 0g:5, Ola:c Mook [1986)

Carbon 0caco3:6

Carbon OlCorg:a

Total Borate*

Total Phosphate

Total Silicat

Total Sulfatet

Total Fluorinef

Bsos

Bur

Carbon kinetic gas fractionation

Rubinson and Clayton [1969]
Freeman and Hayes [1992]
S%011.88 pmol kg1 %o-!

2.15 pmol/kg

$%03.143 pmol kg-! %o!
$%00.8067 mmol kg-! %01
$%01.981 pmol kg1 %o-!

Khoo et al. [1977]

Dickson and Riley [1979b]

Si hal ich [1981]

Sieg and Mii

Fractionation factors for 13C/(12C+13C), 13a*, are calculated from

cited fractionation factors using the

relationship 1Bo* =

(130:+0.0112372)/(1+0.0112372). The different species for carbon are
specified as g, a, b, and ¢ and represent gaseous CO2, CO2, HCO3~, and

CO32-, respectively.

+ Based on boron/chlorinity relationship of Uppstrom [1974].
1 Based on mean water concentrations given by Quinby-Hunt and Turekian [1983].

of errors in observations and the models, this approach generally
leads to a different value of atmospheric and oceanic pCO, and
813C than desired. An important constraint on the model simula-
tions is that we would like to reproduce the preindustrial atmos-
pheric pCO, and 813C so that we can use the models as an initial
condition for simulations of the time history of the anthropogenic
transient. One way to do this is to run several simulations with
different initial carbon inventories until one is found that gives
the desired result. A more simple approach, which we adopt, is
to fix atmospheric pCO, and 8!3C at a specified value and allow
it to invade the ocean. Equilibrium is achieved when the globally
integrated net CO, and 13CO, sea-air fluxes are negligible. Our
approach guarantees that the final total carbon distributions ob-
tained at equilibrium will be consistent with the specified prein-
dustrial atmosphere.

The biogeochemical 13C tracer equation solved by the ocean
circulation model is

N (OR/(OF (A2)

where the time rate of change and transport operator I'(C) is

1) = €4 veve - VoK, v,0) - 2 (K 3C)  (a3)
ot dz|\ § oz

and J represents the combination of all in situ sources minus
sinks. The tracer concentration is represented by C, V is velocity,
V is the divergence operator, and K is the diffusion tensor. The
diffusion term is separated into a horizontal (subscript 4) and
vertical (subscript v) component. The parameter & is 1, except
when two adjacent layers are gravitationally unstable with respect
to each other, in which case the two layers are homogenized (i.e.,

8=0).

Al. Solubility model

Initial conditions and tracer sources and sinks are simple in the
solubility model. Initial conditions for DIC and DI!3C in the
ocean do not affect the final solution because the ocean equili-
brates with an atmospheric reservoir of infinite size. There are no
internal sources or sinks so that I'(C) = 0. Dissolved organic car-
bon concentrations are zero. Total alkalinity is a linear function
of salinity.

A2. OBM

The conservation equation for DI'3C differs from that for DIC
because of 13C fractionation from 12C during photosynthesis and
the production of dissolved and particulate organic 13C (DO!3C
and PO13C, respectively) and fractionation during the precipita-
tion of Cal3CO4

I(DI3C) = -J(PO!3C) - J(Cal3CO3) - [(DOI3C).  (Ad)

The cycling of 13C in POC is based on J(POP) and on the frac-
tionation factor for photosynthesis from Freeman and Hayes
[1992]. The equations for the cycling of PO13C parallel those for
POP given by Murnane et al. [1999, Equation A6]:

J(PO13C) = 3II(1-8,)(1-G) - 629% (A5a)
Z
s . (13C02)0c
M=rcp n[—o.m 19log((C02)Oc + 0A9982)JW— (ASb)
Fpouc—”FZt(‘Zz_) 14 (ASC)
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Ze
BF, ~(1-0) [ BTidz (ASd)

0

where 8, is set to 0 in the upper two "euphotic" layers of the
model and has a value of 1 below that. The first term on the
right-hand side of (A5a) is the production of organic 13C in the
photic zone of the model. Production of dissolved and particulate
organic 13C in the euphotic zone is given by 13[1. Equation
(ASb) is based on the model predictions of phosphate new pro-
duction, IT, which is defined by Murnane et al. [1999]. The frac-
tion of new production put into labile dissolved organic matter is
specified by sigma, which is set equal to 0.5. The fraction of the
total production that goes into POP is specified by (1-0).

The second term on the right-hand side of (A5a) is reminerali-
zation of PO13C which occurs only below 119 m (the top of the
third level) where 8, is set to 1. Fpgisc is the flux of POI3C as a
function of depth as specified by (A5c) obtained from sediment
trap observations by Martin et al. [1987]. Remineralization of
PO13C occurs immediately below where it is formed. The flux of
POI3C at the base of the euphotic zone (z, = 119 m) specified by
(A5d) is equal to the vertically integrated production of PO!3C
within the euphotic zone.

The conservation equation for DO13C parallels Equation (A7)
for LDOC from Murnane et al. [1999]

T(DOI3C) = 613T1(1-8,) - k84,[DOIC] . (A6)

The first term on the right of (A6) is LDO!3C production in the
euphotic zone above 119 m, and the second term is LDO13C
remineralizat'on. The 34, term is 1 when LDOC > 0 and 0 when
LDOC £ 0. LDO!3C is transported away from the region of pro-
duction as a passive tracer following the water motion. Reminer-
alization occurs as a first-order decay process at all depths unless
LDOC < 0. There is no fractionation of !3C from 12C during
remineralization of LDOC or POC, and the same rate constant, ¥,
is used for LDOC and LDO13C remineralization.

The total alkalinity conservation equation for the OBM ac-
counts for the cycling of nitrate and carbonate due to the biologi-
cal model. The cycling of 13C due to carbon cycling is derived
from the TA conservation equation described by Murnane et al.
[1999, Equations A8 and A9]. Carbonate precipitation fraction-
ates 13C from !12C in the model, but there is no fractionation dur-
ing dissolution. The change in DI!3C due to carbonate cycling,
J(Cal3COy), is based on the diagnosed H!13CO™3 and HCO3, the
predicted carbonate fluxes, and a fractionation factor for the for-
mation of calcite (Table Al):

J(Cal3CO5) = 130 + 13A (A7a)
[H13CO3](—4.185
1B = 80 RC;P(l - 81)(1 - G)HW ——TT(W +1.01493
(A7b)
Ze
5 j 13dz
F
13A = 83 RCa:P 81 aPZOP Ze 0
JaaRCa:p(l -8,)(1-0)ldz
0
(A7c)

The first term on the right side of Equation (A7a) gives the pre-
cipitation of Cal3COj, the second gives the dissolution of
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Cal3CO;. The precipitation of Cal3CO5 is based on phosphate
new production, IT, and Rc,.p, the ratio of the global horizontal
mean sources minus sinks of CaCO; to the global horizontal
mean of sources minus sinks of particulate organic phosphorous.
Dissolution of Cal3COj is based on Rc,.p, the change in particu-
late organic phosphorous flux as a function of depth, dFpgp/0z,
and the ratio of Cal3COj3 to CaCO; production in the photic zone
of the model at a given latitude and longitude.

The 8, parameter in (A7) is 1 unless any of several conditions
are violated, in which case 0 < §, < 1. The conditions that must
be satisfied are (1) in levels 1 and 2 there must be formation of
CaCO; and (2) in level three to twelve there can only be dissolu-
tion of CaCOj. If either of these conditions is violated at any
level, 8, is set to O for that level. (3) A final condition is that the
vertically integrated dissolution of CaCO; at any given latitude
and longitude must be less than or equal to the production in the
top levels. This condition is checked beginning with the third
layer and adding one layer at a time moving downward. As long
as the integrated dissolution is less than the production, §, is set
to 1. If a level is reached where the integrated dissolution ex-
ceeds the production, then §, is set to a fraction between 0 and 1,
such that the total dissolution equals exactly the production at the
surface and all deeper levels have §, set to 0. Any excess CaCO3
production is assumed to be lost to the sediments.

In addition to air-sea gas fluxes, there is a “virtual” flux at the
surface of the ocean for each passive tracer that results from the
way that precipitation and evaporation are handled in the model
[Murnane et al., 1999]. Freshwater fluxes are not modeled ex-
plicitly in the primitive equation ocean circulation model because
the rigid lid approximation requires that ocean volume be con-
served at each grid box. A full description of the virtual flux and
its derivation are given by Murnane et al. [1999]. The constants
used to calculate the virtual flux of DI13C and LDO!3C are listed
in Table A2 of Murnane et al. [1999].
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