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Abstract. It is well-known that aerosols affect clouds and
that the effect of aerosols on clouds is critical for understanding human-induced climate change. Most climate model
studies have focused on the effect of aerosols on warm stratiform clouds (e.g., stratocumulus clouds) for the prediction of
climate change. However, systems like the Asian and Indian Monsoon, storm tracks, and the intertropical convergence zone, play important roles in the global hydrological cycle and in the circulation of energy and are driven by
thunderstorm-type convective clouds. Here, we show that
the different morphologies of these two cloud types lead to
different aerosol-cloud interactions. Increasing aerosols are
known to suppress the conversion of droplets to rain (i.e., socalled autoconversion). This increases droplets as a source
of evaporative cooling, leading to an increased intensity of
downdrafts. The acceleration of the intensity of downdrafts
is larger in convective clouds due to their larger cloud depths
(providing longer paths for downdrafts to follow to the surface) than in stratiform clouds. More accelerated downdrafts
intensify the gust front, leading to significantly increased updrafts, condensation and thus the collection of cloud liquid
by precipitation, which offsets the suppressed autoconversion. This leads to an enhancement of precipitation with increased aerosols in convective clouds. However, the downdrafts are less accelerated in stratiform clouds due to their
smaller cloud depths, and they are not able to induce changes
in updrafts as large as those in convective clouds. Thus, the
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offset is not as effective, and this allows the suppression of
precipitation with increased aerosols. Thus aerosols affect
these cloud systems differently. The dependence of the effect
of aerosols on clouds on the morphology of clouds should be
taken into account for a more complete assessment of climate
change.

1

Introduction

Aerosols act as cloud condensation nuclei (CCN) and affect
cloud properties. A significant amount of effort has been
put into understanding the effects of aerosols on clouds (also
known as aerosol indirect effects), since these effects have
been considered to be critical for the correct assessment of
the change in climate induced by human activities (Penner et
al., 2001).
The aerosol indirect effect was proposed based on observational and modeling studies of warm stratiform clouds
(Twomey, 1977; Albrecht, 1989) and most climate studies
have focused on the effects of aerosols on warm stratiform
clouds for the prediction of climate change.
Recent studies, however, show that aerosols can also
change the microphysical and dynamical properties of convective clouds (Khain et al., 2003, 2004, 2005, 2008; Lynn
et al., 2005; Tao et al., 2007; Lee et al., 2008a, b). Aerosol
effects on cloud mass and precipitation are different for convective and warm stratiform clouds (Lee et al., 2008b). These
studies have shown that it is not certain whether the wellknown precipitation-suppression effect of aerosols in warm,
shallow clouds applies for convective clouds. They have
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suggested that precipitation from convective clouds may increase with increasing aerosols under some conditions.
Systems like the Asian and Indian Monsoon, storm tracks,
and the intertropical convergence zone (ITCZ), play important roles in the global hydrologic and energy circulation,
and are driven by convective clouds, often organized into
mesoscale cloud ensembles (MCEs). The detrainment of
ice crystals from convective clouds is the major source of
ice anvils and cirrus in these systems. These cirrus clouds
have significant impacts on the global radiation budget (Ramanathan et al., 1989; Liou, 2005), and their radiative properties are mainly determined by ice-crystal formation and
growth in convective clouds (Houze, 1993). In addition, the
precipitation from these systems plays a crucial role in the
global hydrologic cycle (Houze, 1993). Hence, aerosol effects on convective clouds alter both the radiative properties
of cirrus clouds and, thus, the global radiation budget, and
precipitation processes and, thus, the global hydrologic cycle. Those systems located over or near continents can be
significantly affected by aerosol changes. Therefore, it is important to gain an understanding of how aerosols modify radiation and precipitation in convective clouds.
It has been proposed that the delay of autoconversion (i.e.,
the conversion of droplets to raindrops through interactions
among droplets) induced by aerosol increases could increase
the mass of droplets transported to the freezing level (Rosenfeld et al., 2008). This increases the parcel-buoyancy through
the increased latent-heat release from freezing, which could
lead to the invigoration of convection and thus precipitation
enhancement (Rosenfeld et al., 2008). However, recent studies propose that the aerosol-induced intensification of gustiness (henceforth, also referred to as the gust front in this
study, cf., Houze, 1993) at the initial stage of cloud development could also lead to increased updrafts and thus increased
condensation and precipitation in the subsequent development of convective clouds with increased aerosols (Khain et
al., 2003, 2005; Lynn et al., 2005; Tao et al., 2007; Lee et
al., 2008a, b). It has been shown that the aerosol-induced invigoration of convection and precipitation enhancement can
be simulated in the absence of freezing through the intensification of gustiness in deep convective clouds reaching the
tropopause (Lee et al., 2008a, b).
The aerosol-induced intensification of gustiness depends
on the convective available potential energy (CAPE) level
controlling the vigor of the convection and thus the topheight of convective clouds (Lee et al., 2008b). The aerosolinduced intensification of gustiness is larger at higher CAPE
which supports the development of deeper clouds with higher
cloud-top heights (Lee et al., 2008b). This implies that the
relative importance of the effects of aerosols on freezing as
proposed by Rosenfeld et al. (2008) compared to those on
gustiness may vary with varying CAPE. We propose that
the effects of aerosols on gustiness are more critical than
those on freezing to the determination of the aerosol-induced
changes in precipitation and associated microphysics, and
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thus, cloud mass (which plays an important role in the determination of cloud radiative properties) in deeper clouds.
This study examines the role of aerosol effects on gustiness in explaining the aerosol-induced changes in precipitation, microphysics, and cloud mass in deep convective
clouds. The study also aims to gain an understanding of how
the relative roles of aerosol effects on gustiness to those on
freezing varies with the CAPE level by comparing a case of
deep convective clouds forming with high CAPE to a case of
comparatively shallow convective clouds forming with low
CAPE. Finally, the response of convective clouds to aerosols
is compared to those of stratiform clouds. This gives us an insight into how the effects of aerosols on convective clouds are
different from those on warm stratiform clouds which have
garnered much more attention than convective clouds for the
understanding of the effects of aerosols on climate.
2

Theoretical background: gust front

Figure 1 schematically describes a supercell thunderstorm
(also referred to as a deep convective cloud here) at its mature
stage. Figure 1 shows the gust front formed by cold downdrafts reaching the low-level atmosphere and the surface and
then spreading out to face the warm ambient air. The ambient air is pushed upward by the gust front to form subsequent
new cells. It is well-known that the intensity and the number of the subsequent thunderstorm cells are closely linked
to the intensity of this gust front (Houze, 1993). The downdrafts are driven by the evaporative cooling of droplets and
rain and thus their intensities are generally proportional to
the evaporative cooling.
It has been shown that the aerosol-induced delay of autoconversion increases droplets available for evaporative cooling, leading to more and stronger downdrafts and thus gust
fronts (Khain et al., 2003, 2005; Lynn et al., 2005; Tao et
al., 2007; Lee et al., 2008a, b). This leads to the subsequent
more and stronger convection (and thus updrafts and condensation), and more precipitation.
3

Cloud-system resolving model (CSRM)

The Goddard Cumulus Ensemble (GCE) model (Tao et al.,
2003), which is a three-dimensional nonhydrostatic compressible model, is used as a CSRM here. The detailed equations of the dynamical core of the GCE model are described
by Tao and Simpson (1993) and Simpson and Tao (1993).
The subgrid-scale turbulence used in the GCE model is
based on work by Klemp and Wilhelmson (1978) and Soong
and Ogura (1980). In their approach, one prognostic equation is solved for the subgrid-scale kinetic energy, which is
then used to specify the eddy coefficients. The effect of condensation on the generation of subgrid-scale kinetic energy
is also incorporated into the model.
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GUST
FRONT

Fig. 1. Schematic model of a deep convective supercell thunderstorm observed near Raymer, Colorado. The solid lines are streamlines of
flow relative to the moving system; they are broken on the left side of the figure to represent flow into and out of the plane and on the right
side of the figure to represent flow remaining within a plane a few kilometers closer to the reader. The chain of open circles represents the
trajectory of a hailstone. Lightly stippled shading represents the extent of cloud and the two darker grades of stippled shading represent radar
reflectivities of 35 and 45 dBZ. The white area enclosing the hail trajectory is bounded by 50 dBZ. The gust front is represented by a solid
line with triangles. Adapted from Houze (1993).

To represent microphysical processes, bin microphysics
can be a good candidate. However, there are still unresolved
issues related to application of bin schemes to CSRMs with
relatively low spatial resolutions (on the order of 100 m–
1000 m) used for mesoscale studies (including this study)
(e.g., droplet nucleation, cf., Saleeby and Cotton, 2004, and
the impact of entrainment and mixing on cloud droplet spectra, cf., Grabowski, 2006). Also, in general, high computational cost required by bin microphysics elongates simulation
wall-clock time by a factor of 30–40 and this disables us from
completing simulations here within a practical time frame.
Hence, the GCE model adopts the double-moment bulk representation of Saleeby and Cotton (2004) based on Morrison
et al. (2009) and Seifert et al. (2006) for simulations here.
Morrison et al. (2009) showed the double-moment microphysics was able to simulate convective clouds with a fairly
good agreement with observations. Seifert et al. (2006) indicated that double-moment schemes were the most promising microphysical compromise between computational cost
and realistic simulations to be used in models for mesoscale
cloud-resolving simulations. Also, we want to note that the
double-moment microphysics here considers aerosol properties for homogeneous and heterogeneous nucleation of ice
www.atmos-chem-phys.net/10/6819/2010/

particles explicitly, which is not featured in most of bin microphysics; this will be described in more detail in the following sections.
The size distribution of hydrometeors obeys a generalized
gamma distribution:




Nt
D ν−1 1
D
n(D) =
exp −
(1)
0(υ) Dn
Dn
Dn
where D is the equivalent spherical diameter (m), n(D)dD
the number concentration (m−3 ) of particles in the size range
dD, and Nt the total number of particles (m−3 ). Also, ν is
the gamma distribution shape parameter (non-dimensional)
and Dn is the characteristic diameter of the distribution (m).
It is well known that hydrometeors follow the gamma distribution and, thus, bulk scheme with the gamma distribution
has been used in numerous case studies and showed good
agreement with observation (e.g., Lee et al., 2008a, 2009a,
b; Walko et al., 1995; Meyers et al, 1997; Saleeby and Cotton, 2004). Also, Seifert et al. (2006) indicated that the exact
shape of size distribution of hydrometeors was not of importance to the reasonable simulation of precipitation. This supports the use of approximated form of size distribution (i.e.,
gamma distribution in this study).
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Full stochastic collection solutions for self-collection
among cloud droplets and for rain drop collection of cloud
droplets based on Feingold et al. (1988) are obtained
using realistic collection kernels from Long (1974) and
Hall (1980). Hence, this study does not constrain the system
to a threshold mixing ratio and constant or average collection
efficiencies. The full stochastic collection solutions used in
this study lowers the uncertainty from the use of a threshold mixing ratio and constant or average collection efficiencies significantly as shown in Seifert et al. (2006). Following
Walko et al. (1995), lookup tables are generated and used in
each collection process. This enables fast and accurate solutions to the collection equations.
The philosophy of bin representation is adopted for calculations of the hydrometeor sedimentation and collection. The
bin sedimentation is simulated by dividing the gamma distribution into discrete bins and then building lookup tables to
calculate how much mass and number in a given grid cell
falls into each cell beneath a given level in a given time step.
Thus, this study does not rely on a mass-weighted fall speed
for sedimentation. 36 bins are used for the collection and
the sedimentation. This is because Feingold et al. (1999) reported that the closest agreement between a full bin-resolving
microphysics model in a large eddy simulation (LES) of marine stratocumulus cloud and a bulk microphysics representation was obtained when the collection and the sedimentation
were simulated by emulating a full-bin model with 36 bins.
Cloud droplets are divided into small and large cloud
droplets. Small and large cloud droplets range 2–40 µm and
40–80 µm in diameter, respectively. The 40-µm division between the two droplet modes is natural because it is well
known that collection rates for droplets smaller than this size
are very small, whereas droplets greater than this size participate in vigorous collision and coalescence. The large-clouddroplet mode is allowed to interact with all other species (i.e.,
the small-cloud-droplet mode, rain, pristine ice, snow, aggregates, hail, and graupel). The large-cloud-droplet mode plays
a significant role in the collision-coalescence process by requiring droplets to grow at a slower rate as they pass from
the small-cloud-droplet mode to rain, rather than being transferred directly from the small-cloud-droplet mode to rain.
All the cloud species here have their own terminal velocity. The terminal velocity of each species is expressed in
power law relations (See Eq. (7) in Walko et al., 1995) based
on the fall-speed formulations in Rogers and Yau (1989). A
Lagrangian scheme is used to transport the mixing ratio and
number concentration of each species from any given grid
cell to a lower height in the vertical column, following Walko
et al. (1995).
The rate of vapor diffusion on hydrometeors is explicitly represented based on the predicted supersaturation (see
Sect. 2 and Lee et al., 2009b for more details). This is different from a saturation adjustment where vapor diffusion is diagnosed based on environmental conditions such as temperature and water vapor. Lee et al. (2009b) and Lee and PenAtmos. Chem. Phys., 10, 6819–6837, 2010
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ner (2010) showed that the supersaturation prediction prevented an overestimation of condensation and evaporation
as compared to a saturation adjustment. This prevention
improves simulations of interactions between microphysics
and dynamics, which are associated with latent-heat distributions.
The cloud-droplet nucleation parameterization of AbdulRazzak and Ghan (2000, 2002), which is based on Köhler
theory, is used. This parameterization combines the treatment of multiple aerosol types and a sectional representation
of size to deal with arbitrary aerosol mixing states and arbitrary aerosol size distributions. The bulk hygroscopicity parameter for each category of aerosol is the volume-weighted
average of the parameters for each component taken from
Ghan et al. (2001). In applying the Abdul-Razzak and Ghan
parameterization, the size spectrum for each aerosol category
is divided into 30 bins.
Lohmann and Diehl’s (2006) parameterizations, taking
into account the dependence of ice nuclei (IN) activation on
dust and black carbon (BC) aerosol mass concentration, are
used for contact, immersion, and condensation-freezing activation of IN. For contact activation:
dNCNT −3 −1
ρa n2c
(m s ) = mio Dap 4π rcm Na,cnt
dt
qc

(2)

where dNdtCNT is the rate of the production of ice-crystal number concentration via contact freezing, mio (10−12 kg) is the
original mass of a newly formed ice crystal, Dap (m2 s−1 ) is
the Brownian aerosol diffusivity, rcm is volume-mean droplet
radius,Na,cnt (m−3 ) is the number concentration of contact
nuclei and nc is the number mixing ratio of droplets. Dap is
given by
Dap =

kT Cc
6π ηrm

where k is the Boltzmann constant, T is the temperature,
η is the viscosity of air {η=10−5 (1.718+0.0049(T − T0 ) −
1.2×10−5 (T −T0 )2 ) in kg m−1 s−1 }, rm is the aerosol mode
radius, and Cc is the Cunningham correction factor [Cc =
1 + 1.26( rλm )( pp0 )( TT0 )]. The aerosol mode radius is taken to
be 0.2 µm for dust and 0.1 µm for BC. λ is the mean free path
length of air (λ=0.066 µm at the surface), p0 and T0 refer to
the standard pressure of 101 325 Pa and freezing temperature
of 273.16 K. Na,cnt is obtained from the number concentration of aerosol particles consisting of BC and dust, multiplied
by a temperature dependence for the individual species. This
temperature dependence is based on Fig. 1 in Lohmann and
Diehl (2006). Here, for dust, the temperature dependence of
montmorillonite is adopted (Lohmann and Diehl, 2006). For
immersion and condensation-freezing activation:
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dNIMM −3 −1
dT ρa qc
(m s ) = Na,imm exp(T0 − T )
dt
dt ρw
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(3)

where dNdtIMM is the rate of the production of ice-crystal number concentration via immersion and condensation freezing,
T0 freezing temperature. Na,imm (m−3 ) is the number concentration of immersion and condensation nuclei calculated
as the number concentration of BC and dust aerosols, multiplied by the temperature dependence for immersion and condensation freezing from Fig. 1 in Lohmann and Diehl (2006).
As for contact freezing, the temperature dependence of montmorillonite is adopted for dust. For deposition nucleation,
the parameterization of Möhler et al. (2006), calculating the
fraction of dust activated, is implemented:
dNDEP −3 −1
(m s ) = Na,dep (exp[a(Si − S0 )] − 1)
dt

(4)

where dNdtDEP is the rate of the production of ice-crystal number concentration via depositional freezing, a and S0 are
non-dimensional empirical constants determined from chamber experiments, which are dependent on aerosol properties.
Here a and S0 are set to 4.77 and 1.07, respectively, based
on experiments for desert dust. Na,dep is the number concentration of deposition nuclei (m−3 ) calculated from the
predicted total dust mass concentration. Equation (4) is applied at temperatures colder than −40 ◦ C and restricted to
S0 < Si < 1.63 + 6.52 × 10−3 × (T − T0 ), corresponding to
the measured saturation region of Field et al. (2006) where
pure deposition nucleation occurs. The parameterization is
limited to activating a maximum of 5% of the dust, following the measurements of Field et al. (2006). As indicated by
the experiments of Field et al. (2006), Eq. (4) is only valid
at temperatures below −40 ◦ C. At temperatures warmer than
−40 ◦ C, the parameterizations of Meyer et al. (1992) and DeMott et al. (2003), multiplied by a scaling factor to consider
the dependence of IN activation on dust mass concentration,
are used. Those parameterizations are applied to grid points
with no cloud liquid to ensure only deposition nucleation is
calculated. It is limited to activating a maximum of 0.5% of
the dust, since Field et al. (2006) found deposition nucleation
did not activate more than 0.5% of the dust at temperatures
warmer than −40 ◦ C. Details of those parameterizations can
be found in Appendix A.
Secondary production of ice occurs by the Hallet-Mossop
process of rime splintering (Hallet and Mossop, 1974) and
involves 350 ice splinters emitted for every milligram of
rimed liquid at −5.5 ◦ C. The number of splinters per milligram of rime liquid is linearly interpolated to zero between
−3 and −8 ◦ C.
Homogeneous aerosol (haze particles) freezing is assumed
to occur instantaneously when a size- and temperaturedependent critical supersaturation with respect to ice for the
freezing is exceeded. It is represented by considering the
predicted size distribution of unactivated aerosols. A lookup table for the critical supersaturation ratio at which CCN
www.atmos-chem-phys.net/10/6819/2010/

freeze homogeneously is based on the theory proposed by
Koop et al. (2000).
Homogenous droplet freezing is performed by instantaneous conversion of supercooled cloud droplets to cloud
ice at temperatures colder than −36 ◦ C. Virtually almost
all homogeneous freezing of cloud liquid occurs in a narrow layer between about −35 ◦ C and −37 ◦ C that is about
200 m deep (Heymsfield et al., 2005). The larger droplets
in the droplet size distribution freeze first and their vapor
growth can cause total evaporation of the smaller supercooled droplets. Heymsfield et al. (2005) found that the fraction of small droplets disappearing as a result of evaporation is higher at lower vertical velocities. Typical vertical
resolutions of CSRMs cannot resolve the decline of supersaturation with increasing altitude within this layer, which is
caused by the vapor growth of newly frozen droplets. They
cannot resolve the precise temperature at which exact water saturation is reached, which determines the fraction of
droplets to be evaporated. Hence, a parameterization of the
evaporation of small droplets during homogeneous freezing
is needed, irrespective of the time-step. In the present study,
the fraction by number of cloud droplets that are frozen homogeneously just above the −36 ◦ C level is parameterized
with a 3-D look-up table as a function of the vertical velocity, the predicted supersaturation at the level just below the
homogeneous freezing, and the product of nc and < Dc >.
Here, nc and Dc are the number mixing ratio and diameter of
droplets, respectively, and “<>” denotes a number weighted
average over the particle size distribution. Data for the freezing fraction are obtained from a spectral microphysics parcel
model, which is a simplified version of the model of Phillips
et al. (2005). This procedure is identical to that elucidated by
Phillips et al. (2007).
The parameterizations developed by Chou and Suarez
(1999) for shortwave radiation and by Chou et al. (1999),
and Kratz et al. (1998) for longwave radiation have been implemented in the GCE model. The solar radiation scheme
includes absorption due to water vapor, CO2 , O3 , and O2 .
Interactions among the gaseous absorption and scattering
by clouds, molecules, and the surface are fully taken into
account. Reflection and transmission of a cloud layer are
computed using the δ-Eddington approximation. Fluxes for
a composite of layers are then computed using the twostream adding approximation. In computing thermal infrared
fluxes, the k-distribution method with temperature and pressure scaling is used to compute the transmission function.
To account for the variability of crystal type under different environmental conditions, the capacitance and massdimensional relations of pristine ice crystals and snow are allowed to vary. Since the model does not keep track of the history of all crystals, a simple diagnostic check of the ambient
temperature and saturation conditions at each grid location
is performed during each time-step to determine the crystal
habit; see Table 1 in Meyers et al. (1997) for the habit diagnosis adopted here. The habit diagnosis impacts the model in
Atmos. Chem. Phys., 10, 6819–6837, 2010
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Fig. 2. Vertical profiles of aerosol species. Salt is present, but its
values are less than 0.01 µg m−3 .

several ways. The capacitance is dependent on crystal type
(Harrington et al., 1995) and may change the growth characteristics of the crystals. Different types of crystals fall at
different speeds which is determined by the power law relation
vt = avt D bvt

(5)

where D is the crystal maximum dimension and avt and bvt
are constants for a given crystal habit (see Walko et al., 1995
for details of these constants).
4
4.1

Integration design
Deep convective clouds

Aerosol effects on deep convective clouds are examined by
performing a one-day three-dimensional simulation of an observed MCE with a time step of 10 seconds. The MCE
was observed during the Atmospheric Radiation Measurement (ARM) sub-case A (13:30 UTC 29 June–13:30 UTC
30 June 1997) campaign at (36.61◦ N, 97.49◦ W). This case
is referred to as DEEP, henceforth.
It is assumed that there are five chemical components of
aerosols: dust, sulfate, organics, BC, and sea salt. Aerosols
bearing sulfate or organics are assumed to act only as CCN
and to be internally mixed. Aerosols composed of either
dust or BC are assumed to act only as IN and to be externally mixed. The aerosol mass mixing ratio is advected
and diffused within clouds and is reset to the background
value outside of clouds. The background aerosols are assumed to not vary spatiotemporally. However, results here
hold when the background aerosols vary spatiotemporally
due to the cloud processing of aerosols. Initially the aerosol
Atmos. Chem. Phys., 10, 6819–6837, 2010
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Fig. 3. Size distribution of aerosols acting at the surface. N and
Dp denote the number concentration and diameter of dry aerosols,
respectively.

mass mixing ratio is everywhere set equal to the background
value. The aerosol number concentration in each bin of the
size spectrum is determined based on the predicted aerosol
mass, aerosol particle density, and an assumed log-normal
size distribution. Aerosols depleted by the activation (nucleation scavenging) both at and above the cloud base are
subtracted from the aerosol mass within clouds.
The background aerosol profiles for these simulations are
extracted from a version of the GFDL AM2 (2004) nudged
by NCEP re-analysis with aerosol chemistry. The details of
procedure for nudging NCEP reanalysis are similar to Timmreck and Schulz (2004). Aerosol chemistry is adopted from
Chin et al. (2002) and Koch et al. (1998). Chemical reactions include DMS oxidation by OH during the day and by
NO3 during the night to form SO2 , and SO2 oxidation by OH
in the gas phase and by H2 O2 in the aqueous phase to form
sulfate. The predicted mass profiles, averaged over a oneday period, are obtained at (36.61◦ N, 97.49◦ W) on 29 June
1997. The vertical profiles of background aerosols shown in
Fig. 2 are applied for the simulation, referred to as the highaerosol run in DEEP. Figure 3 shows the background aerosol
size distribution adopted for aerosol diameters between 0.01
and 1 µm at the surface.
The horizontal domain length is set to 168 km in both the
east-west and north-south directions to capture the mesoscale
structure of the storm while the vertical domain length is set
to 20 km to cover the troposphere and the lower stratosphere.
The horizontal grid length is 200 m while the vertical grid
length 100 m.

www.atmos-chem-phys.net/10/6819/2010/
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Table 1. Summary of simulations.
Case

Simulation

Location

Period

Surface aerosol
number
(cm−3 )

Meteorology

Domain size
(km3 )

Ice physics

Grid spacing
(m)

High-aerosol
run

(36.61◦ N,
97.49◦ W)

13:30 UTC
29 June–13:30
UTC 30 June
1997

∼ 4000

Observed during the ARM
sub-case A
campaign

168×168×20

Included

1x, 1y=200,
and 1z=100

High-aerosolno-ice run

Same as in the
high-aerosol
run in DEEP

Same as in the
high-aerosol
run in DEEP

Same as in the
high-aerosol
run in DEEP

Same as in the
high-aerosol
run in DEEP

Same as in the
high-aerosol
run in DEEP

Not included

Same as in the
high-aerosol
run in DEEP

Low-aerosol
run

Same as in the
high-aerosol
run in DEEP

Same as in the
high-aerosol
run in DEEP

∼ 400

Same as in the
high-aerosol
run in DEEP

Same as in the
high-aerosol
run in DEEP

Included

Same as in the
high-aerosol
run in DEEP

Low-aerosolno-ice run

Same as in the
high-aerosol
run in DEEP

Same as in the
high-aerosol
run in DEEP

Same as in the
low-aerosol run
in DEEP

Same as in the
high-aerosol
run in DEEP

Same as in the
high-aerosol
run in DEEP

Not included

Same as in the
high-aerosol
run in DEEP

High-aerosol
run

Same as in
DEEP

Same as in
DEEP

Same as in the
high-aerosol
run in DEEP

Same as in
DEEP but with
lower humidity
at the lowest
level

Same as in
DEEP

Included

Same as in
DEEP

High-aerosolno-ice run

Same as in
DEEP

Same as in
DEEP

Same as in the
high-aerosol
run in DEEP

Same as in the
high-aerosol
run in M ID

Same as in
DEEP

Not included

Same as in
DEEP

Low-aerosol
run

Same as in
DEEP

Same as in
DEEP

Same as in the
low-aerosol run
in DEEP

Same as in the
high-aerosol
run in MID

Same as in
DEEP

Included

Same as in
DEEP

Low-aerosolno-ice run

Same as in
DEEP

Same as in
DEEP

Same as in the
low-aerosol run
in DEEP

Same as in the
high-aerosol
run in MID

Same as in
DEEP

Not included

Same as in
DEEP

High-aerosol
run

Same as in
DEEP

Same as in
DEEP

Same as in the
high-aerosol
run in DEEP

26×26×20

Included
but
not activated

1x,
1y=50,
and 1z=40
below 2 km

Low-aerosol
run

Same as in
DEEP

Same as in
DEEP

Same as in the
low-aerosol run
in DEEP

Same as in
DEEP but with
strong positive
large-scale
temperature
forcing around
the
freezing
level
Same as in the
high-aerosol
run in SHALLOW

Same as in the
high-aerosol
run in SHALLOW

Included
but
not activated

Same as in the
high-aerosol
run in SHALLOW

DEEP

MID

SHALLOW

Maximum CAPE is ∼2500 J kg−1 and maximum wind
shear is ∼0.0075 s−1 in the high-aerosol run in DEEP. CAPE
is the integral of parcel buoyancy from the surface to the domain top. Wind shear is the change of wind speed from one
grid to the grid immediately above it, averaged over the lowest 6 km, unless otherwise stated; Wilhelmson and Klemp
(1978) showed that low-level shear below 6 km was more
important to the development of modeled convection than
upper-level shear. These CAPE and shear conditions support
the development of deep cumulonimbus-type clouds (with
anvil cirrus) (Bluestein, 1993).
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To examine the aerosol effect, the high-aerosol run is repeated but with the aerosol number reduced by a factor of
10. This simulation is referred to as the low-aerosol run in
DEEP. These reduced aerosols represent maritime aerosols.
Also, the high- and low-aerosol runs are repeated with no
ice physics in the same manner as in Lee et al. (2008a, b).
These simulations are referred to as the high-aerosol-no-ice
run and the low-aerosol-no-ice run. The comparison between
the pair of high-aerosol runs and low-aerosol runs with and
without ice physics is used to identify the effects of aerosols
on freezing and any resulting invigoration of convection. The
summary of simulations is shown in Table 1. The other simulations in Table 1 are described in the following sections.
Atmos. Chem. Phys., 10, 6819–6837, 2010
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4.3

Idealized stratiform clouds

Differences in the effect of aerosols on clouds between convective clouds and warm stratiform clouds were examined by
repeating the high-aerosol and the low-aerosol runs for idealized conditions which lead to the formation of warm stratiform clouds. To generate the idealized stratiform clouds,
identical meteorological and aerosol conditions to those in
DEEP were applied except for the temperature forcing; a
strong positive large-scale temperature forcing was applied
around the freezing-level favoring the formation of an inversion layer and thus the formation of shallow warm stratiform
clouds. This case of idealized stratiform clouds is referred
to as SHALLOW, henceforth. As shown in Fig. 4a and b,
depicting the vertical distribution of the area-averaged temperature forcing, negative temperature forcing is generally
imposed in DEEP and MID above around 4 km, whereas positive forcing is imposed with its peak around 4 km in SHALLOW.

5
5.1

Results
Deep convective clouds

Precipitation decreases in the low-aerosol run (Table 3) due
to the reduced freezing and gustiness (as measured by the
Atmos. Chem. Phys., 10, 6819–6837, 2010

a

DEEP and MID

Height (km)

Additional simulations (a pair of the high-aerosol and the
low-aerosol runs and a pair of the high-aerosol-no-ice and the
low-aerosol-no-ice runs) for idealized convective clouds with
lower cloud-top heights and thus shallower cloud depth than
those in DEEP are carried out. This case of convective clouds
is referred to as MID, henceforth. To better isolate the dependence of aerosol effects on the type of convective clouds
(characterized by cloud-top height), differences in the environmental and aerosol conditions between DEEP and MID
need to be minimized. For this, lower humidity forcing at the
lowest level is imposed to generate the lower CAPE in MID
as compared to DEEP, following Lee et al. (2008b), while
the aerosol and other environmental conditions are identical
to those in DEEP. The time- and area-averaged surface humidity forcing is ∼7.8 g kg−1 day−1 in DEEP, while the averaged forcing is ∼−1.4 g kg−1 day−1 in MID. The initial areaaveraged surface water-vapor mixing ratio is ∼15.3 g kg−1
for both DEEP and MID. CAPE plays an important role in
the determination of the types of convective clouds. This is
because CAPE basically determines the intensity of updrafts
(and thus of the convection). High (low) CAPE generally
leads to high (low) updrafts, increasing (reducing) vertical
transport of hydrometeors and, thus, cloud-top height. This
relation between CAPE and cloud-top height was simulated
in Lee et al. (2008b, 2009a).

Temperature Forcing

-4

-2

b

0
2
K day-1

4

SHALLOW

Height (km)

4.2
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-1

1

3

5

7

9

11

K day-1

Fig. 4. Time- and domain-averaged vertical distribution of potential
temperature large-scale forcing (K day−1 ) for (a) DEEP and MID
and for (b) SHALLOW.

−
→
absolute value of low-level convergence ( ∇ • V ) averaged
−
→
over the lowest 1 km; here, V is the horizontal wind vector)
(see Table 2). The reduction of heat within the system by the
evaporation of cloud liquid due to the increase in aerosol concentrations is ∼40 times larger than that released by cloudliquid freezing as shown in Table 2 and Fig. 5. Figure 5 depicts the time- and domain-averaged vertical distribution of
the rate of latent-heat changes due to evaporation and freezing for simulations in DEEP. This indicates that the effect of
increased aerosols on evaporation plays a much more important role in the aerosol-induced latent-heat redistribution than
that of freezing.
The high-aerosol-no-ice run still shows larger precipitation and the increase in precipitation in this run is similar to
that in the high-aerosol run (Table 2). This indicates that the
www.atmos-chem-phys.net/10/6819/2010/
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Table 2. Terms of the latent heat absorption and release and terms characterizing the cloud type and gustiness.
Case

Simulation

Domainaveraged
cumulative
heat
reduction
from
evaporation
of cloud
liquid at the
last time
step (108 J
m−2 )

Domainaveraged
cumulative
latent heat
release
from condensation
at the last
time step
(108 J
m−2 )

Domainaveraged
cumulative
latent heat
release
from freezing at the
last time
step (108 J
m−2 )

Domainaveraged
cumulative
heat
reduction
from
melting
at the last
time step
(108 J
m−2 )

Average
cloud-top
height
at
the time of
maximum
areaaveraged
precipitation
(km)

Cumulative
number of
convective
cores at the
last time
step

Averaged
low-level
convergence
over
the lowest 1 km
(10−4 s−1 )

1.48

1.95

0.043

0.028

11.1

237 615

2.6

1.53

2.00

–

–

10.8

200 312

2.3

DEEP

High-aerosol
run
High-aerosolno-ice run
Low-aerosol
run
Low-aerosolno-ice run

0.79

1.16

0.024

0.021

10.9

188 021

1.5

0.83

1.20

–

–

10.5

160 506

1.4

High-aerosol
run
High-aerosolno-ice run
Low-aerosol
run
Low-aerosolno-ice run

0.35

0.53

0.028

0.011

5.8

75 100

1.1

0.36

0.56

–

–

5.6

64 211

0.8

0.19

0.35

0.007

0.005

5.0

61 348

0.8

0.23

0.38

–

–

4.9

60 125

0.7

High-aerosol
run
Low-aerosol
run

0.05

0.08

–

–

1.3

–

0.3

0.03

0.05

–

–

1.1

–

0.2

MID

SHALLOW

effect of aerosols on evaporation and thus on gustiness accounts for most of the variation in precipitation induced by
aerosol changes and that the effect of aerosols on freezing
does not play a role as important as that on evaporation in
the precipitation variation.
The role of the effect of aerosols on evaporation and gustiness in the aerosol-induced changes in precipitation in the
experiments with no ice physics is examined. This examination enables us to isolate the effect of aerosols on gustiness
with the exclusion of the effect of aerosols on ice physics
through freezing.
The role of evaporation in gustiness is investigated by obtaining differences in variables associated with the intensity
of the convergence between the high-aerosol-no-ice run and
the low-aerosol-no-ice run. Figure 6 shows the time series
of the difference (high aerosol – low aerosol) in domainaveraged evaporation rate of cloud liquid and rain, condensation rate, and mass concentration of cloud liquid, updraft
−
→
mass flux, the lowest-1 km downdraft mass flux and ∇ • V .
www.atmos-chem-phys.net/10/6819/2010/

Around 18:30 GMT, cloud liquid at high aerosol begins to be
more abundant, leading to larger evaporation of cloud liquid.
Delayed autoconversion in the high-aerosol-no-ice run due to
higher cloud droplet number concentration (CDNC) results
in more abundant cloud liquid at high aerosol. Condensation is smaller at high aerosol due to weaker updrafts prior
to ∼19:10 GMT. Evaporation of rain around 18:30 GMT at
high aerosol is lower than at low aerosol, because less rain is
produced by autoconversion at high aerosol, providing less
rain to unsaturated areas.
Condensation, updrafts and evaporation of rain which contribute to the development of near-surface convergence are
less active at high aerosol prior to 18:50 GMT when the convergence becomes more intense at high aerosol. Condensation and updraft become more active after ∼19:00 GMT
as a result of more intense convergence at high aerosol.
More evaporation of cloud liquid induces stronger low-level
downdrafts (averaged over the lowest 1 km) at high aerosol
than at low aerosol around 18:30 GMT. Figure 7a and
7b at 18:35 GMT (5 min after the development of stronger
Atmos. Chem. Phys., 10, 6819–6837, 2010
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Table 3. Time- and area-averaged precipitation, liquid-water path (LWP) and top-of-the-atmosphere (TOA) shortwave cloud forcing (SCF)
and longwave cloud forcing (LCF).

Case

DEEP

MID

SHALLOW

Precipitation
(mm)

LWP
(g m−2 )

SCF
(W m−2 )

LCF
(W m−2 )

Observed
Simulation

33.2

55.2

–

–

High-aerosol
run
High-aerosolno-ice run
Low-aerosol
run
Low-aerosolno-ice run

34.2

52.8

−36.8

16.5

31.5

56.3

−37.5

16.9

29.9

18.2

−13.2

9.9

28.1

20.2

−13.9

11.3

High-aerosol
run
High-aerosolno-ice run
Low-aerosol
run
Low-aerosolno-ice run

6.5

40.9

−30.2

12.0

4.2

41.2

−31.5

12.3

5.3

18.5

−11.2

8.4

5.0

21.9

−11.8

8.9

High-aerosol
run
Low-aerosol
run

0.08

20.2

−32.2

2.5

0.5

15.3

−10.3

1.8

downdrafts at high aerosol) show that downdrafts are vertically collocated with the surface divergence fields. This
indicates that the downdrafts spread out on the surface and
thereby generate these divergence fields after reaching the
surface. The downdrafts spread out to collide with the ambient warm air and generate the convergence fields (i.e., the
gust fronts). More and stronger downdrafts generate more
and stronger convergence fields in the high-aerosol-no-ice
run than in the low-aerosol-no-ice run at 18:50 GMT (Fig. 6).
This time sequence, in which increased cloud liquid and
evaporation at high aerosol lead the development of, first, increased downdraft mass fluxes and convergence, and, finally,
increased updraft mass fluxes and condensation, establishes
causality.
Figure 8 at 19:15 GMT, which is 25 (5) min after the development of more intense low-level convergence (updrafts)
at high aerosol as seen in Fig. 6, shows that updrafts are vertically collocated with the surface convergence lines. This
indicates that the ambient air which is pushed upward more
around the more intense gust front becomes the source of
stronger updrafts at high aerosol. The more and stronger convergence induces more and stronger updrafts at 19:10 GMT
and thus more condensation at 19:15 GMT in the highaerosol-no-ice run than in the low-aerosol-no-ice run on 29
Atmos. Chem. Phys., 10, 6819–6837, 2010

June (Fig. 6). Then, a positive feedback between updrafts
and condensation is established which further increases condensation and updrafts, resulting in more cumulative precipitation in the high-aerosol-no-ice run (see Lee et al., 2008a,
b and Khain et al., 2008 for the positive relation between
the variation of condensation and that of precipitation). This
demonstrates that the aerosol-induced changes in the heat
reduction associated with the evaporation of cloud liquid,
leading to the increases in gustiness and subsequent updrafts
and the latent-heat distribution associated with condensation,
is alone able to enhance the precipitation with increasing
aerosols with no effect of aerosols on ice physics.
The cumulative number of grid points corresponding to the
regions in convective cores is ∼25% larger at high aerosol
than at low aerosol (Table 2). The core regions are identified
following Lee et al. (2008a). This indicates that the effect
of aerosols on gustiness leads to more subsequent convective
regions (contributing to more condensation) by generating
more as well as stronger low-level convergence lines.
It should be pointed out that there are substantial increases
not only in cloud liquid (Table 3) but also in cloud ice in the
high-aerosol run mainly due to the aerosol-induced increased
intensity of convection; the time- and domain-averaged ice
water path (IWP) is 24.6 and 7.1 g m−2 for the high-aerosol
www.atmos-chem-phys.net/10/6819/2010/
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DEEP

a

Differences (High-Low) in Domain-Averaged Budget

Evaporation rate

18:50z29
Δ Evaporation rate of cloud liquid (×10 −2 g m −3 h−1 )
Δ Evaporation rate of rain (× 10 −2 g m −3 h−1 )

High-aerosol run
Low-aerosol run

Δ Condensation rate (×10 −1 g m −3 h−1 )

Height (km)

Δ Cloud liquid

(×10 −4 g m −3 )

Δ Downdraft mass flux ( ×10 3 g cm −2 s −1 )
Δ Updraft mass flux ( × 103 g cm −2 s−1 )

Δ

0.14

b

0.28

−3 −1
Jm s

0.42

0.56

∇•V

( × 7.5 × 10 −5 s −1 )

0.7

Freezing rate
Time (hr)

High-aerosol run

Fig. 6. Time series of difference (High – Low) in domain-averaged
evaporation rate of cloud liquid and rain (×10−2 g m−3 h−1 ),
condensation rate (×10−1 g m−3 h−1 ), cloud liquid mass concentration (×10−4 g m−3 ), updraft, downdraft mass fluxes
−
→
(×103 g cm−2 s−1 ), and ∇ • V (×7.5×10−5 s−1 ) from the beginning of time integration to 19:30 GMT 29 June. Downdraft mass
−
→
flux and ∇ • V are averaged over the lowest 1 km.

Height (km)

Low-aerosol run

.

0.01

0.02

0.03
−3 −1

0.04

0.05

Jm s

Fig. 5. Time- and domain-averaged vertical distribution of the rate
of latent-heat changes due to (a) evaporation and (b) freezing for
DEEP.

run and the low-aerosol run, respectively. This leads to a
substantial offset in the aerosol-induced variation of negative
shortwave cloud forcing (SCF) by that of positive longwave
cloud forcing (LCF) at the top of the atmosphere. This is due
to the substantial increase in absorption of longwave radiation from the surface at high aerosol. The SCF and LCF are
calculated as clear-sky flux minus all-sky flux. The clear-sky
fluxes are diagnosed by setting the mixing ratios of all the
hydrometeors to zero with all the other variables unchanged
at every time step for the high- and low-aerosol runs, respectively. As much as 28% of the increase in the negative SCF
due to aerosol increases is offset by that of the LCF at the top
of the atmosphere.

www.atmos-chem-phys.net/10/6819/2010/

When cloud ice above the level of homogeneous freezing (∼9 km) is excluded only for the calculation of radiation
with all the other variables unchanged in the same manner
as in Lee et al. (2009a), the offset of the increased negative
SCF by increased LCF with increasing aerosols is reduced to
17% at the top of the atmosphere, indicating that the effects
of aerosol increases on the mass of anvil cirrus clouds play
nearly as important a role as those on the mixed-phase and
liquid clouds below the level of homogeneous freezing for
the large offset in deep convective clouds simulated here.
5.2

Idealized shallow convective clouds

In MID, a maximum CAPE value of ∼800 J kg−1 is simulated, which supports the formation of low-level cumulus
clouds (Bluestein, 1993) as simulated here (see Table 2 for
the cloud-top height). Clouds here do not reach the level of
homogeneous freezing and hence do not involve anvil cirrus
clouds.
The differences in the intensity of gustiness and the number of convective cores between the high-aerosol run and the
low-aerosol run are smaller in MID than in DEEP (Table 2).
This is due to the weakened convective flow, leading to a
Atmos. Chem. Phys., 10, 6819–6837, 2010
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Downdrafts (contours) and convergence field (shaded) (18:35 GMT on 29 June)
a

Updrafts (contours) and convergence field (shaded) (19:15 GMT on 29 June)
a

High-aerosol-no-ice run
cm -1
Domain-averaged downdraft: 8.12 cms
cm -1
Domain-averaged updraft: 7.85 cms

High-aerosol-no-ice run
r
∇ • V = 7.5 x 10-4 s-1

Domain-averaged updraft: 17.18cm s -1

r

r

-1
- ( ∇ • V )(s )

-1
- ( ∇ • V )(s )

b

b

Low-aerosol-no-ice run
cms -1
Domain-averaged downdraft: 6.32 cm
cm -1
Domain-averaged updraft: 9.25 cms

Low-aerosol-no-ice run
r
∇ • V = 7.0 x 10-4 s-1

Domain-averaged updraft: 14.49cm s -1

r

-1
- ( ∇ • V )(s )

r

-1
- ( ∇ • V )(s )

Fig. 7. (a) and (b) are the superimposition of the convergence field
(s−1 ) at the surface (represented by shading) and the vertically averaged downdrafts over the lowest 3 km (represented by contours
for 10, 30, and 50 (cm s−1 )) for the high-aerosol-no-ice run and
the low-aerosol-no-ice run at 18:35 GMT on 29 June. For reference, domain-averaged downdrafts and updrafts over the lowest
3 km and 4 km (where most of condensation occurs), respectively,
at 18:35 GMT on 29 June are shown just above (a) and (b).

reduction in the transport of the cloud liquid to unsaturated
areas, and a decreasing cloud-top height, leading to a reduction in the path to the surface which downdrafts follow. This
decreases differences in evaporation and in the downdrafts
between the high-aerosol run and the low-aerosol run, leading to a reduction in the differences in the low-level convergence. This leads to the reduction in the differences in the
number of subsequent convective cores and in the intensity of
the subsequent updrafts between the high-aerosol run and the
low-aerosol run (Table 2 and Fig. 9). Due to reduced differences in the number of convective cores which contributes to
reduced differences in updrafts with lowered CAPE, the increase in condensation in the high-aerosol run is not as large
as in DEEP (Table 2). This leads to smaller increases in precipitation in the high-aerosol run than that in DEEP (Table 3).
In MID, ice physics is necessary to induce the
precipitation-increase mechanism at high aerosol, since simulations with no ice physics showed more precipitation at low
Atmos. Chem. Phys., 10, 6819–6837, 2010

Fig. 8. (a) and (b) are the superimposition of convergence field
(s−1 ) at the surface (represented by shading) and the averaged updrafts over the lowest 4 km (represented by contours for 50, 100,
and 200 (cm s−1 )) at 19:15 GMT on 29 June for the high-aerosolno-ice run and the low-aerosol-no-ice run in DEEP, respectively.
−
→
For reference, domain-averaged ∇ • V over the lowest 1km and
updrafts over the lowest 4 km are shown just above (a) and (b).
−
→
Here, V is the horizontal wind vector.

aerosol (Table 3) than at high aerosol. Thus, aerosol effects
on ice physics are more important in convective clouds with
lower cloud-top heights and cloud depth (leading to weakened aerosol effects on gustiness).
The smaller differences in evaporative cooling, convergence, and updrafts between the high- and low-aerosol runs
lead to smaller increases in cloud mass in MID than in DEEP
at high aerosol. This, in turn, leads to an offset of only 19%
of the increased negative SCF by increased LCF in MID,
whereas DEEP had an offset of as much as 28% at the top
of the atmosphere with increased aerosols. As the cloudtop height lowers, the offset by LCF (the so-called infrared
warming effects) due to aerosols decreases.
5.3

Idealized stratiform clouds

The inversion layer caused by the imposed positive temperature forcing leads to a maximum CAPE of only ∼300 J kg−1 .
The horizontal domain length is set to 26 km in both the
www.atmos-chem-phys.net/10/6819/2010/
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crophysical cause) alone cannot increase precipitation in a
polluted case. A large cloud-depth for active interactions between microphysics and dynamics (i.e., downdarfts and gust
front) is necessary for a sufficient increase in condensation
which can lead to an increased precipitation with increased
aerosols.
The substantially reduced increases in condensation in
SHALLOW lead to a cloud-liquid increase of ∼50% in the
high-aerosol run, an ∼6 (∼4) times smaller percentage increase than that shown in DEEP (MID). This in turn leads
to a much smaller offset of the increased negative SCF by
increased LCF in SHALLOW than that in DEEP and MID.
Only ∼3% of increased negative SCF is offset by increased
LCF in SHALLOW.
5.4

8

10 kg s -1

Fig. 9. Vertical distribution of time-averaged updraft mass flux for
the high- and low-aerosol runs. The high- and low-aerosol runs
for DEEP, MID, and SHALLOW include ice physics, though ice
physics is not activated in SHALLOW.

east-west and north-south directions and the vertical domain
length is 20 km. The horizontal grid length is set to 50 m and
the vertical spacing is uniformly 40 m below 2.0 km and then
stretched to 240 m near the model top.
The detrainment of cloud liquid and associated evaporation in SHALLOW are smaller than those in the other cases,
leading the smallest differences in evaporation between the
high-aerosol and the low-aerosol runs (Table 2). Also, evaporatively driven differences in downdrafts at their level of initial descent are not magnified in SHALLOW as much as they
are in DEEP and MID since they accelerate to the surface
over the shortest distances; the cloud-top height is ∼1 km in
SHALLOW (Table 2). These smaller differences in downdrafts lead to substantially reduced differences in the lowlevel convergence, and, thus, updrafts and condensation as
compared to those in convective clouds (Table 2 and Fig. 9).
Increases in condensation at high aerosol in SHALLOW do
not balance the decreased autoconversion at high aerosol and
result in less precipitation.
Increases in condensation at high aerosol in this case of
stratiform clouds are mostly due to a microphysical reason
identified in Lee et al. (2009c). Lee et al. (2009c) showed
that just aerosol increases (per se) can increase condensation
by providing increased total surface area of droplets where
water vapor deposit. However, this study shows that this (miwww.atmos-chem-phys.net/10/6819/2010/

Size-distribution parameters

Double-moment microphysics used here assumes a gamma
size distribution for hydrometeors. Many observational studies indicate that cloud hydrometeors can be fit into the
gamma size distribution reasonably well. Hence, the gamma
size distribution used here is expected to represent the hydrometeor distribution adequately. Also, Seifert et al. (2006)
indicated that the exact shape of size distribution of hydrometeors was not of importance to the reasonable simulation of
precipitation. To test this indication, we repeated simulations
for each of the cases by varying the shape parameter (ν) in
Eq. (1) from 1 to 10 (see Walko et al. (1995) for the gamma
distributions corresponding to the shape parameter from 1 to
10). For ν=1, the gamma distribution reduces to the exponential or Marshall-Palmer distribution. From these simulations, we found that the qualitative nature of results here were
robust to the shape parameter. This confirms the indication
by Seifert et al., 2006 and demonstrates that results here are
fairly robust to the assumption of size distribution.
5.5

Effect of evaporative cooling on precipitation

It is well-known that the convergence in a convective system is mostly controlled by evaporative cooling and downdrafts (see Houze, 1993 for details) as demonstrated by this
study. However, to confirm the critical role evaporative cooling plays in the convergence and the precipitation response to
aerosols in convective clouds, we carried out additional simulations by reducing the evaporative cooling of droplets in
the high-aerosol case for DEEP and MID, respectively, following the methodology similar to that of Li et al. (2009b).
We multiplied the droplet evaporation in the high-aerosol
case by a reduction factor to make cumulative evaporation
in the high-aerosol case to be identical to that in the lowaerosol case; the reduction factor is calculated based on the
difference in the cumulative evaporation between the highaerosol and low-aerosol cases shown in Table 2. With a reduction only in the droplet evaporation in the high-aerosol
case in DEEP, precipitation decreases in the high-aerosol
Atmos. Chem. Phys., 10, 6819–6837, 2010
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case whether ice physics is included or not in these additional simulations. This demonstrates the critical role of
the increase in droplet evaporation in the intensification of
low-level convergence and precipitation enhancement with
increasing aerosols. In MID, due to reduced droplet evaporation (leading to the reduced intensity of low-level convergence), precipitation decreases in the high-aerosol case
in these additional simulations as compared to precipitation
in the standard high-aerosol case whether ice physics is included or not. However, the sign of precipitation response
to aerosols for each of cases with and without ice physics in
MID does not change in these additional simulations as compared to that in the standard simulations. In these additional
simulations with no ice for MID, less intensified low-level
convergence in the high-aerosol case as compared to that in
the standard high-aerosol case leads to more decreased precipitation in the high-aerosol case as compared to that in the
standard high-aerosol case. With ice for MID in these additional simulations, though the intensity of low-level convergence decreases in the high-aerosol case (as compared to
that in the standard high-aerosol case), the ice physics still
enables more precipitation in the high-aerosol case.
Also, as shown in Fig. 5, depicting the vertical distribution of the rate of latent-heat changes due to evaporation
and freezing, most of cloud-liquid evaporation and its difference between the high- and low-aerosol runs occur below the
freezing level in DEEP; this also holds for the no-ice runs in
DEEP and all of the runs for MID. Hence, cloud-liquid evaporation above the freezing level does have minor impacts on
the results here.

6

Summary and conclusion

Rosenfeld et al. (2008) discussed the thermodynamic forcing (TF) of clouds. Rosenfeld et al. (2008) defined the TF as
the aerosol-induced change in the atmospheric energy budget that is not radiative in nature. As seen here in the comparison between experiments with ice physics and with no
ice physics, a large portion of the TF in deep convective
clouds is accounted for by the effect of aerosols on evaporation and thus gustiness (which affects condensation) while
the effect of aerosols on freezing (and thus melting) accounts
for only ∼25% of the TF. This was shown by examining
the difference in precipitation between experiments with no
ice physics and those with ice physics. This indicates that
the aerosol-induced changes in the latent-heat distribution
and updrafts are mainly controlled by interactions between
changes in evaporation and gustiness. The role of the interactions between changes in freezing and dynamics play a
comparatively minor role in the aerosol-induced changes in
the latent-heat distribution and updrafts in deep convection.
Each added millimeter of precipitation during 24 h can induce a TF of 29 W m−2 (Rosenfeld et al., 2008). The precipitation differences between the high-aerosol and the lowAtmos. Chem. Phys., 10, 6819–6837, 2010
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aerosol runs in DEEP are 4.3 mm and, hence, the TF is
as much as 124.7 W m−2 , which is quite large, considering
that the change in the net radiative forcing (i.e., SCF+LCF)
between the high-aerosol run and the low-aerosol run is
∼15 W m−2 . The TF does not change the Earth’s energy budget, but rather redistributes it internally, and hence can affect
temperature gradients and atmospheric circulation (Rosenfeld et al., 2008). Thus, the large TF associated with changes
in the evaporatively driven downdrafts in deep convective
clouds (due to the transition of aerosols from maritime levels to continental levels) can modify the large-scale atmospheric circulation driven by deep convective clouds. For
example, deep convective clouds in the ITCZ are the primary
drivers for the Hadley circulation which plays a critical role
in distributing heat from the tropics to the mid-latitudes. This
study indicates that aerosol increases can increase the instability in the atmosphere by increasing the cooling associated
with cloud-liquid evaporation. This increased instability is
realized as an increased intensity of downdrafts and gustiness, leading to the subsequent development of stronger updrafts and thus more condensation and precipitation in the
deep convective clouds simulated here. Hence, the possible modification of deep convective clouds in the ITCZ by
aerosol-induced changes in the evaporation and thus the atmospheric instability can affect global circulation patterns. It
is critical to understand and quantify the role of the aerosolinduced changes in the instability in deep convection in addition to their role in precipitation changes for a better prediction of climate changes.
It should be pointed out that the aerosol-induced increases
in condensation increase droplets as a source of homogeneous freezing, a process accounting for most of the mass of
anvil cirrus clouds. The increased cirrus mass plays an important role in the large offset of the increased negative SCF
by increased LCF, which is ∼30% in deep convective clouds.
This indicates that aerosol increases can increase the mass of
cirrus clouds detrained from deep convection. Cirrus clouds
regularly cover 20–25% of the globe and as much as 70%
over the tropics and, thus, can act as one of major modulators of the global radiation budget (Liou, 1986, 2005). About
half of the large-scale cirrus clouds have their origins in the
upper layers detrained from deep, precipitation cloud systems (Houze, 1993). Hence, the aerosol-induced large offset
by LCF (the so-called infrared warming effect) in deep convective clouds can be critical for the correct assessment of
aerosol indirect effects. General circulation model (GCM)
studies of aerosol effects on clouds have mainly focused on
low-level stratiform clouds for the evaluation of changes in
cloud radiative forcing by aerosol increases. Generally, they
have not taken into account aerosol effects on deep convection or the links between these effects and detrained cirrus.
This neglect will contribute to large uncertainties associated
with the effects of ice clouds on radiation and aerosol indirect
effects.
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This study also showed that the infrared warming effect varied with cloud types as characterized by the CAPEcontrolled cloud-top height. As the cloud-height lowers, the
offset of the aerosol-induced changes in the negative SCF by
the aerosol-induced changes in LCF decreases. This dependence of the relative magnitude of the variation in LCF to
that in the negative SCF on cloud-top height indicates that
changing environmental conditions due to climate change
may impact the global offset of the variation in negative
SCF by that in LCF. As an example, increases in temperature at the Earth’s surface due to increases in greenhouse
gases can increase the surface humidity, and, thereby, CAPE;
the Clausius-Clapeyron equation indicates that the saturation water-vapor pressure increases exponentially with increasing temperature. As indicated in Weisman and Klemp
(1982) and Bluestein (1993) and as simulated in DEEP and
MID, CAPE plays an important role in the determination of
cloud-top height; cloud-top height decreases with decreasing CAPE. Thus, it is expected that the offset of increased
negative SCF by increased LCF will be larger with increasing greenhouse gases based on the comparisons of radiation
among DEEP, MID, and SHALLOW where CAPE (and thus
cloud-top height and the offset) increased. Hence, after industrialization, the environmental conditions changed in favor of an increasing offset of increased negative SCF by increased LCF due to aerosol increases. In other words, the
warmer and more humid surface conditions increase the sensitivity of the offset to aerosol increases. The evaluation of
this changing offset can be critical to the assessment of the
response of climate to both greenhouse gases and aerosols,
considering the strong sensitivity of the offset to the cloudtop height simulated here.
As shown in this study, the role of aerosol effects on gustiness is more critical than the role of aerosol effects on freezing for the development of increased precipitation with increases in aerosols in deep clouds but freezing becomes more
important as clouds become shallower. Hence, the possible
increases in CAPE with the increasing greenhouse gases act
in favor of the role of the aerosol effects on gustiness by increasing the intensity of convective motions and the depth of
clouds. Also, it should be pointed out that there are numerous numerical and observational studies (Khain et al., 2003,
2004, 2005, 2008; Lynn et al., 2005; Koren et al., 2005; Lin
et al., 2006; Bell et al., 2008 and references therein) showing that increases in aerosols induce increases in the vigor
and precipitation of convective clouds. According to the
studies performed here, it seems that these changes cannot
be ascribed solely to the responses of freezing and melting
to aerosol changes as suggested by Rosenfeld et al. (2008),
since many of the cases described in these studies involve
deep convective clouds. Aerosol effects on liquid water evaporation and thus gustiness need to be considered for a better understanding of aerosol-cloud interactions in convective
clouds.
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The idealized modeling here shows that variations in
CAPE can produce a range of convective responses to
aerosols. However, variations of this nature do not preclude
other interactions or thermodynamic factors as controls on
the response of convection to variations in aerosols. For example, Khain et al. (2007) found that increasing aerosol can
either decrease or increase surface precipitation, depending
on humidity. Also, a given value of CAPE is not unique with
respect to thermodynamic structure. For example, CAPE can
be increased by increasing near-surface humidity or by increasing the middle-tropospheric lapse rate. The former approach has been used to generate the idealized CAPE variations in this paper. Varying the CAPE in this way may favor
increased condensate production with a higher CAPE with
increasing aerosols and the subsequent interactions described
here. However, additional sensitivity tests where CAPE varied with changing tropospehric lapse rate showed that results
here were fairly robust to whether changes in humidity or in
lapse rate led to those in CAPE.
Li et al. (2009b) pointed out that a bulk microphysics can
overestimate rain evaporation. This led to a development of
a non-optimal structure of a squall line which had abnormal convective elements in the trailing stratiform clouds. Li
et al. (2009b) used a single-moment microphysics coupled
with a saturation adjustment. However, this study used a
double-moment microphysics coupled with a supersaturation
prediction. In addition, in this microphysics, the sedimentation of all hydrometeors, which is known to affect evaporation of precipitable hydrometeors significantly, is simulated
by emulating a full-bin model with 36 bins (see Sect. 3 for
details). This simulates the sedimentation with better confidence than previous treatments of sedimentation that use
a mass-weighted fall speed, which is adopted in the singlemoment scheme in Li et al. (2009b). Using this sedimentation method in addition to the use of supersaturation prediction enables a better simulation of evaporation than a singlemoment microphysics. Hence, this study is able to simulate
a well-defined trailing region of stratiform clouds with no
convective cells.
Studies show coarse resolution or 2-D domain can contribute to unrealistically high updrafts, evaporation and precipitation (Phillips and Donner, 2007; Lee et al., 2009b;
and Lee and Penner, 2010). In addition to the use of the
single-moment microphysics coupled with the saturation adjustment, the use of rather coarse resolution and/or the use
of 2-D domain may have contributed to the simulated larger
updrafts, evaporation and precipitation with the single bulk
scheme than with the bin scheme in Li et al. (2009a, b)
and Khain et al. (2009) and Khain and Lynn (2009). The
use of higher resolution (than Li et al. (2009a, b), Khain et
al. (2009) and Khain and Lynn, 2009) and 3-D domain acts to
minimize the possibility of occurrence of unrealistically high
updrafts, evaporation and precipitation. Thus, this indicates
that this possibility (associated with resolution and domain
setup) is likely to be much lower in this study than that in
Atmos. Chem. Phys., 10, 6819–6837, 2010
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Li et al. (2009a, b), Khain et al. (2009) and Khain and Lynn
(2009).
This study used aerosol profiles produced by the GFDL
AM2, since the 1997 ARM campaign does not provide
aerosol data. However, as discussed in Lee et al. (2008a,
b), aerosols only trigger feedbacks among downdrafts, gust
front and condensation at the very beginning stage of simulations. These feedbacks are associated more with macrophysical processes (e.g., gust front, updrafts and downdrafts) than microphysical processes. Thus, microphysical
details such as aerosol distributions do not have strong impact on these feedbacks and precipitation increase with increasing aerosols. After the feedbacks are triggered, those
feedbacks themselves determine the response of precipitation to aerosol changes and the direct impact of aerosols
on feedbacks and precipitation is nearly absent. This indicates that detailed aerosol data are not needed to simulate the
precipitation-increase mechanism. Just the reasonable simulation of the aerosol-induced change in autoconversion (leading to changes in cloud-liquid amount as a source of evaporation) and evaporative cooling of droplets at the beginning
stage of simulation is needed for the simulation of the feedbacks. Hence, although observed aerosol data are not used,
the precipitation variation with aerosols is likely to be robust
to what the original aerosol input is. To confirm this, we repeated the high-aerosol run in MID and DEEP with different
aerosols. These different aerosols are also from AM2 and
correspond to the minimum and the maximum aerosol number for the period between 28 and 30 June 1997. We compared these repeated high-aerosol runs with the maximum
and minimum aerosols (with different aerosol size distributions) to the low-aerosol run in each of MID and DEEP. From
this comparison, we found no changes in the qualitative nature of results; the minimum aerosol number is larger than
the aerosol in the low-aerosol run and, thus, these repeated
simulations with the minimum and maximum aerosol numbers both act as a high-aerosol run relative to the low-aerosol
run and aerosol number varies between the minimum and the
maximum by a factor of ∼6.
Fan et al. (2009) showed a precipitation suppression at
high aerosol in deep convection. They simulated an isolated
deep convective cloud, while this study simulated a MCE.
Hence, Fan et al. (2009) was not able to see the effect of
aerosols on the subsequent development of secondary clouds
over large domain through aerosol effects on downdrafts and
low-level convergence which is simulated in this study. This
study simulated invigorated convection (in terms of the averaged intensity of convection over the mesoscale domain)
with a strong wind-shear condition based on the shear classification of Fan et al. (2009).
This study does not focus on the effect of environmental conditions such as wind shear and relative humidity on
aerosol-cloud interactions in deep convection. However, for
a MCE, when environmental humidity is high, an increase
in evaporative cooling with increasing aerosols can decrease
Atmos. Chem. Phys., 10, 6819–6837, 2010
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(efficiency of evaporation can be lowered when droplets are
detrained into environment), which can lead to a decreased
intensification of low-level convergence and a suppression
of the mesocale cloud ensemble with increasing aerosols.
But, the drying effect of entrained air into clouds will be
lower with high humidity (Khain et al., 2008). However,
when environmental humidity is low, the evaporation efficiency and thus the increase in evaporation with increasing
aerosols (thus increase in the intensity of low-level convergence and condensation) will be larger, which can lead to
the intensification of subsequent cloud and thus of the MCE.
But, dry humidity increases the drying effect of entrained
air into clouds and this can oppose the effect of evaporation on the low-level convergence and condensation in terms
of the intensification of the MCE. Hence, there is a competition between entrainment and the effect of evaporation
on the low-level convergence and subsequent condensation
(with increasing aerosols) to determine the sign of the effect
of aerosols on the intensity of cloud ensemble for a given
humidity condition. The investigation of this competition
between entrainment and interactions between evaporation
and the low-level convergence and its variation with humidity merits future study. Also, with a weak wind-shear condition, we want to point out that the effect of evaporation
on subsequent clouds through the intensification of low-level
convergence can be weakened. Thus, a precipitation production through the aerosol-induced intensification of low-level
convergence can be smaller with a weak wind-shear condition than simulated here. This can lead to the different effect
of aerosols on precipitation than simulated here.
Appendix A
Deposition nucleation at temperatures warmer than
−40 ◦ C
At temperatures between −30 and −40 ◦ C and between −5
and −30 ◦ C, DeMott et al. (2003) and Meyers et al.’s (1992)
parameterizations, multiplied by a scaling factor, are used
for deposition nucleation, respectively. For temperatures between −30 and −40 ◦ C:
NIN (m−3 ) = 1000(exp[12.96(Si − 1.1)])0.3 × 9

(A1)

Here, NIN is ice-crystal number concentration, Si the saturation ratio with respect to ice and 9 a scaling factor to take
into account the dependence of IN activation on dust mass.
DU2.5
9 is DU
∗ , where DU2.5 is mass concentration of dust parti2.5
cles with diameter less than 2.5 µm and DU∗2.5 is a reference
dust mass concentration. DU∗2.5 is set at 0.11 µg m−3 based
on dust data from the Mount Werner project used to derive
Eq. (A1) (DeMott et al., 2003). Hence, Eq. (A1) computes
NIN based on variation of dust mass relative to dust mass
observed at the Mount Werner project. It was observed that
IN concentrations were almost linear with the concentrations
www.atmos-chem-phys.net/10/6819/2010/
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of large aerosol particles (Berezinskiy et al., 1986; Georgii
and Kleinjung, 1967), supporting the assumption that NIN
is proportional to DU2.5 . For temperatures between −5 and
−30 ◦ C, the same scaling factor as used in Eq. (A1) is applied
to the parameterization of Meyers et al. (1992) as follows,
since dust mass data are not available in Meyers et al. (1992):
NIN (m−3 ) = 63exp[12.96(Si − 1) − 0.639] × 9

(A2)
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