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Abstract. It is well-known that aerosols affect clouds and offset is not as effective, and this allows the suppression of
that the effect of aerosols on clouds is critical for understand-precipitation with increased aerosols. Thus aerosols affect
ing human-induced climate change. Most climate modelthese cloud systems differently. The dependence of the effect
studies have focused on the effect of aerosols on warm stratief aerosols on clouds on the morphology of clouds should be
form clouds (e.g., stratocumulus clouds) for the prediction oftaken into account for a more complete assessment of climate
climate change. However, systems like the Asian and In-change.

dian Monsoon, storm tracks, and the intertropical conver-
gence zone, play important roles in the global hydrologi-
cal cycle and in the circulation of energy and are driven byl
thunderstorm-type convective clouds. Here, we show that

the different morphologies of these two cloud types lead toaerosols act as cloud condensation nuclei (CCN) and affect
different aerosol-cloud interactions. Increasing aerosols arg|qyd properties. A significant amount of effort has been
known to suppress the conversion of droplets to rain (i.e., SOpyt into understanding the effects of aerosols on clouds (also
called autoconversion). This increases droplets as a sourQg,own as aerosol indirect effects), since these effects have
of evaporative cooling, leading to an increased intensity ofheen considered to be critical for the correct assessment of
downdrafts. The acceleration of the intensity of downdraftsine change in climate induced by human activities (Penner et
is larger in convective clouds due to their larger cloud depthsy|  2001).

(providing longer paths for downdrafts to follow to the sur-  The aerosol indirect effect was proposed based on ob-
face) than in stratiform clouds. More accelerated downdraftSseryational and modeling studies of warm stratiform clouds
intensify the gust front, leading to significantly increased up- (Tyomey, 1977; Albrecht, 1989) and most climate studies

drafts, condensation and thus the collection of cloud liquidpaye focused on the effects of aerosols on warm stratiform
by precipitation, which offsets the suppressed autoconverg|quds for the prediction of climate change.

sion. This leads to an enhancement of precipitation with in-  Recent studies. however. show that aerosols can also
creased aerosols in convectllve clogds. However, the dOW'?Change the microphysical and dynamical properties of con-
drafts are less accelerated in stratiform clouds due to theiygctive clouds (Khain et al., 2003, 2004, 2005, 2008; Lynn
smaller cloud depths, and they are not able to induce changes al., 2005; Tao et al., 2007; Lee et al., 2008a, b). Aerosol
in updrafts as large as those in convective clouds. Thus, thgffects on cloud mass and precipitation are different for con-
vective and warm stratiform clouds (Lee et al., 2008b). These
studies have shown that it is not certain whether the well-
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suggested that precipitation from convective clouds may in-thus, cloud mass (which plays an important role in the de-
crease with increasing aerosols under some conditions.  termination of cloud radiative properties) in deeper clouds.
Systems like the Asian and Indian Monsoon, storm tracks, This study examines the role of aerosol effects on gusti-
and the intertropical convergence zone (ITCZ), play impor-ness in explaining the aerosol-induced changes in precip-
tant roles in the global hydrologic and energy circulation, itation, microphysics, and cloud mass in deep convective
and are driven by convective clouds, often organized intoclouds. The study also aims to gain an understanding of how
mesoscale cloud ensembles (MCEs). The detrainment othe relative roles of aerosol effects on gustiness to those on
ice crystals from convective clouds is the major source offreezing varies with the CAPE level by comparing a case of
ice anvils and cirrus in these systems. These cirrus cloudsleep convective clouds forming with high CAPE to a case of
have significant impacts on the global radiation budget (Ra-<comparatively shallow convective clouds forming with low
manathan et al., 1989; Liou, 2005), and their radiative prop-CAPE. Finally, the response of convective clouds to aerosols
erties are mainly determined by ice-crystal formation andis compared to those of stratiform clouds. This gives us anin-
growth in convective clouds (Houze, 1993). In addition, the sight into how the effects of aerosols on convective clouds are
precipitation from these systems plays a crucial role in thedifferent from those on warm stratiform clouds which have
global hydrologic cycle (Houze, 1993). Hence, aerosol ef-garnered much more attention than convective clouds for the
fects on convective clouds alter both the radiative propertiesinderstanding of the effects of aerosols on climate.
of cirrus clouds and, thus, the global radiation budget, and
precipitation processes and, thus, the global hydrologic cy- i _
cle. Those systems located over or near continents can bg 1 heoretical background: gust front
significantly "?‘ﬁeCted by aerosc_)I changes. Therefore, it 15 Im'Figure 1 schematically describes a supercell thunderstorm
portant to gain an understanding of how aerosols modify ra- . .
o L . (also referred to as a deep convective cloud here) at its mature
diation and precipitation in convective clouds. :
. . stage. Figure 1 shows the gust front formed by cold down-
It has been proposed that the delay of autoconversion (i.e. .
. . : "~ drafts reaching the low-level atmosphere and the surface and
the conversion of droplets to raindrops through interactions . : : .
. ; . then spreading out to face the warm ambient air. The ambi-
among droplets) induced by aerosol increases could increase . "
ent air is pushed upward by the gust front to form subsequent

the mass of droplets transported to the freezing level (Rosenﬁew cells. It is well-known that the intensity and the num-

feld etal., 2008). This increases the parcel-buoyancy through er of the subsequent thunderstorm cells are closely linked

the mcreasgd .Iatent_-heat release from freezing, wh!ch CPUI o the intensity of this gust front (Houze, 1993). The down-
lead to the invigoration of convection and thus precipitation

enhancement (Rosenfeld et al., 2008). However, recent stuaqraﬁs are driven t')y.the evaporative cooling of drop[e ts and
rain and thus their intensities are generally proportional to

ies propose that the aerosol-induced intensification of gusti- . :
. . the evaporative cooling.
ness (henceforth, also referred to as the gust front in this .
A It has been shown that the aerosol-induced delay of auto-
study, cf., Houze, 1993) at the initial stage of cloud develop- L ; .
g . conversion increases droplets available for evaporative cool-
ment could also lead to increased updrafts and thus increase :
. LT ing, leading to more and stronger downdrafts and thus gust
condensation and precipitation in the subsequent develop:

. o ; tfronts (Khain et al., 2003, 2005; Lynn et al., 2005; Tao et
ment of convective clouds with increased aerosols (Khain el 2007 Lee et al.. 20084 b). This leads to the subsequent
al., 2003, 2005; Lynn et al., 2005; Tao et al., 2007; Lee et " . N * 9

al., 2008a, b). It has been shown that the aerosol-induced Nt ore and stronger con\_/e_cti(_)n (and thus updrafts and conden-
. . . S sation), and more precipitation.

vigoration of convection and precipitation enhancement can

be simulated in the absence of freezing through the intensi-

fication of gustiness in deep convective clouds reaching thes  Cloud-system resolving model (CSRM)

tropopause (Lee et al., 2008a, b).

The aerosol-induced intensification of gustiness depend3he Goddard Cumulus Ensemble (GCE) model (Tao et al.,
on the convective available potential energy (CAPE) level2003), which is a three-dimensional nonhydrostatic com-
controlling the vigor of the convection and thus the top- pressible model, is used as a CSRM here. The detailed equa-
height of convective clouds (Lee et al., 2008b). The aerosoltions of the dynamical core of the GCE model are described
induced intensification of gustiness is larger at higher CAPEby Tao and Simpson (1993) and Simpson and Tao (1993).
which supports the development of deeper clouds with higher The subgrid-scale turbulence used in the GCE model is
cloud-top heights (Lee et al., 2008b). This implies that thebased on work by Klemp and Wilhelmson (1978) and Soong
relative importance of the effects of aerosols on freezing asand Ogura (1980). In their approach, one prognostic equa-
proposed by Rosenfeld et al. (2008) compared to those otion is solved for the subgrid-scale kinetic energy, which is
gustiness may vary with varying CAPE. We propose thatthen used to specify the eddy coefficients. The effect of con-
the effects of aerosols on gustiness are more critical thamlensation on the generation of subgrid-scale kinetic energy
those on freezing to the determination of the aerosol-induceds also incorporated into the model.
changes in precipitation and associated microphysics, and
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Fig. 1. Schematic model of a deep convective supercell thunderstorm observed near Raymer, Colorado. The solid lines are streamlines of
flow relative to the moving system; they are broken on the left side of the figure to represent flow into and out of the plane and on the right
side of the figure to represent flow remaining within a plane a few kilometers closer to the reader. The chain of open circles represents the
trajectory of a hailstone. Lightly stippled shading represents the extent of cloud and the two darker grades of stippled shading represent radal
reflectivities of 35 and 45 dBZ. The white area enclosing the hail trajectory is bounded by 50 dBZ. The gust front is represented by a solid
line with triangles. Adapted from Houze (1993).

To represent microphysical processes, bin microphysicgarticles explicitly, which is not featured in most of bin mi-
can be a good candidate. However, there are still unresolvedrophysics; this will be described in more detail in the fol-
issues related to application of bin schemes to CSRMs witHowing sections.
relatively low spatial resolutions (on the order of 100m— The size distribution of hydrometeors obeys a generalized
1000 m) used for mesoscale studies (including this study)yamma distribution:

(e.g., droplet nucleation, cf., Saleeby and Cotton, 2004, and 1

; : g N, (D 1 D
the impact of entrainment and mixing on cloud droplet spec-;(p) = (_) —exp(——) (1)
tra, cf., Grabowski, 2006). Also, in general, high computa- ['(v) \ Dy Dy, Dy,
tional cost required by bin microphysics elongates simulationwhere D is the equivalent spherical diameter (my,D)d D
wall-clock time by a factor of 30—40 and this disables us from the number concentration () of particles in the size range
completing simulations here within a practical time frame. 4D, and N, the total number of particles (nd). Also, v is
Hence, the GCE model adopts the double-moment bulk repthe gamma distribution shape parameter (non-dimensional)
resentation of Saleeby and Cotton (2004) based on Morrisoand D,, is the characteristic diameter of the distribution (m).
et al. (2009) and Seifert et al. (2006) for simulations here.|t is well known that hydrometeors follow the gamma distri-
Morrison et al. (2009) showed the double-moment micro-pution and, thus, bulk scheme with the gamma distribution
physics was able to simulate convective clouds with a fairlyhas been used in numerous case studies and showed good
good agreement with observations. Seifert et al. (2006) in-agreement with observation (e.g., Lee et al., 2008a, 2009a,
dicated that double-moment schemes were the most promisy; Walko et al., 1995; Meyers et al, 1997; Saleeby and Cot-
ing microphysical compromise between computational coston, 2004). Also, Seifert et al. (2006) indicated that the exact
and realistic simulations to be used in models for mesoscalghape of size distribution of hydrometeors was not of impor-
cloud-resolving simulations. Also, we want to note that the tance to the reasonable simulation of precipitation. This sup-
double-moment microphysics here considers aerosol propeforts the use of approximated form of size distribution (i.e.,
ties for homogeneous and heterogeneous nucleation of icgamma distribution in this study).
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Full stochastic collection solutions for self-collection ner (2010) showed that the supersaturation prediction pre-
among cloud droplets and for rain drop collection of cloud vented an overestimation of condensation and evaporation
droplets based on Feingold et al. (1988) are obtainechs compared to a saturation adjustment. This prevention
using realistic collection kernels from Long (1974) and improves simulations of interactions between microphysics
Hall (1980). Hence, this study does not constrain the systenand dynamics, which are associated with latent-heat distri-
to a threshold mixing ratio and constant or average collectiorbutions.
efficiencies. The full stochastic collection solutions used in  The cloud-droplet nucleation parameterization of Abdul-
this study lowers the uncertainty from the use of a thresh-Razzak and Ghan (2000, 2002), which is based 6hl&r
old mixing ratio and constant or average collection efficien-theory, is used. This parameterization combines the treat-
cies significantly as shown in Seifert et al. (2006). Following ment of multiple aerosol types and a sectional representation
Walko et al. (1995), lookup tables are generated and used iof size to deal with arbitrary aerosol mixing states and arbi-
each collection process. This enables fast and accurate soltrary aerosol size distributions. The bulk hygroscopicity pa-
tions to the collection equations. rameter for each category of aerosol is the volume-weighted

The philosophy of bin representation is adopted for calcu-average of the parameters for each component taken from
lations of the hydrometeor sedimentation and collection. TheGhan et al. (2001). In applying the Abdul-Razzak and Ghan
bin sedimentation is simulated by dividing the gamma distri- parameterization, the size spectrum for each aerosol category
bution into discrete bins and then building lookup tables tois divided into 30 bins.
calculate how much mass and number in a given grid cell Lohmann and Diehl's (2006) parameterizations, taking
falls into each cell beneath a given level in a given time step.into account the dependence of ice nuclei (IN) activation on
Thus, this study does not rely on a mass-weighted fall speedlust and black carbon (BC) aerosol mass concentration, are
for sedimentation. 36 bins are used for the collection andused for contact, immersion, and condensation-freezing acti-
the sedimentation. This is because Feingold et al. (1999) revation of IN. For contact activation:

ported that the closest agreement between a full bin-resolving 2
microphysics model in a large eddy simulation (LES) of ma- ~—CNT (m=3571) = o DAt remNa,cnt ool )
rine stratocumulus cloud and a bulk microphysics representa- ¢! qe

tion was obtained when the coIIectlo_n and the s_edlmen_tatlorQNheredA;cm is the rate of the production of ice-crystal num-
were simulated by emulating a full-bin model with 36 bins. !

i i T 121q) i
Cloud droplets are divided into small and large cloud bgr concentration via contact fregzmg.,o (107 kzg])lsl the
riginal mass of a newly formed ice crystd@lap(m-s™) is

droplets. Small and large cloud droplets range 2—40 um an ) o ;
" . L e Brownian aerosol diffusivitycm is volume-mean droplet
40-80 um in diameter, respectively. The 40-um division be-__~. 3 .
radiusN, cnt (M™°) is the number concentration of contact

tween the two droplet modes is natural because it is well . . . . .

known that collection rates for droplets smaller than this sizen!JCIeI andr. is the number mixing ratio of dropletdap is

are very small, whereas droplets greater than this size particglven by

ipate in vigorous collision and coalescence. The large-cloud- kTC,

droplet mode is allowed to interact with all other species (i.e.,” 2P~ 67 N

the small-cloud-droplet mode, rain, pristine ice, snow, aggre- ) .

gates, hail, and graupel). The large-cloud-droplet mode play¥/n€rek is the Boltzmann cor;stanlr is the temperature,

a significant role in the collision-coalescence process by re 1S the \éISCOSIty gf_a"{”:lol_ (11.718_+0.00491 —To) —

quiring droplets to grow at a slower rate as they pass fromt-2x 10> (T —=To)%) in kgm™=s™7}, 1,y is the aerosol mode

the small-cloud-droplet mode to rain, rather than being trans2dus, anCC IS tThe Cunningham correction factof{ =

ferred directly from the small-cloud-droplet mode to rain.  +11-26G-)(5)(7)]. The aerosol mode radius is taken to
All the cloud species here have their own terminal veloc-P€ 0-2 umfor dust and 0.1 um for BEis the mean free path

ity. The terminal velocity of each species is expressed in€ngth of air £=0.066 um at the surfacepo andTp refer to

power law relations (See Eq. (7) in Walko et al., 1995) basedhe standard pressure of _101 325 Pa and freezing temperature
on the fall-speed formulations in Rogers and Yau (1989). ASf 273.16 K. Ny cnt is obtained from the number concentra-
Lagrangian scheme is used to transport the mixing ratio andion of aerosol particles consisting of BC and dust, multiplied

number concentration of each species from any given griopyatemperature depende.nce for the ind_ividu_al species. This
cell to a lower height in the vertical column, following Walko (€mperature dependence is based on Fig. 1 in Lohmann and
et al. (1995). Diehl (2006). Here, for dust, the temperature dependence of

The rate of vapor diffusion on hydrometeors is explic- _montm(_)rillonite is adoptec! (Lohma_nn and_DighI, 2006). For
itly represented based on the predicted supersaturation (sd@mersion and condensation-freezing activation:
Sect. 2 and Lee et al., 2009b for more details). This is differ-
ent from a saturation adjustment where vapor diffusion is di-
agnosed based on environmental conditions such as temper-
ature and water vapor. Lee et al. (2009b) and Lee and Pen-
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M(m—3 shH=n, immexp(To_T)d_Tp“qC (3) freeze homogeneously is based on the theory proposed by
dt ’ dt pw Koop et al. (2000).
Homogenous droplet freezing is performed by instanta-
neous conversion of supercooled cloud droplets to cloud
ice at temperatures colder than36°C. Virtually almost

Where‘”\;% is the rate of the production of ice-crystal num-

ber concentration via immersion and condensation freezing
. X 3\ _
st o oo amogeneous freezng of cod i ocurs n a -
as the number concentration of BC and dust aerosols, multir layer between about35°C and —37°C that is about
lied by the temperature dependence for immersion ar’1d congoom deep (Heymsfield et al., 2005). The larger droplets
P y P ‘eper . in the droplet size distribution freeze first and their vapor
densation freezing from Fig. 1 in Lohmann and Diehl (2006). :
. rowth can cause total evaporation of the smaller super-

As for contact freezing, the temperature dependence of mont '

I o . cooled droplets. Heymsfield et al. (2005) found that the frac-
morillonite is adopted for dust. For deposition nucleation,

o . ) tion of small droplets disappearing as a result of evapora-
the parameterlzatpn of MIgr etal. (2006_)’ calculating the tion is higher at lower vertical velocities. Typical vertical
fraction of dust activated, is implemented:

resolutions of CSRMs cannot resolve the decline of super-
dNpep, _3 _1 saturation with increasing altitude within this layer, which is
ar (M™7877) = Na dep(€XPa(S; — So)] —1) (4)  caused by the vapor growth of newly frozen droplets. They
cannot resolve the precise temperature at which exact wa-
where"Nd—eEP is the rate of the production of ice-crystal num- ter saturation is reached, which determines the fraction of
ber concentration via depositional freezing,and So are  droplets to be evaporated. Hence, a parameterization of the
non-dimensional empirical constants determined from chamevaporation of small droplets during homogeneous freezing
ber experiments, which are dependent on aerosol propertiess needed, irrespective of the time-step. In the present study,
Herea and Sp are set to 4.77 and 1.07, respectively, basedthe fraction by number of cloud droplets that are frozen ho-
on experiments for desert dusl, gep iS the number con-  mogeneously just above the36°C level is parameterized
centration of deposition nuclei (n) calculated from the  with a 3-D look-up table as a function of the vertical veloc-
predicted total dust mass concentration. Equation (4) is apity, the predicted supersaturation at the level just below the
plied at temperatures colder thard0°C and restricted to homogeneous freezing, and the produckofand < D, >.
So < S; < 1.634+6.52x 1073 x (T — Tp), corresponding to  Here,n, andD, are the number mixing ratio and diameter of
the measured saturation region of Field et al. (2006) whereadroplets, respectively, and>" denotes a number weighted
pure deposition nucleation occurs. The parameterization iqverage over the particle size distribution. Data for the freez-
limited to activating a maximum of 5% of the dust, follow- ing fraction are obtained from a spectral microphysics parcel
ing the measurements of Field et al. (2006). As indicated bymodel, which is a simplified version of the model of Phillips
the experiments of Field et al. (2006), Eq. (4) is only valid et al. (2005). This procedure is identical to that elucidated by
at temperatures below40°C. At temperatures warmer than Phillips et al. (2007).
—40°C, the parameterizations of Meyer et al. (1992) and De- The parameterizations developed by Chou and Suarez
Mott et al. (2003), multiplied by a scaling factor to consider (1999) for shortwave radiation and by Chou et al. (1999),
the dependence of IN activation on dust mass concentratiorand Kratz et al. (1998) for longwave radiation have been im-
are used. Those parameterizations are applied to grid pointslemented in the GCE model. The solar radiation scheme
with no cloud liquid to ensure only deposition nucleation is includes absorption due to water vapor, £@s, and Q.
calculated. It is limited to activating a maximum of 0.5% of Interactions among the gaseous absorption and scattering
the dust, since Field et al. (2006) found deposition nucleatiorby clouds, molecules, and the surface are fully taken into
did not activate more than 0.5% of the dust at temperaturesiccount. Reflection and transmission of a cloud layer are
warmer than-40°C. Details of those parameterizations can computed using thé-Eddington approximation. Fluxes for
be found in Appendix A. a composite of layers are then computed using the two-
Secondary production of ice occurs by the Hallet-Mossopstream adding approximation. In computing thermal infrared
process of rime splintering (Hallet and Mossop, 1974) andfluxes, the k-distribution method with temperature and pres-
involves 350 ice splinters emitted for every milligram of sure scaling is used to compute the transmission function.

rimed liquid at—5.5°C. The number of splinters per mil- To account for the variability of crystal type under dif-
ligram of rime liquid is linearly interpolated to zero between ferent environmental conditions, the capacitance and mass-
—3and—-8°C. dimensional relations of pristine ice crystals and snow are al-

Homogeneous aerosol (haze particles) freezing is assumddwed to vary. Since the model does not keep track of the his-
to occur instantaneously when a size- and temperaturetory of all crystals, a simple diagnostic check of the ambient
dependent critical supersaturation with respect to ice for theemperature and saturation conditions at each grid location
freezing is exceeded. It is represented by considering thés performed during each time-step to determine the crystal
predicted size distribution of unactivated aerosols. A look-habit; see Table 1 in Meyers et al. (1997) for the habit diag-
up table for the critical supersaturation ratio at which CCN nosis adopted here. The habit diagnosis impacts the model in
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Fig. 3. Size distribution of aerosols acting at the surfadé.and
several ways. The capacitance is dependent on crystal typ®, denote the number concentration and diameter of dry aerosols,
(Harrington et al., 1995) and may change the growth char’espectively.
acteristics of the crystals. Different types of crystals fall at
different speeds which is determined by the power law rela-

tion mass mixing ratio is everywhere set equal to the background

value. The aerosol number concentration in each bin of the
v = ay D (5) size spectrum is determined based on the predicted aerosol
mass, aerosol particle density, and an assumed log-normal
where D is the crystal maximum dimension angt andbyt  size distribution. Aerosols depleted by the activation (nu-
are constants for a given crystal habit (see Walko et al., 199%leation scavenging) both at and above the cloud base are
for details of these constants). subtracted from the aerosol mass within clouds.
The background aerosol profiles for these simulations are
) , extracted from a version of the GFDL AM2 (2004) nudged
4 Integration design by NCEP re-analysis with aerosol chemistry. The details of
procedure for nudging NCEP reanalysis are similar to Timm-
reck and Schulz (2004). Aerosol chemistry is adopted from
: : hin et al. (2002) and Koch et al. (1998). Chemical reac-
Aerosol effects on deep convective clouds are examined b ions include DMS oxidation by OH during the day and by

performing a one-day three-dimensional simulation of an ob- : : .

served MCE with a time step of 10 seconds. The MCE!\103 during the night to form .SQ and SQ oxidation by OH
was observed during the Atmospheric Radiation Measure " the gas phase qnd by28; in the_aqueous phase to form
ment (ARM) sub-case A (13:30 UTC 29 June—13:30 UTC sulfate. The predicted mass profiles, averaged over a one-

30 June 1997) campaign at (36284, 97.49 W). This case ‘iggfe;'ﬁd' are Oblta'”f.f' at (](35?6% 97'42 W) on 2|9 J;‘”e _
is referred to as DEEP, henceforth. . € vertical protiles of backgrouna aerosols snown in

It is assumed that there are five chemical components o’f: ;grbioa}rﬁjﬁ?ﬁlggég lt:r;eus;lem; Isar?(?vr\:,s :ﬁfgaegktorgjggzggzgﬂ
aerosols: dust, sulfate, organics, BC, and sea salt. Aerosofd -9 9

bearing sulfate or organics are assumed to act only as ccNZe distribution adopted for aerosol diameters between 0.01

and to be internally mixed. Aerosols composed of eitheranghle“r?;rfat;?faflég?ncae_h enath is set to 168 km in both the
dust or BC are assumed to act only as IN and to be ex- 1z | gthi i

ternally mixed. The aerosol mass mixing ratio is advecte deast-west and north-south directions to capture the mesoscale

and diffused within clouds and is reset to the backgroundStrUCture of the storm while the vertical domain length is set
: to 20 km to cover the troposphere and the lower stratosphere.
value outside of clouds. The background aerosols are a:

sumed to not vary spatiotemporally. However, results her;fhe horizontal grid length is 200 m while the vertical grid
' X ength 100 m.

hold when the background aerosols vary spatiotemporally
due to the cloud processing of aerosols. Initially the aerosol

4.1 Deep convective clouds
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Table 1. Summary of simulations.

6825

Case Simulation Location Period Surface aeroséfleteorology Domain size Ice physics Grid spacing
number (km3) (m)
(cm3)
High-aerosol (36.6 N, 13:30 UTC ~ 4000 Observed dur- 168x168x20 Included Ax, Ay=200,
run 97.49 W) 29 June-13:30 ing the ARM andAz=100
UTC 30 June sub-case A
1997 campaign
High-aerosol-  Same as in the Same as in the Same as in the Same as in the Same as in the Notincluded Same as in the
no-ice run high-aerosol high-aerosol high-aerosol high-aerosol high-aerosol high-aerosol
DEEP run in DEEP run in DEEP run in DEEP run in DEEP run in DEEP run in DEEP
Low-aerosol Same as in the Same as in the ~400 Same as in the Same as in the Included Same as in the
run high-aerosol high-aerosol high-aerosol high-aerosol high-aerosol
run in DEEP run in DEEP run in DEEP run in DEEP run in DEEP
Low-aerosol- Same as in the Same as in the Same as in the Same as in the Same as in the Notincluded Same as in the
no-ice run high-aerosol high-aerosol low-aerosol run high-aerosol high-aerosol high-aerosol
run in DEEP run in DEEP in DEEP run in DEEP run in DEEP run in DEEP
High-aerosol Same as in Same asin Same as in the Same as in Sameasin Included Same asin
run DEEP DEEP high-aerosol DEEP but with DEEP DEEP
run in DEEP lower humidity
at the lowest
level
High-aerosol-  Same as in Same asin Same as in the Same as in the Same asin Not included Same as in
MID no-ice run DEEP DEEP high—aerosol high—aerosol DEEP DEEP
run in DEEP runin M ID
Low-aerosol Same as in Same as in Same as in the Same as in the Same asin Included Same as in
run DEEP DEEP low-aerosol run high-aerosol DEEP DEEP
in DEEP run in MID
Low-aerosol- Same as in Same as in Same as in the Same as in the Same asin Not included Same as in
no-ice run DEEP DEEP low-aerosol run high-aerosol DEEP DEEP
in DEEP run in MID
High-aerosol Same as in Same as in Same as in the Same as in 26x26x20 Included but Ax, Ay=50,
run DEEP DEEP high-aerosol DEEP but with not activated andAz=40
run in DEEP strong positive below 2 km
large-scale
temperature
forcing around
SHALLOW the  freezing
level
Low-aerosol Same as in Same as in Same as in the Same as in the Same as in the Included but Same as in the
run DEEP DEEP low-aerosol run high-aerosol high-aerosol not activated high-aerosol
in DEEP run in SHAL- run in SHAL- run in SHAL-
LOW LOW LOW

Maximum CAPE is~2500Jkg! and maximum wind

To examine the aerosol effect, the high-aerosol run is re-

shear is~0.0075 s in the high-aerosol run in DEEP. CAPE peated but with the aerosol number reduced by a factor of
is the integral of parcel buoyancy from the surface to the do-10. This simulation is referred to as the low-aerosol run in
main top. Wind shear is the change of wind speed from oneDEEP. These reduced aerosols represent maritime aerosols.
grid to the grid immediately above it, averaged over the low- Also, the high- and low-aerosol runs are repeated with no
est 6 km, unless otherwise stated; Wilhelmson and Klempce physics in the same manner as in Lee et al. (2008a, b).
(1978) showed that low-level shear below 6 km was moreThese simulations are referred to as the high-aerosol-no-ice
important to the development of modeled convection thanrun and the low-aerosol-no-ice run. The comparison between
upper-level shear. These CAPE and shear conditions suppottie pair of high-aerosol runs and low-aerosol runs with and
the development of deep cumulonimbus-type clouds (withwithout ice physics is used to identify the effects of aerosols
anvil cirrus) (Bluestein, 1993). on freezing and any resulting invigoration of convection. The
summary of simulations is shown in Table 1. The other sim-
ulations in Table 1 are described in the following sections.
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4.2 ldealized shallow convective clouds Temperature Forcing

Additional simulations (a pair of the high-aerosol and the

low-aerosol runs and a pair of the high-aerosol-no-ice and the DEEP and MID
low-aerosol-no-ice runs) for idealized convective clouds with
lower cloud-top heights and thus shallower cloud depth than
those in DEEP are carried out. This case of convective clouds 1€
is referred to as MID, henceforth. To better isolate the de-
pendence of aerosol effects on the type of convective clouds
(characterized by cloud-top height), differences in the envi-
ronmental and aerosol conditions between DEEP and MID
need to be minimized. For this, lower humidity forcing at the
lowest level is imposed to generate the lower CAPE in MID
as compared to DEEP, following Lee et al. (2008b), while
the aerosol and other environmental conditions are identical
to those in DEEP. The time- and area-averaged surface hu- 4 -2 O 2 a
midity forcing is~7.8 g kg 1 day ! in DEEP, while the aver- K day 1

aged forcing isv—1.4 gkg L day~1 in MID. The initial area-

averaged surface water-vapor mixing ratio~i¢5.3 gkg?

for both DEEP and MID. CAPE plays an important role in b SHALLOW

the determination of the types of convective clouds. This is
because CAPE basically determines the intensity of updrafts
(and thus of the convection). High (low) CAPE generally
leads to high (low) updrafts, increasing (reducing) vertical
transport of hydrometeors and, thus, cloud-top height. This
relation between CAPE and cloud-top height was simulated
in Lee et al. (2008b, 2009a).

Height (km)

—
m
]

N
1

Height (km)
™

4.3 |dealized stratiform clouds

IN

Differences in the effect of aerosols on clouds between con-
vective clouds and warm stratiform clouds were examined by —r—r— v
repeating the high-aerosol and the low-aerosol runs for ide- -1 1T 3 5
alized conditions which lead to the formation of warm strat- K day
iform clouds. To generate the idealized stratiform clouds,
identical meteorological and aerosol conditions to those inFig. 4. Time- and domain-averaged vertical distribution of potential
DEEP were applied except for the temperature forcing: atemperature large-scale forcing (K day for (2) DEEP and MID
strong positive large-scale temperature forcing was applied@nd for(b) SHALLOW.
around the freezing-level favoring the formation of an inver-
sion layer and thus the formation of shallow warm stratiform
clouds. This case of idealized stratiform clouds is referred
to as SHALLOW, henceforth. As shown in Fig. 4a and b, over the lowest 1 km; hereT,/) is the horizontal wind vector)
depicting the vertical distribution of the area-averaged tem-see Table 2). The reduction of heat within the system by the
perature forcing, negative temperature forcing is generallyevaporation of cloud liquid due to the increase in aerosol con-
imposed in DEEP and MID above around 4 km, whereas poseentrations is~40 times larger than that released by cloud-
itive forcing is imposed with its peak around 4 km in SHAL- liquid freezing as shown in Table 2 and Fig. 5. Figure 5 de-
LOW. picts the time- and domain-averaged vertical distribution of
the rate of latent-heat changes due to evaporation and freez-
ing for simulations in DEEP. This indicates that the effect of

7 9 11
-1

absolute value of low-level convergen#&(o v ‘) averaged

5 Results increased aerosols on evaporation plays a much more impor-
tant role in the aerosol-induced latent-heat redistribution than
5.1 Deep convective clouds that of freezing.

The high-aerosol-no-ice run still shows larger precipita-
Precipitation decreases in the low-aerosol run (Table 3) dugion and the increase in precipitation in this run is similar to
to the reduced freezing and gustiness (as measured by thbat in the high-aerosol run (Table 2). This indicates that the
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Table 2. Terms of the latent heat absorption and release and terms characterizing the cloud type and gustiness.

Case Simulation Domain-  Domain- Domain- Domain- Average Cumulative Averaged
averaged averaged averaged averaged cloud-top number of low-level
cumula- cumulative  cumulative  cumula- height at convective conver-
tive heat latent heat latentheat tive heat the time of cores at the gence
reduction release release reduction maximum last time over
from from con- from freez- from area- step the low-
evaporation densation ing at the melting averaged est 1km
of cloud at the last lasttime at the last precip- (104s1
liquid atthe time step step (16 J time step itation
last time (1068 J m=2) (108 J (km)
step (163 m2 m—2)

m—2)
High-aerosol 1.48 1.95 0.043 0.028 11.1 237615 2.6
run
High-aerosol-  1.53 2.00 - - 10.8 200312 2.3
no-ice run

DEEP Low-aerosol 0.79 1.16 0.024 0.021 10.9 188021 15

run

Low-aerosol- 0.83 1.20 - - 10.5 160506 14
no-ice run

High-aerosol 0.35 0.53 0.028 0.011 5.8 75100 11
run

High-aerosol-  0.36 0.56 - - 5.6 64211 0.8
no-ice run

MID Low-aerosol 0.19 0.35 0.007 0.005 5.0 61348 0.8

run

Low-aerosol- 0.23 0.38 - - 4.9 60125 0.7
no-ice run

High-aerosol 0.05 0.08 - - 1.3 - 0.3
run

SHALLOW | ow-aerosol 0.03 0.05 - - 11 - 0.2

run

effect of aerosols on evaporation and thus on gustiness adround 18:30 GMT, cloud liquid at high aerosol begins to be
counts for most of the variation in precipitation induced by more abundant, leading to larger evaporation of cloud liquid.
aerosol changes and that the effect of aerosols on freezinBelayed autoconversion in the high-aerosol-no-ice run due to
does not play a role as important as that on evaporation irhigher cloud droplet number concentration (CDNC) results
the precipitation variation. in more abundant cloud liquid at high aerosol. Condensa-
The role of the effect of aerosols on evaporation and gusti-tion is smaller at high aer_osol due_ to weaker updrafts prior
ness in the aerosol-induced changes in precipitation in thd® ~19:10 GMT. Evaporation of rain around 18:30 GMT at
high aerosol is lower than at low aerosol, because less rain is

experiments with no ice physics is examined. This examina duced b . hiah | iding |
tion enables us to isolate the effect of aerosols on gustinesgrp uced by autoconversion at high aerosol, providing less
rain to unsaturated areas.

with the exclusion of the effect of aerosols on ice physics ) . . )
through freezing. Condensation, updrafts and evaporation of rain which con-

_ . . . tribute to the development of near-surface convergence are
The role of evaporation in gustiness is investigated by 0b-ggg ctive at high aerosol prior to 18:50 GMT when the con-

taining differences in variables associated with the intensityvergence becomes more intense at high aerosol. Conden-
of the convergence between the high-aerosol-no-ice run and.:ion and updraft become more active afte9:00 GMT

the low-aerosol-no-ice run. Figure 6 shows the time series,g 5 result of more intense convergence at high aerosol.
of the difference (high aerosol — low aerosol) in domain- \;qre evaporation of cloud liquid induces stronger low-level
averaged evaporation rate of cloud liquid and rain, condeny,ndrafts (averaged over the lowest 1 km) at high aerosol
sation rate, and mass concentration of cloud liquid, updraft, . at low aerosol around 18:30 GMT. Figure 7a and
mass flux, the lowest-1 km downdraft mass flux WGV ‘ 7b at 18:35 GMT (5min after the development of stronger
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Table 3. Time- and area-averaged precipitation, liquid-water path (LWP) and top-of-the-atmosphere (TOA) shortwave cloud forcing (SCF)
and longwave cloud forcing (LCF).

Precipitation LWP SCF LCF
(mm) (@m=2) (Wm=2) (Wm=2)
Case Observed 33.2 55.2 - -
Simulation
High-aerosol 34.2 52.8 —36.8 16.5
run
High-aerosol-  31.5 56.3 -37.5 16.9
no-ice run
DEEP Low-aerosol 29.9 18.2 -13.2 9.9
run
Low-aerosol- 28.1 20.2 —-13.9 11.3
no-ice run
High-aerosol 6.5 40.9 -30.2 12.0
run
High-aerosol- 4.2 41.2 —-315 12.3
MID no-ice run
Low-aerosol 5.3 18.5 -11.2 8.4
run
Low-aerosol- 5.0 21.9 -11.8 8.9
no-ice run
High-aerosol 0.08 20.2 —-32.2 25
run
SHALLOW Low-aerosol 0.5 15.3 -10.3 1.8
run

downdrafts at high aerosol) show that downdrafts are verJune (Fig. 6). Then, a positive feedback between updrafts
tically collocated with the surface divergence fields. This and condensation is established which further increases con-
indicates that the downdrafts spread out on the surface andensation and updrafts, resulting in more cumulative precip-
thereby generate these divergence fields after reaching thigation in the high-aerosol-no-ice run (see Lee et al., 2008a,
surface. The downdrafts spread out to collide with the am-b and Khain et al., 2008 for the positive relation between
bient warm air and generate the convergence fields (i.e., théhe variation of condensation and that of precipitation). This
gust fronts). More and stronger downdrafts generate morelemonstrates that the aerosol-induced changes in the heat
and stronger convergence fields in the high-aerosol-no-iceeduction associated with the evaporation of cloud liquid,
run than in the low-aerosol-no-ice run at 18:50 GMT (Fig. 6). leading to the increases in gustiness and subsequent updrafts
This time sequence, in which increased cloud liquid andand the latent-heat distribution associated with condensation,
evaporation at high aerosol lead the development of, first, inis alone able to enhance the precipitation with increasing
creased downdraft mass fluxes and convergence, and, finallgerosols with no effect of aerosols on ice physics.

increased updraft mass fluxes and condensation, establishes-l-he cumulative number of grid points corresponding to the

causality. regions in convective cores i825% larger at high aerosol

Figure 8 at 19:15 GMT, which is 25 (5) min after the de- than at low aerosol (Table 2). The core regions are identified
velopment of more intense low-level convergence (updrafts)fouow'”g Lee et aI.. (2008a). This indicates that the effect_
at high aerosol as seen in Fig. 6, shows that updrafts are veplf qerosols on_gugtlness leads to more su_bsequent conve'ctlve
tically collocated with the surface convergence lines. This"€9ions (contributing to more condensation) by generating

indicates that the ambient air which is pushed upward mordn©re as well as stronger low-level convergence lines.

around the more intense gust front becomes the source of It should be pointed out that there are substantial increases
stronger updrafts at high aerosol. The more and stronger comot only in cloud liquid (Table 3) but also in cloud ice in the
vergence induces more and stronger updrafts at 19:10 GMThigh-aerosol run mainly due to the aerosol-induced increased
and thus more condensation at 19:15GMT in the high-intensity of convection; the time- and domain-averaged ice
aerosol-no-ice run than in the low-aerosol-no-ice run on 29water path (IWP) is 24.6 and 7.1 gthfor the high-aerosol
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DEEP Differences (High~Low) in Domain—Averaged Budget
a .
Evaporation rate . 18:50229
N High-aerosol run 71— A Evaporation rate of cloud liquid (10?g m™*h™") |
\ g {— AEvaporation rate of rain x10%g m> " /
s \ — ~ Low-aerosol run - ACondensation rate (x10'g m k") -
_ s
— | — ACloud liquid <107 gm™) - A
E A1\ 41— ADowndraft mass flux (x10° g cm 2 s™") [
= \ 31 VA”Updrﬁﬂ mass flux” 107 gem” 5) | \
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Q._) 37 - ~ - T 21 f
T - N I
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134 —— High-aerosol run

124 Fig. 6. Time series of difference (High — Low) in domain-averaged

— — Low-aerosol run

11 evaporation rate of cloud liquid and raik{02gm—3h~1),
— 107 condensation ratex(10~tgm=3h~1), cloud liquid mass con-
E 91 centration &10~4gm3), updraft, downdraft mass fluxes
E j (x103gcen2s~1), and ‘ VeV ’ (x7.5x10~°s~1) from the be-
.% s \\\ ginning of time integration to 19:30 GMT 29 June. Downdraft mass
T 5. IR T S e oS flux and ‘ VeV ‘ are averaged over the lowest 1 km.

a4 ==
3_

2 When cloud ice above the level of homogeneous freez-

" . . . . ing (~9 km) is excluded only for the calculation of radiation
° 001 oz 0 004 005 with all the other variables unchanged in the same manner
Jm’s: as in Lee et al. (2009a), the offset of the increased negative

SCF by increased LCF with increasing aerosols is reduced to
Fig. 5. Time- and domain-averaged vertical distribution of the rate 1794 at the top of the atmosphere, indicating that the effects
of latent-heat changes due (@) evaporation angb) freezing for  of aerosol increases on the mass of anvil cirrus clouds play
DEEP. nearly as important a role as those on the mixed-phase and
liquid clouds below the level of homogeneous freezing for
run and the low-aerosol run, respectively. This leads to ahe large offset in deep convective clouds simulated here.
substantial offset in the aerosol-induced variation of negative
shortwave cloud forcing (SCF) by that of positive longwave 5.2 Idealized shallow convective clouds
cloud forcing (LCF) at the top of the atmosphere. This is due
to the substantial increase in absorption of longwave radiain MID, a maximum CAPE value 0f800Jkg? is sim-
tion from the surface at high aerosol. The SCF and LCF areulated, which supports the formation of low-level cumulus
calculated as clear-sky flux minus all-sky flux. The clear-sky clouds (Bluestein, 1993) as simulated here (see Table 2 for
fluxes are diagnosed by setting the mixing ratios of all thethe cloud-top height). Clouds here do not reach the level of
hydrometeors to zero with all the other variables unchangediomogeneous freezing and hence do not involve anvil cirrus
at every time step for the high- and low-aerosol runs, respecelouds.
tively. As much as 28% of the increase in the negative SCF The differences in the intensity of gustiness and the num-
due to aerosol increases is offset by that of the LCF at the tofber of convective cores between the high-aerosol run and the
of the atmosphere. low-aerosol run are smaller in MID than in DEEP (Table 2).
This is due to the weakened convective flow, leading to a
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Downdrafts (contours) and convergence field (shaded) (18:35 GMT on 29 June) Undrafts (contours) and convergence field (shaded) (19:15 GMT on 29 June)
a High—aerosol-no—ice run a High—aerosol—no—ice tun
Domain—averaged downdraft: 8.12 cms!

Domain—averaged updraft: 7.85 cms™! \V-V\ =7.5x104s" Domain—averaged updraft: 17.18cms!
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Fig. 8. (a) and (b) are the superimposition of convergence field
Fig. 7. (a)and(b) are the superimposition of the convergence field (s-1) at the surface (represented by shading) and the averaged up-
(s1) at the surface (represented by shading) and the vertically avgrafts over the lowest 4 km (represented by contours for 50, 100,
eraged downdrafts over the lowest 3km (represented by contourgnd 200 (cmsl)) at 19:15 GMT on 29 June for the high-aerosol-
for 10, 30, and 50 (cnsh)) for the high-aerosol-no-ice run and noice run and the low-aerosol-no-ice run in DEEP, respectively.

the Iow-aerospl-no-lce run at 18:35GMT on 29 June. For ref- . reference, domain-averagkde V | over the lowest 1km and
erence, domain-averaged downdrafts and updrafts over the lowest

3km and 4 km (where most of condensation occurs), respectivelyﬂ:’dra%)S _OVﬁr t:e_loweslt 4k(;n are shown just above (a) and (b).
at 18:35 GMT on 29 June are shown just above (a) and (b). ere, V' is the horizontal wind vector.

o L aerosol (Table 3) than at high aerosol. Thus, aerosol effects
reduction in the transport of the cloud liquid to unsaturatedon ice physics are more important in convective clouds with

areas, and a decreasing cloud-top height, leading to a redugs,, o, cloud-top heights and cloud depth (leading to weak-
tion in the path to the surface which downdrafts follow. This o4 aerosol effects on gustiness).

decreases differences in evaporation and in the downdrafts o smaller differences in evaporative cooling, conver-

_betvveen the hl_gh—gerosol_run and the low-aerosol run, Ieadgence, and updrafts between the high- and low-aerosol runs
ing to a reduction in the differences in the low-level conver- lead to smaller increases in cloud mass in MID than in DEEP

gence. This leads to the reduction in the differences in theat high aerosol. This, in turn, leads to an offset of only 19%
number of subsequent convective cores and in the intensity o(f)f the increased negative SCF by increased LCF in MID

the subsequent updrafts betwegn the high-aerosol run a_md tr\‘ﬁnereas DEEP had an offset of as much as 28% at the top
low-aerosol run (Table 2 and Fig. 9). Due to reduced differ- ¢ yho atimosphere with increased aerosols. As the cloud-

ences in the number of convective cores which contributes t%p height lowers, the offset by LCF (the so-called infrared
reduced differences in updrafts with lowered CAPE, the in'warming effects) (’:iue to aerosols decreases.

crease in condensation in the high-aerosol run is not as large
as in DEEP (Table 2). This leads to smaller increases in preg 3 |dealized stratiform clouds
cipitation in the high-aerosol run than thatin DEEP (Table 3).

In MID, ice physics is necessary to induce the The inversion layer caused by the imposed positive tempera-
precipitation-increase mechanism at high aerosol, since simture forcing leads to a maximum CAPE of on800 Jkg L.
ulations with no ice physics showed more precipitation at lowThe horizontal domain length is set to 26 km in both the
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Updraft Mass flux crophysical cause) alone cannot increase precipitation in a
polluted case. A large cloud-depth for active interactions be-
\ tween microphysics and dynamics (i.e., downdarfts and gust
! None DEEP front) is necessary for a sufficient increase in condensation
' X MID which can lead to an increased precipitation with increased
O SHALLOW aerosols.
\ The substantially reduced increases in condensation in
\ SHALLOW lead to a cloud-liquid increase 8f50% in the
\ high-aerosol run, an-6 (~4) times smaller percentage in-
\ < High aerosol crease than that shown in DEEP (MID). This in turn leads
; ——— Low aerosol to a much smaller offset of the increased negative SCF by
\ increased LCF in SHALLOW than that in DEEP and MID.
Only ~3% of increased negative SCF is offset by increased
LCF in SHALLOW.

Height (km)
>

Lx— % e —X

/ 5.4 Size-distribution parameters

/ Double-moment microphysics used here assumes a gamma
size distribution for hydrometeors. Many observational stud-
ies indicate that cloud hydrometeors can be fit into the
T T T gamma size distribution reasonably well. Hence, the gamma
0 0.5 1 . 1;15 2 2.5 size distribution used here is expected to represent the hy-
10" kg s drometeor distribution adequately. Also, Seifert et al. (2006)
indicated that the exact shape of size distribution of hydrom-
Fig. 9 Vertical distribution of time-averaged updraft mass flux for ategrs was not of importance to the reasonable simulation of
the high- and low-aerosol runs. The high- and low-aerosol runs, e cinitation. To test this indication, we repeated simulations
for D.EE.P’ MID, f%”d SHALLOW include ice physics, though ice for each of the cases by varying the shape paramejéan(
physics is not activated in SHALLOW. Eqg. (1) from 1 to 10 (see Walko et al. (1995) for the gamma
distributions corresponding to the shape parameter from 1 to

. . .10). Forv=1, the gamma distribution reduces to the expo-
east-west and north-south directions and the vertical domai,eyia| or Marshall-Palmer distribution. From these simula-

length is 20 km. The horizontal grid length is set to 50 m and

X/T
-\
\
\
\
\

X e ‘ tions, we found that the qualitative nature of results here were
the vertical spacing is uniformly 40m below 2.0km and then o, o+ t the shape parameter. This confirms the indication

stretched to 240 m near the model top. by Seifert et al., 2006 and demonstrates that results here are
The detrainment of cloud liquid and associated evaporafajrly robust to the assumption of size distribution.
tion in SHALLOW are smaller than those in the other cases,
leading the smallest differences in evaporation between thg 5 Effect of evaporative cooling on precipitation
high-aerosol and the low-aerosol runs (Table 2). Also, evap-
oratively driven differences in downdrafts at their level of ini- |t js well-known that the convergence in a convective sys-
tial descent are not magnified in SHALLOW as much as theytem is mostly controlled by evaporative cooling and down-
are in DEEP and MID since they accelerate to the surfacejrafts (see Houze, 1993 for details) as demonstrated by this
over the shortest distances; the cloud-top heighti&m in  study. However, to confirm the critical role evaporative cool-
SHALLOW (Table 2). These smaller differences in down- ing plays in the convergence and the precipitation response to
drafts lead to substantially reduced differences in the low-aerosols in convective clouds, we carried out additional sim-
level convergence, and, thus, updrafts and condensation agations by reducing the evaporative cooling of droplets in
compared to those in convective clouds (Table 2 and Fig. 9)the high-aerosol case for DEEP and MID, respectively, fol-
Increases in condensation at high aerosol in SHALLOW dojowing the methodology similar to that of Li et al. (2009b).
not balance the decreased autoconversion at high aerosol ange multiplied the droplet evaporation in the high-aerosol
result in less precipitation. case by a reduction factor to make cumulative evaporation
Increases in condensation at high aerosol in this case ah the high-aerosol case to be identical to that in the low-
stratiform clouds are mostly due to a microphysical reasonaerosol case; the reduction factor is calculated based on the
identified in Lee et al. (2009c). Lee et al. (2009c) showeddifference in the cumulative evaporation between the high-
that just aerosol increases (per se) can increase condensatiaarosol and low-aerosol cases shown in Table 2. With a re-
by providing increased total surface area of droplets whereduction only in the droplet evaporation in the high-aerosol
water vapor deposit. However, this study shows that this (mi-case in DEEP, precipitation decreases in the high-aerosol
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case whether ice physics is included or not in these addiaerosol runs in DEEP are 4.3mm and, hence, the TF is
tional simulations. This demonstrates the critical role of as much as 124.7 W, which is quite large, considering
the increase in droplet evaporation in the intensification ofthat the change in the net radiative forcing (i.e., SCF+LCF)
low-level convergence and precipitation enhancement withbetween the high-aerosol run and the low-aerosol run is
increasing aerosols. In MID, due to reduced droplet evap—~15W m2. The TF does not change the Earth’s energy bud-
oration (leading to the reduced intensity of low-level con- get, but rather redistributes it internally, and hence can affect
vergence), precipitation decreases in the high-aerosol casemperature gradients and atmospheric circulation (Rosen-
in these additional simulations as compared to precipitatiorfeld et al., 2008). Thus, the large TF associated with changes
in the standard high-aerosol case whether ice physics is inin the evaporatively driven downdrafts in deep convective
cluded or not. However, the sign of precipitation responseclouds (due to the transition of aerosols from maritime lev-
to aerosols for each of cases with and without ice physics irels to continental levels) can modify the large-scale atmo-
MID does not change in these additional simulations as comspheric circulation driven by deep convective clouds. For
pared to that in the standard simulations. In these additionaéxample, deep convective clouds in the ITCZ are the primary
simulations with no ice for MID, less intensified low-level drivers for the Hadley circulation which plays a critical role
convergence in the high-aerosol case as compared to that in distributing heat from the tropics to the mid-latitudes. This
the standard high-aerosol case leads to more decreased prgudy indicates that aerosol increases can increase the insta-
cipitation in the high-aerosol case as compared to that in théility in the atmosphere by increasing the cooling associated
standard high-aerosol case. With ice for MID in these ad-with cloud-liquid evaporation. This increased instability is
ditional simulations, though the intensity of low-level con- realized as an increased intensity of downdrafts and gusti-
vergence decreases in the high-aerosol case (as comparedrtess, leading to the subsequent development of stronger up-
that in the standard high-aerosol case), the ice physics stillirafts and thus more condensation and precipitation in the
enables more precipitation in the high-aerosol case. deep convective clouds simulated here. Hence, the possi-
Also, as shown in Fig. 5, depicting the vertical distribu- ble modification of deep convective clouds in the ITCZ by
tion of the rate of latent-heat changes due to evaporatiorierosol-induced changes in the evaporation and thus the at-
and freezing, most of cloud-liquid evaporation and its differ- mospheric instability can affect global circulation patterns. It
ence between the high- and low-aerosol runs occur below thés critical to understand and quantify the role of the aerosol-
freezing level in DEEP; this also holds for the no-ice runs ininduced changes in the instability in deep convection in ad-
DEEP and all of the runs for MID. Hence, cloud-liquid evap- dition to their role in precipitation changes for a better pre-
oration above the freezing level does have minor impacts ordiction of climate changes.
the results here. It should be pointed out that the aerosol-induced increases
in condensation increase droplets as a source of homoge-
neous freezing, a process accounting for most of the mass of
6 Summary and conclusion anvil cirrus clouds. The increased cirrus mass plays an im-
portant role in the large offset of the increased negative SCF
Rosenfeld et al. (2008) discussed the thermodynamic forchy increased LCF, which is30% in deep convective clouds.
ing (TF) of clouds. Rosenfeld et al. (2008) defined the TF asThis indicates that aerosol increases can increase the mass of
the aerosol-induced change in the atmospheric energy buctirrus clouds detrained from deep convection. Cirrus clouds
get that is not radiative in nature. As seen here in the comyegularly cover 20-25% of the globe and as much as 70%
parison between experiments with ice physics and with noover the tropics and, thus, can act as one of major modula-
ice physics, a large portion of the TF in deep convectivetors of the global radiation budget (Liou, 1986, 2005). About
clouds is accounted for by the effect of aerosols on evapohalf of the large-scale cirrus clouds have their origins in the
ration and thus gustiness (which affects condensation) whileipper layers detrained from deep, precipitation cloud sys-
the effect of aerosols on freezing (and thus melting) accountsems (Houze, 1993). Hence, the aerosol-induced large offset
for only ~25% of the TF. This was shown by examining by LCF (the so-called infrared warming effect) in deep con-
the difference in precipitation between experiments with novective clouds can be critical for the correct assessment of
ice physics and those with ice physics. This indicates thataerosol indirect effects. General circulation model (GCM)
the aerosol-induced changes in the latent-heat distributiostudies of aerosol effects on clouds have mainly focused on
and updrafts are mainly controlled by interactions betweerlow-level stratiform clouds for the evaluation of changes in
changes in evaporation and gustiness. The role of the ineloud radiative forcing by aerosol increases. Generally, they
teractions between changes in freezing and dynamics play have not taken into account aerosol effects on deep convec-
comparatively minor role in the aerosol-induced changes intion or the links between these effects and detrained cirrus.
the latent-heat distribution and updrafts in deep convection. This neglect will contribute to large uncertainties associated
Each added millimeter of precipitation during 24 h can in- with the effects of ice clouds on radiation and aerosol indirect
duce a TF of 29Wm? (Rosenfeld et al., 2008). The pre- effects.
cipitation differences between the high-aerosol and the low-
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This study also showed that the infrared warming ef- The idealized modeling here shows that variations in
fect varied with cloud types as characterized by the CAPE-CAPE can produce a range of convective responses to
controlled cloud-top height. As the cloud-height lowers, the aerosols. However, variations of this nature do not preclude
offset of the aerosol-induced changes in the negative SCF bgther interactions or thermodynamic factors as controls on
the aerosol-induced changes in LCF decreases. This depethe response of convection to variations in aerosols. For ex-
dence of the relative magnitude of the variation in LCF to ample, Khain et al. (2007) found that increasing aerosol can
that in the negative SCF on cloud-top height indicates thateither decrease or increase surface precipitation, depending
changing environmental conditions due to climate changeon humidity. Also, a given value of CAPE is not unique with
may impact the global offset of the variation in negative respect to thermodynamic structure. For example, CAPE can
SCF by that in LCF. As an example, increases in temperbe increased by increasing near-surface humidity or by in-
ature at the Earth’s surface due to increases in greenhousgeasing the middle-tropospheric lapse rate. The former ap-
gases can increase the surface humidity, and, thereby, CAPproach has been used to generate the idealized CAPE varia-
the Clausius-Clapeyron equation indicates that the saturations in this paper. Varying the CAPE in this way may favor
tion water-vapor pressure increases exponentially with in-increased condensate production with a higher CAPE with
creasing temperature. As indicated in Weisman and Klemgncreasing aerosols and the subsequent interactions described
(1982) and Bluestein (1993) and as simulated in DEEP andere. However, additional sensitivity tests where CAPE var-
MID, CAPE plays an important role in the determination of ied with changing tropospehric lapse rate showed that results
cloud-top height; cloud-top height decreases with decreashere were fairly robust to whether changes in humidity or in
ing CAPE. Thus, it is expected that the offset of increasedlapse rate led to those in CAPE.
negative SCF by increased LCF will be larger with increas- Li et al. (2009b) pointed out that a bulk microphysics can
ing greenhouse gases based on the comparisons of radiati@verestimate rain evaporation. This led to a development of
among DEEP, MID, and SHALLOW where CAPE (and thus a non-optimal structure of a squall line which had abnor-
cloud-top height and the offset) increased. Hence, after inmal convective elements in the trailing stratiform clouds. Li
dustrialization, the environmental conditions changed in fa-et al. (2009b) used a single-moment microphysics coupled
vor of an increasing offset of increased negative SCF by in-with a saturation adjustment. However, this study used a
creased LCF due to aerosol increases. In other words, thdouble-moment microphysics coupled with a supersaturation
warmer and more humid surface conditions increase the serprediction. In addition, in this microphysics, the sedimenta-
sitivity of the offset to aerosol increases. The evaluation oftion of all hydrometeors, which is known to affect evapora-
this changing offset can be critical to the assessment of théion of precipitable hydrometeors significantly, is simulated
response of climate to both greenhouse gases and aerosols; emulating a full-bin model with 36 bins (see Sect. 3 for
considering the strong sensitivity of the offset to the cloud-details). This simulates the sedimentation with better con-
top height simulated here. fidence than previous treatments of sedimentation that use

As shown in this study, the role of aerosol effects on gusti-a mass-weighted fall speed, which is adopted in the single-
ness is more critical than the role of aerosol effects on freezmoment scheme in Li et al. (2009b). Using this sedimenta-
ing for the development of increased precipitation with in- tion method in addition to the use of supersaturation predic-
creases in aerosols in deep clouds but freezing becomes motien enables a better simulation of evaporation than a single-
important as clouds become shallower. Hence, the possiblemoment microphysics. Hence, this study is able to simulate
increases in CAPE with the increasing greenhouse gases aatwell-defined trailing region of stratiform clouds with no
in favor of the role of the aerosol effects on gustiness by in-convective cells.
creasing the intensity of convective motions and the depth of Studies show coarse resolution or 2-D domain can con-
clouds. Also, it should be pointed out that there are numer4ribute to unrealistically high updrafts, evaporation and pre-
ous numerical and observational studies (Khain et al., 2003¢ipitation (Phillips and Donner, 2007; Lee et al., 2009b;
2004, 2005, 2008; Lynn et al., 2005; Koren et al., 2005; Lin and Lee and Penner, 2010). In addition to the use of the
et al., 2006; Bell et al., 2008 and references therein) showsingle-moment microphysics coupled with the saturation ad-
ing that increases in aerosols induce increases in the viggustment, the use of rather coarse resolution and/or the use
and precipitation of convective clouds. According to the of 2-D domain may have contributed to the simulated larger
studies performed here, it seems that these changes canngpdrafts, evaporation and precipitation with the single bulk
be ascribed solely to the responses of freezing and meltingcheme than with the bin scheme in Li et al. (2009a, b)
to aerosol changes as suggested by Rosenfeld et al. (2008nd Khain et al. (2009) and Khain and Lynn (2009). The
since many of the cases described in these studies involvase of higher resolution (than Li et al. (2009a, b), Khain et
deep convective clouds. Aerosol effects on liquid water evap-al. (2009) and Khain and Lynn, 2009) and 3-D domain acts to
oration and thus gustiness need to be considered for a betminimize the possibility of occurrence of unrealistically high
ter understanding of aerosol-cloud interactions in convectiveupdrafts, evaporation and precipitation. Thus, this indicates
clouds. that this possibility (associated with resolution and domain

setup) is likely to be much lower in this study than that in
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Li et al. (2009a, b), Khain et al. (2009) and Khain and Lynn (efficiency of evaporation can be lowered when droplets are
(2009). detrained into environment), which can lead to a decreased
This study used aerosol profiles produced by the GFDLintensification of low-level convergence and a suppression
AM2, since the 1997 ARM campaign does not provide of the mesocale cloud ensemble with increasing aerosols.
aerosol data. However, as discussed in Lee et al. (2008a8ut, the drying effect of entrained air into clouds will be
b), aerosols only trigger feedbacks among downdrafts, guskower with high humidity (Khain et al., 2008). However,
front and condensation at the very beginning stage of simuwhen environmental humidity is low, the evaporation effi-
lations. These feedbacks are associated more with macraiency and thus the increase in evaporation with increasing
physical processes (e.g., gust front, updrafts and downaerosols (thus increase in the intensity of low-level conver-
drafts) than microphysical processes. Thus, microphysicajence and condensation) will be larger, which can lead to
details such as aerosol distributions do not have strong imthe intensification of subsequent cloud and thus of the MCE.
pact on these feedbacks and precipitation increase with inBut, dry humidity increases the drying effect of entrained
creasing aerosols. After the feedbacks are triggered, thosair into clouds and this can oppose the effect of evapora-
feedbacks themselves determine the response of precipitdion on the low-level convergence and condensation in terms
tion to aerosol changes and the direct impact of aerosol®f the intensification of the MCE. Hence, there is a com-
on feedbacks and precipitation is nearly absent. This indipetition between entrainment and the effect of evaporation
cates that detailed aerosol data are not needed to simulate tloe the low-level convergence and subsequent condensation
precipitation-increase mechanism. Just the reasonable simwith increasing aerosols) to determine the sign of the effect
lation of the aerosol-induced change in autoconversion (leadef aerosols on the intensity of cloud ensemble for a given
ing to changes in cloud-liquid amount as a source of evapohumidity condition. The investigation of this competition
ration) and evaporative cooling of droplets at the beginningbetween entrainment and interactions between evaporation
stage of simulation is needed for the simulation of the feed-and the low-level convergence and its variation with humid-
backs. Hence, although observed aerosol data are not useity merits future study. Also, with a weak wind-shear con-
the precipitation variation with aerosols is likely to be robust dition, we want to point out that the effect of evaporation
to what the original aerosol input is. To confirm this, we re- on subsequent clouds through the intensification of low-level
peated the high-aerosol run in MID and DEEP with different convergence can be weakened. Thus, a precipitation produc-
aerosols. These different aerosols are also from AM2 andion through the aerosol-induced intensification of low-level
correspond to the minimum and the maximum aerosol num-convergence can be smaller with a weak wind-shear condi-
ber for the period between 28 and 30 June 1997. We comtion than simulated here. This can lead to the different effect
pared these repeated high-aerosol runs with the maximunof aerosols on precipitation than simulated here.
and minimum aerosols (with different aerosol size distribu-
tions) to the low-aerosol run in each of MID and DEEP. From
this comparison, we found no changes in the qualitative na“
ture of results; the minimum aerosol number is larger than
the aerosol in the low-aerosol run and, thus, these repeaté%epos't'on nucleation at temperatures warmer than

simulations with the minimum and maximum aerosol num- —40°C

e 0 e 0w 2%kt trperatures bt and—40°C and betveen
nd—30°C, DeMott et al. (2003) and Meyers et al.’s (1992)

maximum by a factor of-6. Cs)arameterlzatlons, multiplied by a scaling factor, are used

Appendix A

Fan et al. (2009) showed a precipitation suppression a I, . .
: : : ) . or deposition nucleation, respectively. For temperatures be-
high aerosol in deep convection. They simulated an isolate | veen—30 and—40°C:

deep convective cloud, while this study simulated a MCE.

Hence, Fan et al. (2009) was not able to see the effect ofvy (m—3) = 100Qexp12.96(S; — 1.1)])%3 x w (A1)
aerosols on the subsequent development of secondary clouds

over large domain through aerosol effects on downdrafts and/€7€:Vin IS ice-Crystal number concentratia), the satura-

low-level convergence which is simulated in this study. This fion ratio with respect to ice and a scaling factor to take
study simulated invigorated convection (in terms of the av- into account the dependence of IN activation on dust mass.

DUzs i i i
eraged intensity of convection over the mesoscale domain}V’ S bu;.» Where Dlis is mass concentration of dust parti

with a strong wind-shear condition based on the shear classicles with diameter less than 2.5 um and s a reference
fication of Fan et al. (2009). dust mass concentration. DYis set at 0.11 ug e based
This study does not focus on the effect of environmen-on dust data from the Mount Werner project used to derive
tal conditions such as wind shear and relative humidity onEq. (A1) (DeMott et al., 2003). Hence, Eq. (Al) computes
aerosol-cloud interactions in deep convection. However, forNy based on variation of dust mass relative to dust mass
a MCE, when environmental humidity is high, an increaseobserved at the Mount Werner project. It was observed that
in evaporative cooling with increasing aerosols can decreaséN concentrations were almost linear with the concentrations
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of large aerosol particles (Berezinskiy et al., 1986; GeorgiiFeingold, G., Cotton, W., Kreidenweis, S., and Davis, J.: The im-
and Kleinjung, 1967), supporting the assumption tNa§ pact of giant cloud condensation nuclei on drizzle formation in
is proportional to DUs. For temperatures betweerb and stratocumulus: Implications for cloud radiative properties. J. At-
—30°C, the same scaling factor as used in Eq. (A1) is applied  Mos. Sci., 56, 4100-4117, 1999. _

to the parameterization of Meyers et al. (1992) as follows,Fi€/d: P- R., Mhler, O., Connolly, P., Kamer, M., Cotton, R.,

. . . . Heymsfield, A. J., Saathoff, H., and Schnaiter, M.: Some ice
since dust mass data are not available in Meyers et al. (1992): nucleation characteristics of Asian and Saharan desert dust, At-

mos. Chem. Phys., 6, 2991-3006, doi:10.5194/acp-6-2991-2006,
2006.
Forster, P., Ramaswamy, V., Artaxo, P., et al.: Changes in atmo-
spheric constituents and in radiative forcing, in: Climate change
2007: the physical science basis, Contribution of working group

Nin(m™3) = 63exi12.96(S; — 1) —0.639 x ¥ (A2)
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